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Abstract

Nonequilibrium solute transport results from both chemical and physical mechanisms. In saturated
porous media the physical causes are usually taken to be film diffusion and intra-particle diffusion.
Experimental data shows that nonequilibrium is affected by flow velocity, a dependence which
would not be inferred from the diffusion-based mechanisms listed. Dimensional analysis of a tracer
moving in a porous medium leads to various Damkdohler numbers which, in turn, suggest different
physical causes of nonequilibrium. It is concluded that both diffusion/dispersion and local variations
in the soil-water flow velocity lead to the velocity dependence observed in laboratory experiments.
Based on the dimensional analysis, it is also shown that small scale physical modelling of a full scale
prototype is feasible under certain conditions. For unsaturated flow, the situation is more compli-
cated in that additional mechanisms, funnelling and fingering, affecting the soil-water flow come
into play. These mechanisms are described in some detail, as is experimental data on their occur-
rence. Commonly, models of solute transport through the unsaturated zone rely on the assumption of
steady flow. Then, funnelling and fingering will act as additional physical mechanisms leading to
nonequilibrium solute transport.

Introduction

Contaminants can move through soils as either separate liquid or gaseous phases, or as components
within phases. There has been considerable research effort aimed at understanding, predicting and
ameliorating pollution due to all types of contamination, a common type being that due to NAPLs
(e.g., 1-5). Large volume NAPL losses to the subsurface zone have occurred in and around refineries,
and from underground storage tanks. Recovery of petroleum products by direct pumping is possible
for NAPLSs that are less dense than water. However, trapped residual will be left behind in the soil
profile. Because industrial processes have been around for a lot longer than environmental aware-
ness, it is common to find that waste chemicals have been dumped into the soil over many years in
industrial areas. Chlorinated hydrocarbons like trichloroethylene (TCE) and tetrachloroethylene
(PCE) have many industrial uses, €.g., as solvents. In unsaturated soils, these chemicals will volatil-
ise and sorb to organic material. Within an aquifer, they will sorb to organic matter, although the
amount of the latter will usually be low. Both TCE and PCE are relatively immiscible with water.
They do, however, have solubilities that lead to water degradation. Again, this residual material,
even in relatively small volumes, nevertheless acts as a long term source of pollution due to its low
aqueous solubility.

Clearly, separate liquid phase or gaseous phase contaminant transport does occur. However, in the
case of environmental pollution it is the movement of the water which is frequently of overriding
importance. This holds whether immiscible or slightly miscible phases are present, or if chemical
species dissolved in the aqueous phase are being transported. In natural porous media dissolved
chemical species encounter large solid phase surface areas. Thus, reactions with the solid phase
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(sorption), as well as other dissolved species, must be considered. The natural heterogeneity of
porous media renders both the type of reaction site and the spatial distributions of sites subject to
uncertainty. More generally, the natural variability of soil profiles leads to uncertainty in attempts to
predict chemical transport processes. It is usually not possible to model with much precision the het-
erogeneous physical and chemical characteristics of the soil nor, in most cases, is such detail of any
interest in practice. For example, it is often of more interest to estimate the rate at which a dissolved
chemical enters an aquifer from the unsaturated zone or passes a given plane within an aquifer. One
approach is to estimate the effective properties of the medium at the scale of interest.

How are these effective properties to be estimated reliably? Typically, soil samples are collected and
laboratory experiments are carried out. The experimental data are analysed using a mathematical
model in which the model parameters are determined by a combination of fittin g and independent
experiments. These parameters are then used in the same model or as part of some larger (e.g., catch-
ment) model to make predictions upon which management decisions are based. Are the laboratory-
based parameters appropriate in making predictions at the larger, prototype scale? Apart from the
question of scale changes, other differences could be considered. In particular, even though the same
soil has been used, the natural flow conditions are unlikely to be replicated. Aspects of these issues
will be discussed below in more detail.

The question of scale cannot be divorced from considerations of whether model simplifications are
appropriate. For example, long term contaminant leakage from a landfill through 10 metres of the
vadose zone to an aquifer is quite different from catchment wide nutrient loading of an aquifer as a
result of non-point source pollution, even though the landfill may lie within same catchment. The
consideration of scale is further complicated by the type of chemicals being transported. The landfll
may contain persistent-organics or heavy metals, while at the catchment scale nutrients like phos-
phates or nitrates are often of more concern. Predictions of solute movement at the local scale (<<
catchment scale) rely on knowledge of the local transport mechanisms, and below it is mainly this
scale that is considered.

The heterogeneity of natural soils imposes uncertainty in the water flow field and the types of reac-
tions dissolved solutes may undergo. The former is parameterised as the variability of the hydraulic
conducuvity, K (a complete notation list is included at the end of the paper), while parameterisation
of the latter depends on the type of reaction. Perhaps the most simple case is that of a single species,
ion exchange process characterised by a spatially variable retardation coefficient, R. These parame-
ters may be correlated with each other via, e.g., the clay content of the soil. In more complicated sol-
ute reaction scenarios, there are many more parameters involved. Although sophisticated models
coupling reaction and transport have been developed (e.g., 6-9), it is likely that such models will be
useful most often in research applications due to the numerous parameters that must be known prior
to simulation.

A more pragmatic modelling approach is followed here, that of nonequilibrium solute transport mod-
els. The most simple nonequilibrium transport model is that for a nonreactive tracer. In addition to
the usual dispersion and flow velocity parameters, there is an additional nonequilibrium rate parame-
ter. There is ample evidence that this single additional parameter produces a model that is sufficient
to describe most experimental data sets, at a variety of scales. However, we show that physical
explanations of this parameter are somewhat unsatisfactory, and do not permit laboratory-based
results to be transferred to larger scales.



Another type of uncertainty is due to uncertainty in boundary and initial conditions. Before any mod-
elling approach can be implemented, it is necessary to have detailed knowledge of the initial distri-
bution of, e.g., water pressure heads. Further, boundary condition uncertainty can lead to gross
under- or over-estimation of water and solute transport. For example, vadose zone flow and transport
is markedly affected under some circumstances by periodicity in the surface recharge and near-sur-
face hysteretic water flow (10-12).

For applications, it is neither practical or desirable to monitor the physical system and boundary con-
ditions to the extent necessary to predict in detail every transport process that is occurring. For this
reason, it is useful, again, to adopt a pragmatic, or phenomenological, approach to solute transport
modelling. As indicated, nonequilibrium models fall into this category. The approach taken is based
on the assumption that the flow of water is the dominant mechanism for transporting solutes, and that
local variability of the water flow is responsible for solute spreading. Discussion will focus on the
physical processes controlling the solute transport, on the presumption that physical heterogeneity
controlling the flow outweighs heterogeneity of the chemical reactions that may occur. In addition,
no detailed mathematical models will be developed. Rather, the nonequilibrium transport processes
are considered in the light of dimensionless variables inherent in the problem. Finally, we discuss
briefly possible causes of nonequilibrium in unsaturated zone transport.

Saturated Water Flow and Solute Transport

Chemical Nonequilibrium

For saturated soil the governing steady flow model is (e.g., 13)

V.(KV¢) =0, (1)

where the hydraulic conductivity, K, varies with position. Solving the flow equation, Eq. (1), with
appropriate boundary conditions gives the piezometric head, ¢, from which the local groundwater
flux, q, can be calculated from Darcy’s law. The flux vector is used in the governing solute transport
equation (e.g., 14)

ala(;:"” = V. (8DVc - qc) 2)

where ¢ is the solute concentration in the fluid phase, s is the solid phase concentration (in liquid
phase concentration units) and there are no sources or sinks of solute within the medium. In Eq. (2)
only a single solute species has been assumed. The quantity s + ¢ represents the total solute mass in
the solid and liquid portions of the porous medium, while the terms on the right hand side model the
diffusion/dispersion and advection of solute within the liquid phase. Multispecies models can be
written; but for consideration of the physical properties of nonequilibrium transport, a single species
is sufficient. Note that Egs. (1) and (2) are coupled through the density changes induced by the dis-
solved species. It is assumed here that the concentration is dilute and that the density coupling can be
1ignored. An additional equation for s is needed to solve Eq. (2). If the sorption to the solid phase is
instantaneous, then

s = f(c), (3)
where [ 1s a sorption isotherm, e.g., the Freundlich, Langmuir or S-curve isotherms (e.g., 7, 15). If
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Eq. (3) applies, then the soil and liquid phase solute concentrations are always in equilibrium. On the
other hand, if the sorption is time dependent, then Eq. (3) is replaced by a rate equation, e.g.,

ds
m = ﬂ[f(ﬂ} —'5], (4)

where a is the “reaction rate”. Equation (3) is a special case of Eq. (4) resulting for & — ==. Setting ot
= (0 in Eq. (4) reduces Eq. (2) to a tracer transport model.

Internal Pore Film Diffusion
Diffusion Stagnant

Solution

Figure 1. Schematic diagram showing the intemmal pore diffusion and surface film diffusion con-
cepts. For internal pore diffusion, solute migrates from the bulk solution into soil aggre-
gates to reach a sorption site within, whereas for film diffusion only the stagnant layer
attached to the soil grain surface limits the reaction rate.

The nonequilibrium rate parameter, ¢, has been conceptualised in different ways (e.g., 16). For ion-
exchange reactions on soil particles, o is affected mainly by three processes: (i) the time-dependent
reaction at the exchange site, (ii) film diffusion and (iii) internal pore or intra-particle diffusion. The
latter two processes are physical, rather than chemical, but they are mentioned here for convenience
because they occur at the scale of the soil aggregate, or less. In Figure 1 the film diffusion and intra-
particle (or internal pore) diffusion mechanisms are displayed. These mechanisms (and detailed dis-
cussions on their effect on solute adsorption) are given elsewhere (e.g., 17-19).

Although Egs. (3) and (4) can be derived for certain simple systems, they are best considered as phe-
nomenological equations. It is not difficult to extend the basic transport model presented here. A
popular choice is to assume that there are two different types of sorption sites available in the soil.
On some volume fraction of the soil equilibrium reactions occur, with rate-limited reactions taking
place elsewhere. Clearly, the fraction of sites becomes another parameter in this so-called “two-site”
model (20, 21). Of interest, however, is that diffusion is the most likely controlling mechanism in
“chemical” nonequilibrium.

Physical Nonequilibrium

Classical physical nonequilibrium occurs when a tracer encounters two different flow regimes in the
soil, a mobile region where advection and diffusion/dispersion occur and an immobile where diffu-
sion alone occurs (22). Equation (1) still holds for the piezometric head, while Eqs. (2) and (4)



become, respectively,

d(cy0  +¢;n0. )

at

= V.(8,DVc-qc) (5)

and
d(c. 0. )

im 1m

3 = a(c,—C; ) (6)

Here; a is the mass transfer rate between the mobile and immobile regions. Equation (6) is somewhat
different from the corresponding equation presented by Russo et al. (12), who consider the transfer
rate to be proportional to the concentration difference in units of solute mass per unit volume (of soil
and soil water). However, Eq. (6), which assumes the transfer rate to be proportional to the differ-
ence between the solute concentrations in the two regions, is more reasonable and widespread in the
literature (e.g., 18). Again, the model consisting of Egs. (5) and (6) can be modified to account for,
say, equilibrium solute sorption. Under appropriate conditions (uniform flow, linear sorption iso-
therm, constant 8, and 85y, etc.), the one dimensional form of Egs. (2) and (4) is mathematically
1dentical to Egs. (5) and (6) (23, 24).

Like the intra-particle and film diffusion concepts discussed above, the mobile-immobile region
model is appropriately termed physical nonequilibrium. The (somewhat artificial) distinction is made
that in this model there is no chemical reaction occurring; the effect is purely physical. Clearly, the
model of a soil with “mobile” and “immobile” zones will break down except, perhaps, in certain spe-
cialised situations like aggregated soils. But, there is ample evidence that models like Egs. (5) and
(6) have proved remarkably versatile. The key parameter is the mass transfer rate, .. As an apparent
parameter, its meaning will change according to the physical characteristics of the transport problem.
However, in order to transfer results from one situation to another, the meaning of o and similar
parameters should have some physical basis. Below, possibilities are examined in conjunction with
dimensional analysis.

Table 1. Parameters and length scales affecting physical nonequilibrium solute transport models.

Property Symbol Dimensions
I D:spersiun Cnefﬁcie: D I_:-Q’I'*'l
Molecular Diffusion Coefficient | Dy L2T!
Apparent Reaction/Transfer Rate o T!
_ Pore Water Velocity v LT!
Local Length Scale [ L
Macroscopic Length Scale L L
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Dimensional Analysis of Nonequilibrium Solute Transport

The different meanings for the transfer/reaction rate parameter, c, in Egs. (4) and (6) are best differ-
entiated by the physical and chemical processes affecting the solute. The conceptual models outlined
in Figure 1, however, are, at best, idealised representations of the heterogeneous nature of soil mate-
rial and structure (and hence pore spaces within the soil). It is possible, nonetheless, to use dimen-
sional analysis to help characterise and elucidate the nonequilibrium solute transport process.

For the purpose of illustration consider some unknown sorption reaction. It is assumed that there is
some characteristic value (or perhaps distribution) for the reaction rate. This can be determined by
standard batch experiments. Then, the fundamental parameters that are involved are essentially those
contained in, or derived from, Eq. (2), plus appropriate length scales, as listed in Table 1.

Table 2. Dimensionless groups derived from the parameters in Table 1. The quantities below the
heavy line are derivable from those above.

Group Name Symbol
—
!l Damkdhler Day
v Group [
o Il Damkdhler DII[[
— Group 1II
DEI'I.
D Diffusion/Dis- d
_n rsion ratio
D pe
I Length scale X
E ratio
m
vl Local Péclet P,
D Number
vL Macroscopic Py
D Péclet Number
aD Damkdhler Dayyy
—3 Group III
v

The two length scales in Table 1 are L, the macroscopic length scale imposed on the system, e.g., the
length of a laboratory column, and /, the local length scale controlling the apparent reaction rate. For
the cases in Figure 1, / can be taken as the size of the aggregate for intra-particle diffusion and the
stagnant layer thickness for film diffusion. The molecular diffusion coefficient is used rather than the
longitudinal dispersion coefficient alone because the conceptual models are clearly based on diffu-
sion processes, as is the mobile-immobile region model. From Table 1 the dimensionless groups in
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Table 2 are derived. Note that the Damkdhler group number definitions in Table 2 are similar to those
given by Boucher and Alves (25). In Table 2 a distinction has been made between local and macro-
scopic quantities. For the present the appropriate length scales are the pore or grain size scale for the
former, and the laboratory column scale for the latter. Clearly, for intra-particle diffusion, the con-
ceptualisations given above (Figure 1) are appropriate at local scales, suggesting that Dayj is the
appropriate description of the transfer mechanism. In other words, the intra-particle conceptualisa-
tion leads to the conclusion that the apparent transfer rate, o, is independent of the mean pore water
velocity, v.

Generally, the same considerations lead to Dayj being the appropriate dimensionless number describ-
ing the film diffusion through a fixed layer. An upper bound for [ is the typical pore size in the
medium. However, this correspondence will be associated with Day if the variation of the stagnant
layer thickness with local velocity is taken into account.-The local length scale, /, is the layer thick-
ness which would scale as [ ~ v/v, where v is the kinematic viscosity of soil water. Because the solute
must diffuse through the layer, the appropriate dimensionless number is again Daj;. We have

5 al?  ov?
Ay = — ~
II

Dm Dm\fl

o v v
= (;‘){;}(D—m} . (7)

where the final term in parentheses is nearly constant. Because v/v ~ [ the right hand side then pro-
portional to Daj. A somewhat “black-box™ conceptualisation of Day is shown in Figure 2, in which
there are two relevant time scales. Clearly Day is the ratio of the advective time scale, t,, to the reac-
tion time scale, t. Some physical attribute of the system must be invoked before the appropriate
length scale, /, can be determined. In typical applications of Egs. (5) and (6) [ is replaced by the mac-
roscopic length scale, L. In such cases the soil is treated as an unknown system. If nonequilibrium
effects are observed in a soil sample of length L, i.e., t, = t; then, if no obvious soil structural causes
are evident, a reasonable conclusion is that the variability of the local flow paths is responsible for
the observed nonequilibrium effect. Such a mechanism, while not fitting particularly well the con-
ceptual models of Figure 1, is discussed further below.

A

&
RN R

LN N ]
' t'-I'i-i'-t-lt't‘i'-l.-l.i.i.l:i *

Figure 2. The basis (or lack thereof) of Daj. Two time scales are shown, t,, the advection time scale
and t, the reaction time scale.



For the conceptual models presented in Figure 1 typical time scales for o can be calculated. Suppose
a laboratory experiment is carried out on a sandy soil with a pore (grain) size of 10* m at a pore
water velocity of 10~ m s!. Then from Day the typical transfer time across the stagnant fluid is 10 s.
Because the travel time through the laboratory column is much greater than this, the characteristic
tailing of the breakthrough curve (BTC) resulting from nonequilibrium effects should not be
observed. Instead, a symmetric BTC will be produced, albeit with a possibly enhanced dispersion
coefficient. If, instead, the soil is composed of aggregates with a size of 102 m, then for Dp, = 10"
m? s the transfer time scale is, using Dayy, approximately 10 s. Nonequilibrium effects acting on
this time scale will thus be observed in most laboratory experiments. However, because the nonequi-
librium effect in this case is a diffusion-dependent phenomenon, it is independent of the flow veloc-

ity.

Flow velocity effects on a have been detected in several independent experiments (26, 27). Proc-
esses which follow the Dayy scaling cannot show velocity dependence of a. Further, it is clear that
film diffusion alone is unlikely to cause the nonequilibrium effects observed in laboratory experi-
ments, and the black-box shown in Figure 2 offers no physical mechanism to explain velocity

effects. As the conceptual models discussed above do not allow for velocity dependence, an alterna-
tive approach is needed.

0.05

0.00 !
0.00 0.05 0.10

1
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“igure 3. Relationship between apparent reaction rate, ¢, and the mean pore water velocity, v,
deduced by Herr et al. (26) from their laboratory experiments. The solid circles represent
the fitted values of o and solid line is a fitted curve with a slope of 0.4 m!.
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Velocity-Dependent Nonequilibrium

Herr et al. (26) reported laboratory experiments carried out using an artificial heterogeneous
medium. The porous medium was constructed by taking a uniform sand and randomly placing within
it ceramic blocks of various shapes and permeabilities. The ceramic inclusions had a different per-
meability to the surrounding sand, but were not immobile regions. Nevertheless, the mobile-immo-
bile model was fitted to the BTCs (breakthrough curves), with excellent fits. In addition, they plotted
the relationship between o and v for one experimental setup. These data are reproduced in Figure 3,
where a linear relationship between o and v is evident. Clearly, Da; is the appropriate Damkd&hler
number in this case. In addition, a length scale which could be used in Day is of the order of the
inverse of the slope of the line drawn in Figure 3, about 2.5 m. Unfortunately, this length scale is of

the order of the column length and so cannot be related directly to the length scale of the porous
ceramic inclusions.

Another study along these lines indicated by has been reported by Li (28). In this case the experi-
ments consisted of tracer transport through a saturated silt soil column within which porous polyeth-
ylene segments were placed in fixed proportions. Breakthrough curves from the column experiments
were fitted to solutions of the mobile-immobile model given above using a modified version of the
CXTFIT code (29). For each experiment, polyethylene segments and silt were mixed. Then, a BTC
was generated using an arbitrary initial flow rate. This initial BTC was used to fit the mobile-immo-
bile model parameters. In subsequent experiments, the flow rate was increased. However, in fitting
the BTC only v and o were fitted, with previously computed parameters held constant. In all cases
the BTC fits were satisfactory. The results of two experimental runs are shown in Figure 4, along
with curve fits of the data. Two features in the results are apparent. First, the proportionality between
o and v observed in Figure 3 has been replicated. Second, in some experiments the data suggest that
o is proportional to vZ, rather than v.

I T T I

1 F_FI}].

o X 100, min

00a = 5.5 x 102 + 0.35v

| 1 0 he . L
2 0.0 0.1 0.2
Velocity, v, cm min™!

.-.uﬁ'ﬂllﬂ[]a =04 x "1'2'4
1

-

-

Figure 4. Experimental results from Li (28). In each case the symbols represent data from different
soils for different pore-water velocities while the lines represent fitted curves. Each data
set was obtained from soil (silt) columns with the following proportions of polyethylene
inclusions: small circles - 11%, large circles - 12% and squares - 18%.
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Taken as a whole, the data in Figure 4 demonstrate that, in laboratory columns at least, the appropri-
ate scaling for the transfer rate is @ o< viD, ie., Dapyp will be constant for a given soil. This scaling
automatically includes the case of proportionality between a and v. When P; > 1 (I is the typical
grain size in this case), the dispersion coefficient, D, is proportional to v (30, 31), or & o v. In addi-
tion, Dayyy yields o o v2 when P; < 1 since then D o Dp,. These results, while they have been
obtained using an artificial soil, provide evidence that velocity scaling of the nonequilibrium transfer
rate may be given by Dayyy under certain circumstances. Velocity scaling according to Dayp has a
somewhat different conceptual interpretation to the mechanisms proposed in Figure 1. One interpre-
tation is that the length scale, /, in Day is of the order of the dispersivity, D/v, in which case Da; and
Dayyy are identical. Another related interpretation is that there is a nonequilibrium mixing length
characteristic of the soil. Such a length would have to be related to the variation of the velocity field.
In this conceptualisation, both velocity variations and diffusion/dispersion play a role since the
(apparent) transfer rate (o) would increase with the former (which is proportional to v2), while diffu-
sion/dispersion would act to mix solute between flow paths and so reduce the nonequilibrium mech-
anism. In other words, the effect of velocity variations is in balance with that of dispersion, i.e., 0. o<

v2/D.

Connection with Stochastic Solute Transport Theory

Based on the preceding discussion, it is not surprising that there is a close connection between the
two-region models and the solute transport models based on the assumption of a random velocity
field. Indeed, the mobile-immobile conceptualisation is simply a medium in which there are two dif-
ferent pore water velocities, rather than a range. The case of a tracer moving in a random velocity
field is perhaps the most simple as there are no chemical reactions or transformations to be consid-
ered. The governing equation is then a simplification of Eq. (2):

%CE = V. (DVc¢) -v. Ve, (8)

where steady flow and a uniform moisture content have been assumed, and D is a local dispersion
coefhicient (possibly a tensor). Sposito and Barry (32) considered the case that v is a wide-sense sta-
tionary stochastic process, i.e., having uniform mean and a correlation function that depends on dif-
ferences in position and time alone. Ensemble averaging of Eq. (8) leads to the governing equation
for the ensemble-averaged concentration. This equation has the same form as Eq. (8) except that v is
replaced by the mean (constant) velocity, and D is replaced by a macrodispersion tensor with time-
dependent diagonal elements. From this approach it was shown that the macrodispersion coefficients
of, e.g., Gelhar and Axness (33) and Dagan (34), could be derived.

The details of these analyses are not important. An approximation for the general behaviour of the
longitudinal time-dependent macrodispersion coefficient, Dy, takes the functional form:

D, = D,+ (Dy-D,) [1 —Exp(—T—tJ], (9)

where D) is the local (or laboratory) dispersion coefficient, Dy is the asymptotic value of the field-
scale dispersion coefficient, v is the mean pore-water velocity and L is the correlation length scale of
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the velocity field. Similar models to Eq. (9) can be derived by making use of the well known resuit
(35):

_ _1_dVar(J(’}

Dy 2 dt

t
= uﬂﬁ (1) dt, (10)
0

where X is the position of a tracer particle moving in the flow field, Dy is now time dependent and
A(t) is the autocorrelation function for the particle. The time dependent part of Eq. (9) results from
Eq. (10) if A(t) is proportional to exp(-vt/ly).

Equation (9) is usually not an exact result. Rather, it displays the characteristic increase with time of
the dispersion coefficient, as well as the time scale for the increase, that is predicted by the ensemble
averaging procedure. Thus, for ‘ime scales t >> 1/v the asymptotic dispersion coefficient is obtained

from Eq. (9).

Spatial moments can be calculated for tracer transport using the mobile-immobile region model. In
that case an expression is obtained that can be written in a form similar to that of Eq. (9). For illustra-
tion, an infinite one-dimensional domain is considered. Taking the one-dimensional version of Egs.
(5) and (6) as the governing model, the effective dispersion coefficient is (28)

D,  v*(8_0. )2

D . = +

{lmexp[—c:(é +é )t]}. (1)
m m

1

Clearly, Eq. (11) is of the same form as Eq. (9). For a stochastic model that has a dispersion coeffi-
cient with generic form of the latter equation, a roughly equivalent representation can be determined
using Eq. (11), the parameters of which become fitting constants. In other words, because the disper-
sion coefficient is closely related to the variance of a solute plume, the mobile-immobile transport
model will reproduce the dispersion observed by a plume at the field scale at which Eq. (9) applies.
This type of relationship between models is discussed elsewhere (36). For the present, it is the scal-
ing o ~ v/lg implied by Egs. (9) and (11) which is of interest. Note that, if I5 is constant, using this
scaling means that the dispersion coefficient in Eq. (5) does not vary with time or, equivalently, posi-
tion if steady flow is considered.

Numerous experiments have shown that, in the field, the apparent dispersion coefficient increases
with the observation scale. A recent compendium of the available field data was presented recently
by Gelhar et al. (37) where this trend was observed, although the reliability of very large scale dis-
persivities is not great. These data suggest that the length scale, L, in Eq. (9) depends on the observa-
tion scale, and hence that the apparent nonequilibrium effect will be persistent. Clearly, I has little to
do with the conceptual models of Figure 1. It is, however, consistent with the black-box approach
shown in Figure 2. It is possible to treat I as a scale dependent dispersivity, in which case Day
reduces to Dayyy.
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Physical Modelling of the Nonequilibrium Transport Process

A standard engineering design method is to analyse the behaviour of a full scale prototype using a
small scale laboratory model. The possibility of physical modelling of the prototype depends on
whether appropriate force, time and length scales can be maintained in the scale model. If an exact
scaling is feasible then the results from the laboratory model can be directly scaled to the prototype
without recourse to a mathematical model.

Most laboratory experiments on solute transport in soils reduce the time scale for the process by
increasing the flow rate (relative to that of the prototype) through the sample. For two-region trans-
port models such as Egs. (5) and (6), it has been shown that the main conditions for similarity
between model and prototype are that the grain Péclet number, P}, is less than unity and Dayy; is con-
stant (28). Note that the P, restriction sets an upper limit for the flow velocity in the laboratory exper-
iment. If these conditions hold and the velocity in the model (relative to that of the prototype) has
been increased by a factor of N, the experimental results apply to a prototype that is N times larger.

The time needed to perform a laboratory experiment is N less than a correspondin g prototype exper-
iment.

For saturated flow and transport the above discussion indicates that the nonequilibrium effects com-
monly observed in natural soils are most likely a manifestation of a variable flow field. The scaling
of the apparent sorption rate, &, from dimensional analysis will certainly help in estimating model
parameters or constructing a physical model for the purpose of predicting contaminant movement in
an aquifer. This will remain the case even for reactive transport unless independent (e.g., batch)
experiments reveal a relatively slow reaction rate. The question then naturally arises whether similar
deductions can apply to unsaturated flow.

Unsaturated Water Flow

Movement of water in the unsaturated zone is a phenomenon affected by both medium hetero geneity
and nonlinearity. Furthermore, it is prone to instability, and temporal variability at the soil surface.
Two properties are used to model such flows: the soil moisture characteristic curve relating moisture
content to soil water capillary pressure and the hydraulic conductivity as a function of moisture con-
tent. In heterogeneous media, these two properties will vary with position as well as water content.

Kung (38, 39) reported an experiment where 30 cm of dyed water was added to two 3 x 3.6 m plots
of loamy sand over an 80-day period. The site was excavated, and the dye patterns noted. The signif-
icant impact of relatively minor soil textural differences (heterogeneity) on the unsaturated flow pat-
tern was evident. The flow was funnelled by the layering so that, at a depth of 3 m, the percolating
fluid passed through only 10% of the soil matrix. This figure reduced to 1% for the 6 m depth. Signif-
icant lateral displacement of the dyed liquid was observed also. The funnelling occurred when a soil
layer was overlain by a finer grained layer. Water in the finer material will pass into the coarser mate-
rial only when the difference in capillary suction is overcome. This, of course, is the principle of cap-
illary barriers used to channel subsurface flows.

The results revealed that the effect of the soil layering was significant in that, with increasing depth,
the dyed liquid passed through progressively less of the soil matrix. However, a mass balance of the
liquid was not attempted and, given that the funnelling could introduce undyed water into the soil
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profile from adjacent locations, it is not possible to quantify the accuracy of Kung’s estimates of the
volume of the soil matrix transmitting the percolating water. Again, the question of scale is relevant.
If it is necessary to predict the local behaviour of the infiltrating water, then Kung’s experiment, car-
ried out at the scale of a few metres, shows well the effects of local heterogeneity on the unsaturated
flow patterns. It does not, however, indicate the possible averaging effects of larger horizontal and
vertical scales.

Various other unsaturated zone solute transport experiments have been performed (e.g., 40-42).
Quite recent studies using relatively large scale plot sizes have been reported (43-46). These studies
were designed to determine the effects of field scale variability on tracer transport. Butters et al. (43)
applied a bromide tracer pulse across a 0.64 ha loamy sand field. Like Kung, they observed that the
volume of the soil matrix responsible for transporting the applied water reduced with depth below
the soil surface. White et al. (47) define the transport volume as the fraction of the wetted pore space
through which the solute moves. Butters et al. (43) defined the depth-averaged transport volume as

B(z) = 1, (12)

where 8 is the depth-averaged porosity, q is the steady water flux and v, is the mean solute velocity.
Both quantities on the right side of Eq. (12) were calculated from the experimental data, with v, cal-
culated from analysis of solute breakthrough curves at sampling sites within the soil profile. In Fig-
ure 5 data from Butters et al. (43) are reproduced along with the simple curve fit:
= 1.1

0(z) = 03 -

Apart from the value at 30 cm, Eq. (13) fits the experimental data satisfactorily. Although Butters et
al. (43) have presented the depth-averaged porosity, the change in the transport volume with depth is
somewhat obscured. The definition of depth averaging is

(13)

Zz
0(z) = %IB(E}dE. (14)
0
From Eqgs. (13) and (14) the transport volume porosity for the Tujunga loamy sand is approximated
by
0.77
z

Equation (15) indicates that between the surface layer (between 0 and 60 cm depth) and the 4.5 m
depth, the transport volume through which the solute moves is reduced by a factor of 2. Although
this reduction factor is less than that reported by Kung (38), the trend is identical, i.e., with increas-
ing depth the solute is transmitted through smaller proportions of the available soil matrix. Conse-
quently, if it is assumed that the average liquid flux passing through any given depth is constant (i.e.,
water, on average, does not accumulate within the profile), then the mean velocity of the solute must
increase with depth. This is, of course, precisely what was observed, as the data shown in Figure 5
are based on the mean solute travel time.

¥3



Depth-Averaged Porosity

o
o
Ln

1 L
230 430
Distance Below Surface, z (cm)
Figure 5. Depth-averaged volumetric water content as a function of depth below the soil surface for

the Tujunga loamy sand (43). The line is a fit (by eye) of the data (excluding the value at
30 cm) using Eq. (13).
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These experiments show that the available volume of pore space is not utilised by the percolating
water. An alternative mechanism to funnelling for this observation 1s discussed below.

Unstable Flow

Early analyses of unstable flow systems in porous media were provided by Saffman and Taylor (48)
and Chuoke et al. (49). Since then, numerous experimental and theoretical studies have been
reported (50-64). Fingering, the result of unstable flow, occurs in situations when the hydraulic con-
ductivity of the medium increases with depth. There is considerable experimental evidence for fin-
gering phenomena. Figure 6 shows a typical instability experiment. Water is added (not necessarily
ponded) to the surface of a dry soil with a well defined textural interface between the upper (fine) and
lower (coarse) layers. Fingers form at the interface and propagate downwards, generally following a
vertical path, although splitting and joining of fingers is possible. The interior of the fingers is close
to saturation, whereas outside the fingers the soil remains dry. Over time, however, lateral diffusion
wets the areas surrounding the fingers. The cores remain very moist and transmit the majority of the
water moving through the system. Fingers form even if the soil is initially moist, but they are very
broad (60). An increased surface flux also leads to broader fingers (65). Field evidence of fingering
has been presented by Starr et al. (66) and Glass et al. (60), who found that fingers persist in the sub-
surface over length scales of a metre or more.

Funnelling and Fingering
The combination of the experimental evidence reviewed above indicates that both textural heteroge-

neity (leading to funnelling) and instability (giving rise to fingering) play a role in transporting sol-
utes in the vadose zone. Relative to the saturated zone, heterogeneity in the unsaturated zone will
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have a greater influence on water movement. The theoretical and laboratory data on fingering show
that the conditions for instability are predictable, and that the individual finger properties and behav-
lour can be quantified. Funnelling will occur when unsaturated moisture flow, either in the form of a
finger or a uniform front, encounters a sloping coarse layer. The funnellin g will continue until the
layer finishes or another finger is produced due to instability at the interface. The heterogeneity in
even relatively uniform natural media will both promote fingering and attenuate it by the funnelling
mechanism. With increasing initial moisture content these effects will be diminished as the fingers
broaden and the funnelling is reduced. However, the laboratory experiments of Diment and Watson
(59) and Glass et al. (65) show that the fingering does not disappear. In the field, if similar conditions
exist, then unstable fingers will form.

Textural Interface
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Figure 6. Typical development of fingers (after 59). At the textural interface an instability is estab-
lished leading to finger formation. The successive lines in the fingers represent the finger
location at successive times.

The data from the field experiments of Butters et al. (43) and Ellsworth et al. (45) were analysed
quite successfully neglecting any fingering or funnelling. However, the data show the transport vol-
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ume changing with depth. These experiments were carried out under a controlled Irrigation regime
after initial prolonged irrigation to remove profile salts. This suggests that the soil profile was rela-
tively wet, which would tend to broaden any fingers that formed. These authors did note, however,
that textural changes in the soil profile did affect the solute movement. Both these mechanisms
would cause an apparent nonequilibrium in the solute transport process, as evident in the analyses of
Butters et al. (43) and Ellsworth et al. (45). Since the processes involved are much more complicated
than in the saturated flow system, in the unsaturated zone it will be more difficult to derive the nondi-
mensional parameter groups controlling the apparent nonequilibrium solute transport. This analysis
will not be pursued here (see 67 an illuminating dimensional analysis on the scale of a single finger).
However, we suggest that dimensionless analysis similar to that for the saturated flow system can be
carried out to help define nonequilibrium solute transport in the unsaturated zone. Possible length
scales include the characteristic finger size (68), the distance between fingers, and a soil heterogene-
ity length scale.

Concluding Remarks

For saturated flow, the mobile-immobile (or two-region) model is the simplest nonequilibrium model
available, and many applications suggest that it, or slightly more complicated versions of it, have
enough free parameters to model a wide range of solute transport phenomena. However, merely
using the model as a fitting tool limits its possible applications. For example, in spite of good fits
being obtained, experimental data show that fitted parameters vary with flow velocity, contrary to the
common stagnant layer and internal pore diffusion conceptualisations. Dimensional analysis has
been used here to help understand the mechanisms leading to nonequilibrium effects. We have sug-
gested that, provided some relatively simple checks are made, it should be possible to scale correctly
laboratory results to prototype situations where the flow velocity may be substantially different.

Modelling unsaturated flow and transport using simple models is more difficult due to the effects of
heterogeneity and instability. Both of these mechanisms are accentuated compared with saturated
flow. The likely net result is that apparent nonequilibrium effects will be increased. Thus, sim plified
models which do not incorporate a method for simulating nonequilibrium effects will not be particu-
larly useful.

Notation

A autocorrelation function

BTC breakthrough curve

c solute concentration in the liquid phase, ML

Cim solute concentration in the immobile liquid phase, ML
Cm solute concentration in the mobile liquid phase, ML3

d diffusion/dispersion ratio

D dispersion coefficient, L2T!

Da; Damkdhler number (Group I)

Daj Damkdhler number (Group II)
Dapy; Damkdhler number (Group III)

Degr effective dispersion coefficient derived from the mobile-immobile model, L2T"!
D, local dispersion coefficient, LZT"}
Dy effective longitudinal dispersion coefficient, L2T!
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D molecular diffusion coefficient, L2T"!

Dum field scale dispersion coefficient, L2T"!

£ sorption isotherm, ML "3

K hydraulic conductivity, LT !

{ local length scale, L

L macroscopic length scale, L

I longitudinal correlation length scale for the random velocity field, L
NAPL  nonaqueous phase liquid

P, local Péclet number

P macroscopic Péclet number

q, q water flux, LT

R retardation coefficient

) solute concentration in the solid phase (in liquid phase units), ML
t time, T

L, advection time scale, T

t reaction time scale, T

V, ¥ pore water velocity, LT!

Vg solute velocity, LT}

X length scale ratio

X particle position, L

z position, L

o apparent (sorption) rate constant, T}

0 volumetric moisture content

2] depth-averaged moisture content

Bim immobile liquid volumetric moisture content
O mobile liquid volumetric moisture content

\Y kinematic viscosity, L2

Oy standard deviation of the random velocity field, LT"!
) piezometric head, L

Var variance operator, L2

v del operator, L°!
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