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Abstract
Enhanced Geothermal Systems (EGS) allow for worldwide geothermal electricity production.

They target deep (3-5 km), fractured rock reservoirs whose permeability is artificially increased

through hydraulic stimulations (fluid injections). The injections modify the effective stresses,

leading to new fracture creation and the reactivation of pre-existing ones, along with perme-

ability changes. Today, the main issues with this technique are i) understanding and predicting

the final fluid transport capacity of the reservoir and ii) avoiding the seismicity associated with

the stimulation treatment.

This thesis aims at understanding the two-way coupling between mechanical rock deforma-

tion and fluid transport in EGS reservoirs by reproducing them in the laboratory. Complex

experimental protocols were developed and applied to various lithologies typically found

in EGS. The experimental observations, coupled with analytical and numerical models, and

with natural observations, allowed for the unravelling of some fundamental processes at play

during EGS stimulations.

A first part focused on how mechanical deformation influences fluid flow in i) anisotropic

rocks and ii) fractures with customized roughness.

In anisotropic rocks, the foliation orientation towards the stress field controls its mechanical

and hydraulic transport properties. With ongoing deformation, anisotropic micromechanical

models accurately predict the onset of damage, ultimate strength, porosity evolution, and frac-

ture structure towards foliation orientation. Permeability is controlled by foliation orientation,

fracture structure, and the applied stress. This shows that the full permeability tensor needs to

be used with care on failed anisotropic rocks.

In rock fractures with customized roughness, increasing the normal load decreases fracture

transmissivity and thus fluid transport capacity. The transmissivity decrease is controlled by

the contact geometry, as predicted by numerical models. Further, reversible shear loading

and irreversible shear displacements (up to 1 mm offset) have little effect on transmissivity.

Transmissivity evolution with shear displacement can be predicted by simple models only at

low normal stress, where wear is not too prominent. These results question the concept of

hydro-shear stimulations with small fault displacements.

A second part targeted the effect of fluids across the earthquake cycle (nucleation and propa-

gation) to approach induced seismicity.

During nucleation, slight changes in fluid pressure drastically change the temporal evolution

of earthquake precursors (slip and seismicity). Under all fluid pressure conditions, a semi
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Abstract

empirical scaling relationship links the total moment (energy) released before the mainshock

to its magnitude, in compatibility with several natural and anthropogenic earthquakes. This

observation could help with real-time estimation of an impending earthquake’s magnitude.

During propagation, fluid pressure has a strong control on the thermal evolution of frictionally-

heated asperity contacts. At low pressures, fluids vaporize and allow for contact melting,

reducing shear resistance and leading to large magnitude quakes. At pressures close to the

liquid-supercritical transition, water is an efficient thermal buffer, to the point that contact

melting is impeded, leading to smaller quakes with little dynamic weakening.

Consequently, injection strategies in EGS could be improved through careful extrapolation of

these results.

Keywords: Enhanced Geothermal Systems, Hydraulic transport, Permeability, Rock deforma-

tion, Anisotropy, Customized roughness, Faults, Induced Seismicity, Earthquake Nucleation,

Dynamic Weakening.
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Résumé
Les Systèmes Géothermaux Stimulés (EGS) permettent la production de chaleur et d’électricité

partout dans le monde. Ils ciblent des réservoirs souterrains profonds (3-5 km de profondeur)

qui sont stimulés par injections de fluide sous pression, pour augmenter leur perméabilité. Les

injections diminuent la contrainte effective, générant de nouvelles fractures et la réactivation

de fractures préexistantes, associées à une augmentation de perméabilité. Aujourd’hui, les

principaux enjeux associés aux EGS sont i) comprendre et prévoir les circulations de fluides

dans le réservoir et ii) éviter la sismicité associée aux stimulations hydrauliques.

Ce travail de thèse vise à comprendre les couplages bi-directionnels entre la déformation

du massif rocheux et le transport fluide dans les réservoirs EGS à travers une approche de

laboratoire. Des protocoles expérimentaux complexes ont été développés sur diverses litholo-

gies représentatives des réservoirs. Les observations expérimentales ont été couplées à des

modèles analytiques et numériques ainsi qu’a des observations naturelles. Ceci a permis de

comprendre certains processus fondamentaux mis en jeu lors des stimulations de réservoir.

Une première partie vise à comprendre comment la déformation mécanique modifie l’écoule-

ment des fluides sur i) les roches anisotropes et ii) les fractures avec une rugosité sur mesure.

Dans les roches anisotropes, l’orientation de la foliation par rapport à la contrainte principale

contrôle les propriétés mécaniques et de transport hydraulique. Des modèles microméca-

niques anisotropes prédisent bien le début de l’endommagement, la résistance ultime, l’évo-

lution de la porosité et la structure de la fracture par rapport à la foliation. La perméabilité est

contrôlée par l’orientation de la foliation, la structure des fractures et la contrainte principale.

Cela montre que le tenseur total de perméabilité doit être utilisé avec précaution sur des

roches anisotropes fracturées.

Dans des fractures de roche avec une rugosité sur mesure, l’augmentation de la contrainte

normale diminue la transmissivité de la fracture (i.e. sa capacité à transporter des fluides).

Cette diminution est contrôlée par la géométrie du contact, comme prédit par des modèles

numériques. L’application de contrainte cisaillante élastique et les déplacements irréversibles

en cisaillement (jusqu’à 1 mm de décalage) ont peu d’effet sur la transmissivité. L’évolution de

la transmissivité avec déplacement en cisaillement peut être prédite par de simples modèles

géométriques uniquement à faible contrainte normale, quand les processus d’usure ne sont

pas trop importants. Ces résultats remettent en question le concept de stimulations en hydro-

cisaillement avec de faibles déplacements sur les failles.

Une deuxième partie vise à étudier l’effet des fluides sur le cycle sismique (nucléation et
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propagation) pour comprendre la sismicité induite.

Lors de la nucléation, de légers changements de pression fluide modifient radicalement

l’évolution temporelle des précurseurs sismiques (glissement et sismicité). Dans diverses

conditions de pression fluide, une relation d’échelle semi-empirique relie le moment total

(énergie) libéré avant le séisme à sa magnitude finale. Tout en compatibilité avec plusieurs

tremblements de terre naturels et anthropiques. Cette observation pourrait aider à estimer en

temps réel la magnitude d’un éventuel séisme imminent.

Pendant la propagation, la pression fluide contrôle l’échauffement frictionnel sur les aspérités

des failles. À basse pression, les fluides peuvent vaporiser, permettant ainsi la fusion des

aspérités. Ce processus réduit la résistance au cisaillement et permet des séismes de grande

magnitude. Aux pressions de la transition liquide-supercritique, l’eau absorbe une grande

partie de l’échauffement frictionnel, jusqu’à empêcher la fusion des aspérités, conduisant à

des plus petits séismes avec peu d’affaiblissement dynamique.

En conséquence, les stratégies d’injection dans les EGS, pourraient être améliorées grâce à

une extrapolation consciencieuse de ces résultats.
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Resumen
Los Sistemas Geotérmicos Estimulados (EGS) permiten la producción mundial de electri-

cidad geotérmica. Los reservorios profundos (3-5 km) de roca fracturada son tratados para

aumentar su permeabilidad a través de estimulaciones hidráulicas (inyección de fluidos). Las

inyecciones modifican los esfuerzos efectivos en el reservorio, y por tanto llevan a la creación

de nuevas fracturas, y a la reactivación de fracturas preexistentes, alterando la permeabilidad

del reservorio. Hoy, las principales trabas con esta técnica son i) comprender y predecir la

capacidad final de transporte de fluidos del reservorio y ii) evitar la sismicidad asociada a las

estimulaciones hidráulicas.

Este trabajo tiene como objetivo comprender el acoplamiento bidireccional entre la deforma-

ción mecánica de la roca y el transporte de fluidos en los reservorios EGS, gracias a estudios de

laboratorio. Para ello, complejos protocolos experimentales fueron desarrollados y aplicados

en varias litologías representativas de EGS. Las observaciones experimentales, combinadas

con modelos analíticos y numéricos, e integradas con observaciones naturales, permitieron

comprender algunos procesos fundamentales que operan durante el desarrollo de los EGS.

La primera parte de esta tesis tiene como objetivo comprender cómo la deformación me-

cánica influye en el flujo hidráulico en i) rocas anisotrópicas y ii) fracturas con rugosidad

personalizada.

En rocas anisotrópicas, la orientación de la foliación hacia el esfuerzo principal controla sus

propiedades mecánicas y de transporte hidráulico. Modelos micromecánicos anisotrópicos

permiten predecir el inicio y propagación del daño (microfracturación), la resistencia final, la

evolución de la porosidad y la estructura de las fracturas hacia la foliación. La permeabilidad de

la roca es controlada por la orientación de la foliación, la estructura de la fractura y el esfuerzo

aplicado, demostrando que el tensor total de permeabilidad debe ser usado cautelosamente

en rocas anisotrópicas fracturadas.

En fracturas de roca con rugosidad personalizada, el aumento del esfuerzo normal disminuye

la transmisividad de la fractura (su capacidad de transporte hidráulico). Esta disminución es

controlada por la geometría del contacto.La integración de experimentos y modelos numéri-

cos permite aproximar dicha evolución. El esfuerzo de cizalle reversible y los desplazamientos

irreversibles en cizalle (desplazamiento de hasta 1 mm) tienen poco efecto sobre la transmisi-

vidad de la falla. La evolución de la transmisividad con respecto al desplazamiento por cizalle

se puede predecir mediante modelos geométricos simples, sujeto a condiciones de esfuerzo

normal bajo, cuando el desgaste friccional no es demasiado importante. Estos resultados

cuestionan el concepto de estimulaciones hidráulicas en cizalle (hydro-shear) con pequeños
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desplazamientos de falla.

La segunda parte de la tesis estudia al efecto de los fluidos sobre el ciclo sísmico (nucleación y

propagación) para comprender y mitigar la ocurrencia de sismicidad inducida.

Durante la fase de nucleación, ligeros cambios en la presión de fluido modifican drástica-

mente la evolución temporal de los precursores sísmicos (deslizamiento y sismicidad). Bajo

diversas condiciones de presión de fluido, una relación de escala semi-empírica vincula el

momento total (energía) liberado antes del sismo principal a su magnitud final. Este resultado

es compatible con varios terremotos naturales y antropogénicos, y por tanto, puede ayudar

con la estimación en tiempo real de la magnitud de un terremoto inminente.

Durante la propagación, la presión de fluido controla el calentamiento por fricción de las

asperezas de la falla. A bajas presiones, los fluidos pueden vaporizarse y permitir la fusión de las

asperezas. Esto elimina la resistencia al cizalle y puede provocar terremotos de gran magnitud.

A presiones cercanas a la transición líquido-supercrítica, el agua es un amortiguador térmico

muy eficiente, hasta el punto de impedir la fusión de las asperezas. En este caso, sismos más

pequeños y con poco debilitamiento dinámico dominan.

En conclusión, las estrategias de estimulación hidráulica en EGS podrían mejorarse mediante

una extrapolación cuidadosa de estos resultados.
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1 Introduction

1.1 Motivation

As climate warming effects become more and more extreme, the world’s energy matrix needs

to be transferred towards renewable production of electricity (Edenhofer, 2015). Among

renewables (hydropower, solar, wind and geothermal), geothermal energy is the only one

that is, at human scale, unlimited, permanent, sustainable, and independent of atmospheric

conditions. At present, the existing geothermal power plants are limited in size and location

since they use natural hydrothermal systems for heat extraction. Enhanced Geothermal

Systems (EGS) reduce these constraints by allowing the artificial creation of hydrothermal

reservoirs at deep in relatively hot geological formations. Such formations can be found all

around the world, where until now, energy production was expensive or impossible due to a

lack of fluid circulation or low permeability of the host reservoirs (Breede et al., 2013, 2015;

Olasolo et al., 2016; Lu, 2018).

To allow economic viability of geothermal extraction (nearly) independently of site location,

EGS target deep rock reservoirs with temperatures in the range of 150 – 200 ◦C which can

be found at depths of 3 to 5 km (in central Europe for example). At such large depths, the

crystalline basement is usually fractured but submitted to large stresses ( 40 to 80 MPa over-

burden), resulting in overall low fluid transport capacity of the host rocks. To overcome this

issue and allow high heat extraction rates, engineers propose to stimulate the reservoirs, en-

hancing their fluid transport capacity (permeability). Several techniques have been proposed

to increase the reservoir’s permeability (thermal, chemical, and hydraulic stimulations). In

particular, hydro-shear stimulations are designed to inject fluids at pressures well below the

pressure needed to create new tensile fractures but high enough to reactivate existing ones in

shear mode (Pine and Batchelor, 1984; Gérard et al., 2006) and induce permanent increases in

permeability of the fractured reservoir.

In Switzerland, two main pilot projects have been developed in the last decades but have since

been aborted (Giardini, 2009). The shut-off of these projects is mainly due to the manifestation

of small earthquakes during the enhancement of the reservoir through hydraulic injections
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(hydro-shear). Even though induced seismicity has been studied for many years (Ellsworth,

2013; Grigoli et al., 2017), the fundamental physical processes that drive this phenomenon

remain poorly understood (Kim et al., 2018; Grigoli et al., 2018).

Hydraulic stimulations targeting deep reservoirs are designed to modify the state of stress

of host rocks, potentially modifying paths for fluid flow or creating new ones that can allow

high enough hydraulic flows (Kumari and Ranjit, 2019). Nevertheless, the thermal, chemical,

hydraulic, and mechanical response of the reservoir rock can be very complex and is often

poorly controlled for several reasons. On the one hand, the difficulties in mapping the deep

reservoir through geophysical prospections results in poorly known fracture networks and

the associated hydraulic transport properties. As consequence, the hydraulic stimulation

techniques and operation procedures are difficult to design (injection/extraction flow rates;

total production capacity; temporal evolution of the flow rates, fluid rheology and temper-

ature). On the other hand, the disturbances in the stress state of the reservoirs can lead to

fault reactivation at depth, producing either aseismic slip and/or the occurrence of small to

moderate size earthquakes (Grigoli et al., 2017; 2018; Kim et al., 2018; Kumari and Ranjit, 2019).

Such changes in the reservoir fracture network distribution can in turn lead to changes in the

hydraulic transport properties of the reservoir and the stress distribution at depth (Fehler et

al., 2001; Porter et al., 2019; Kumari and Ranjit, 2019).

A fundamental understanding of the two-way hydraulic-mechanical interactions between

injected fluids and the host reservoir rock (e.g. hydro-mechanical coupling) can allow better

predictions of the response to hydraulic stimulations as well as of the fluid transport capacity

in Enhanced Geothermal Systems.

1.2 Objectives

The objective of this thesis is to study some fundamental aspects of the various couplings

between reservoir rock’s mechanical behaviour, and hydraulic transport under conditions

representative of EGS. The two main fundamental questions addressed here are:

1. how does rock mechanical deformation affect its hydraulic transport properties? Here,

the mechanical deformation (both reversible and irreversible) of reservoir rocks (isotropic

and anisotropic) is studied. Its influence on the final fluid transport capacity of both the

rock matrix, and of fractured rocks is addressed.

2. how do fluids affect the mechanical deformation of reservoir rocks under realistic EGS

conditions? In this question, the focus is set in particular towards the influence of

fluid on fault reactivation, as well as on earthquake nucleation and propagation under

conditions representative of induced seismicity in EGS.
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1.3 Approach

In this thesis, the different studied aspects of hydro-mechanical couplings in EGS are ap-

proached primarily by reproducing the stress and pressure conditions that can be found in

deep geothermal reservoirs at the laboratory scale. To do this, different experimental set-ups

that are described in the methods section of each results chapter were employed and/or

developed. Different rock-standards were used to simulate the lithologies that can be found in

EGS reservoirs. The rock samples also needed to be appropriate for the use in the laboratory

due to their homogeneity, and/or due to some well characterized mechanical or physical

properties. At the beginning of each chapter, a foreword explains the rationale behind the

experimental protocol (stresses, fluid pressures, loading paths, performed measurements,

etc. . . ) and the use of a given lithology (a given rock standard).

It is noteworthy that during this thesis, a large part of the time was spent in developing new

laboratory methods or modifying some existing tools in order to achieve highly complex

experimental protocols allowing many different studies that can today be conducted at the

Laboratory for Experimental Rock Mechanics of EPFL.

1.4 Thesis outline

This thesis is structured as a compilation of scientific articles following EPFL guidelines. Every

results chapter is either published or submitted for publication in peer-reviewed scientific

journals. This can result in bibliographic redundancy from each chapter’s introduction with

respect to the State-of-the-art chapter. The thesis is structured into two main parts, each

composed of two chapters as follows (Figure 1.1):

Ch 2 - State of the art

In this chapter, many fundamental concepts and definitions that are used in the rest of the

manuscript are given. It first introduces a literature review concerning geothermal energy

and Enhanced Geothermal Systems, as well as the associated stimulation strategies. Then,

the structure of the rock matrix, and the fractured rock mass found in reservoirs are defined.

This introduces the problem of hydraulic transport in EGS. The chapter continues through a

review of induced seismicity in EGS and the definition of the fundamental concepts of rock

and fault deformation that are helpful for understanding the manuscript. Finally, a review

of recent advances in coupled hydraulic-mechanical processes is provided to introduce the

manuscript’s main structure.

PART I. MECHANICAL EFFECTS ON FLUID TRANSPORT IN EGS

Ch 3 - Mechanical deformation and hydraulic transport properties of transverse isotropic

Gneiss

EGS reservoir rocks often present a foliation which leads to anisotropic mechanical and hy-

3



Introduction

draulic transport properties. In this chapter, laboratory procedures were designed to study the

interplays between mechanical deformation and hydraulic transport properties of transverse-

isotropic gneiss. This rock can be representative of the crystalline basement in central Europe.

The laboratory procedures are coupled with micromechanical models that predict the mechan-

ics and the evolution of damage and strength during deformation. It is shown that anisotropy

has strong but different effects on the mechanical (damage and strength) and physical proper-

ties (seismic wave velocity and permeability) of intact rock. In addition, anisotropy determines

the structure of newly-formed fractures in failed rock (under tri-axial stress conditions) and

their subsequent mechanical and physical properties.

This chapter is published in International Journal of Rock Mechanics and Mining science as:

Acosta. M., Violay., M., 2020. Mechanical and hydraulic transport properties of transverse-

isotropic Gneiss deformed under deep reservoir stress and pressure conditions. 130.

Ch 4 - Hydraulic transport through calcite bearing faults with customized roughness

A novel experimental method was developed to customize the geometry of fault surfaces by

imposing regular macroscopic grooves on saw-cut rock samples representative of carbonate

reservoirs. Then, the fractures were submitted to both normal and shear loading to study the

effects of mechanical deformation on transmissivity. A numerical procedure combining open-

source codes was developed to study hydraulic transport through the fractures under normal

stress only. The procedure reproduced well the experimental transmissivity results and was

therefore used to isolate the effects of each roughness parameter. Then, comparison between

experiments conducted under both shear and normal loading and the numerical simulations

allowed isolating the effect of shear stress on transmissivity prior to fault reactivation. Finally,

the evolution of transmissivity with ongoing shear displacement (until 1 mm offset) was

studied. The results are opposed to the general wisdom that shear reactivation increases fault

transmissivity.

This chapter has been submitted for publication to Journal Geophysical Research: Solid Earth

as: Acosta. M., Maye. R., Violay., M., Hydraulic transport through calcite bearing faults with

customized roughness: Effects of normal and shear loading.

PART II. INFLUENCE OF FLUIDS ON INDUCED SEISMICITY IN EGS

Ch 5 - Influence of fluids on earthquake nucleation

In this chapter and the following one, stick-slip experiments were conducted on highly in-

strumented, isotropic, saw-cut, granite samples. The effective confinement pressures were

representative of deep geothermal reservoir conditions ( 4 km depth). Under those conditions

a variety of fluid pressures were tested to examine their influence on the nucleation of labora-

tory earthquakes. It was observed that slight changes in fluid pressure can drastically affect

the temporal evolution of earthquake precursors (slip and seismicity) several seconds before

the mainshock. Nevertheless, under all fluid pressure conditions, a scaling relationship was
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found to link the total moment (energy) released prior to the mainshock, to its final magnitude.

This relationship has theoretical basis and seems compatible with natural and anthropogenic

earthquake observations.

This chapter is published in Geophysical Research Letters as: Acosta. M., Passelègue. F.,

Schubnel. A., Madariaga. R., Violay., M., 2019. Can precursory moment release scale with

earthquake magnitude? A view from the laboratory. 46(22).

Ch 6 - Influence of fluids on earthquake propagation

Using similar experimental techniques as in the previous chapter, the focus was set on the

earthquake propagation phase. The high-frequency recording of near fault stress allowed

an unprecedented observation of thermally activated dynamic weakening processes at play

during spontaneous, high speed frictional sliding. By coupling the laboratory observations

with microstructural analyses and with analytical and numerical models of weakening mecha-

nisms (flash heating in presence of fluids and thermal pressurization), it is shown that the fluid

pressure has a strong control on the thermal evolution of asperity contacts during earthquake

propagation. At low pressures, fluids can vaporize and allow for melting of the contacts which

in turn leads to large magnitude earthquakes because resistance to shear disappears. At

relatively large fluid pressures, as shear heating increases, water can act as an efficient thermal

energy buffer. Close to the liquid-supercritical transition, this effect is so strong that melting

of the contacts is impeded, leading to smaller magnitude earthquakes with little dynamic

weakening, mostly due to thermal pressurization of pore fluid.

This chapter is published in Nature Communications as: Acosta. M., Passelègue. F., Schubnel.

A., Violay., M., 2018. Dynamic weakening during earthquakes controlled by fluid thermody-

namics. 9.1

CH 7. Conclusions and Perspectives

This chapter summarizes the main conclusions of the study, making the logical link between

the seemingly distinct chapters in the context of EGS stimulation. It opens up on possible

future work prospects that are open by this thesis.
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Figure 1.1 – Hydro-mechanical couplings in enhanced geothermal systems: Sketch of an
idealized EGS, and synoptic diagram of the thesis structure.
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2 State of the art: hydro-mechanical
couplings in Enhanced Geothermal
Systems

2.1 Geothermal energy and enhanced geothermal systems

2.1.1 Geothermal energy

The need for a drastic change in the worldwide energy generation matrix has become a crucial,

and highly pressing matter. In fact, the use and supply of energy are today among the most

important issues regarding global warming, and environmental pollution (Edenhofer, 2015).

To produce ‘clean’ energy, during the last century, many industrialized countries have relied

on nuclear energy, a high-efficiency, CO2 emission-free source of thermo-electric power. Nev-

ertheless, recent incidents have increased public aversion towards nuclear power production

(Brumfiel and Fuyuno, 2012). The debate on nuclear power remains open, even if it is today

by far the most efficient energy source available for electric power production (Jancovici,

2019). Yet, in 2011 Switzerland decided on a nuclear phase-out: a progressive but rapid dis-

continuation of nuclear power for energy production by 2030, following the example of many

industrialized countries (Marcucci and Turton, 2012). Without the use of nuclear power and

fossil fuels, a solution for the supply of an increasing energy demand is necessary.

The increased development and use of renewable energies is expected to bring a ‘solution’ to

the world’s increasing energy demand. Nevertheless, renewable energies each have their own

advantages and disadvantages (Mohtasham, 2015). As an example, solar power production,

presents the advantages of being a virtually unlimited source, easily collected. Nevertheless,

the long term storage of solar power and panel recycling remain unsolved issues. Wind

power presents the advantage of being a profitable investment but its production is usually

unpredictable and intermittent, limiting the areas of applicability. Hydropower production is

one of the most efficient energy production processes and can provide large amounts of power.

Nevertheless, hydropower dams also present site specific constraints and a large dependence

on rainfall and other weather conditions. Amongst renewable energies, geothermal energy

is perhaps the only one that is virtually infinite (at human timescale), provides a permanent
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load of energy (time and season independent), and is truly sustainable (because its carbon

emissions are extremely low and it hardly affects the surroundings).

Geothermal energy’s source is Earth’s underground heat. Heat comes from continual cooling of

earth’s core since its formation and from radioactive decay of the elements contained in Earth’s

layered structure. The thermal energy is transported from the core to the surface through the

different geologic layers of earth, creating a geothermal gradient which is highly dependent

on the thickness of earth’s crust and other geologic features. The near-surface heat can be

recovered by transferring it to a heat-transfer fluid, and exploited for human usage. Depending

on the amount of heat extracted, and the reached temperatures, geothermal energy can be

used in a wide range of applications, ranging from domestic water heating, passing by hot

springs, to district heating-and-cooling, and electricity production (Figure 2.1).

Figure 2.1 – Geothermal energy systems. Scheme of different types of geothermal energy
extraction systems, not to scale.

Several types of technology have been developed to exploit geothermal energy (Figure 2.1).

The shallowest allow for the extraction of heat from depths <300 m and are mainly targeted for

household and building heating/cooling as well as other low temperature activities. At larger

depths, between 100 and 800 m, heat exchanger piles can be used as foundations for buildings

and allow for the extraction of enough heat to heat/cool entire districts, and provide thermal

energy to industrial activities (Laloui and Rotta-Loria, 2019). Still at relatively shallow depths (∼
1 km), hydrothermal aquifers can be used for direct heat use (greenhouse and industrial spatial

heating/cooling, Limberger et al., 2018). At greater depths, (1 to 3 km) hydrothermal energy

systems can reach temperatures high enough to produce electricity. In such systems, existing

aquifers are exploited as natural convective heat exchangers and are therefore relatively simple

to set up and operate. Nevertheless, such systems need specific site conditions (volcanic areas

and high geothermal gradient areas) such as those found in Iceland (plate divergence region)

or the Pacific ring of fire (plate convergence region) (DiPippo, 2012). Deeper systems such
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as supercritical geothermal systems (Yano and Ishido, 1998; Violay, 2010; Watanabe et al.,

2017; Parisio et al., 2019 ) exploit extremely high temperature fluids (supercritical fluids) which

provide very large electric energy production capacities. Again, these types of systems can

only be hosted in particular tectonic regions with very large geothermal gradient areas. Finally,

enhanced geothermal (or petrothermal) systems target deep rock formations in relatively

moderate geothermal gradient zones. Such systems can reach high enough temperatures and

flow rates to become a substantial actor in the energy supply with very low dependence on

the choice of the sites (DiPippo, 2012; Breede et al., 2013, 2015; Olasolo et al., 2016; Lu, 2018).

Indeed, it is estimated that the geothermal energy potential in the top ten kilometres of the

crust is ∼ 1.3.1027 J, or the equivalent of ∼ 217 million years supply of energy for the whole

world (Lund et al., 2007; Lu, 2018). If even a tiny fraction of that energy can be exploited for

electricity production, it would suffice to overcome the energy transition.

2.1.2 Enhanced Geothermal Systems

Enhanced Geothermal Systems are geothermal extraction systems where an engineering

process is deployed in the subsurface to generate commercial grade electricity while keeping

site independence. In that sense, EGS are perhaps the best alternative to exploit the virtually

infinite geothermal resources around the world and turn them into clean electricity. Two

end members of geothermal systems define the EGS spectrum (Di Pippo, 2012; Lu, 2018;

Thorsteinsson et al., 2008; Figure 2.2): Deep Hydrothermal Systems (DHS) and Hot Dry Rock

systems (HDR).

Deep hydrothermal systems appeared upon the discovery of deep (2.5 to 5 km) and highly

permeable (10−12-10−16 m2) formations in the last half century. These reservoirs present fluid

pressures high enough for fluids to flow to the surface with little additional pumping. The

temperatures found in such formations are usually low to moderate (120 – 160 °C) therefore,

to achieve commercial grade electricity production, high flow rates are needed. The fluid

flow in such systems can be enhanced through hydraulic stimulations and the use of down-

well pumps. An example of such systems is the Larderello field in Italy (Bellani et al., 2004)

where conventional geothermal production has been ongoing for several decades, extracting

steam from the carbonate formations at depths shallower than 2 km. In the last decade, new

wells down to 4 km are being drilled in order to inject cold fluid and recover steam in areas

surrounding the conventional natural steam fields.

Hot Dry Rock systems, are reservoirs usually hosted in the hot granitic basement (2 to 5 km

depth). The igneous rocks usually present very low permeability and porosity, thus little

fluid content and capacity for fluid circulation. These types of systems usually present large

enough temperatures (150 to 250 °C) due to the targeted depths (3.5 to 6 km) and relatively

high geothermal gradients (25 to 35 °C/km). In order to achieve commercial grade electricity

production, these systems need hydraulic, thermal and/or chemical stimulations to increase

the reservoir’s permeability and achieve high enough flow rates. The first HDR project devel-

9



Chapter 2. State of the art

oped was the Fenton Hill HDR in New Mexico, USA (Tester and Albright, 1979). There, several

wells were drilled into the hot granitic basement in several stages from 1977 to 1995. This pilot

project showed many features that have helped improving the understanding of HDR and to

modify the stimulation and production techniques for newer projects (see next section for

details).

In between these two end members lies a whole spectrum of Enhanced Geothermal Systems.

A good way to visualize this spectrum is by placing the systems in a temperature versus flow

rate diagram (Figure 2.2). In this diagram, at least 6 zones can be distinguished (modified from

Thorsteinsson et al., 2008; DiPippo, 2012) ranging from very low grade geothermal systems

(zone 1, bottom-left corner), to high grade geothermal production systems (top-right corner).

This diagram shows many EGS projects developed or under study to the day (Breede et al.,

2013; 2015; Kumari and Ranjit, 2019).
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Figure 2.2 – Spectra of geothermal systems for electricity production. Geothermal systems
(Table A) located as function of average temperature (measured at the bottom of the well or
estimated in the reservoir) and the estimated or targeted production flow rate of the reservoir.
The marker centre (green cross) represents the maximum estimated flow rate and temperature
for the geothermal system. Marker size corresponds to the depth of the wells/reservoir (pink
circe is the maximum depth and green circle the minimum depth when available). Green
error bars correspond to the minimum flow rate and temperature estimated for the given
system when available. Colormap represents the heat extraction capacity in arbitrary units,
warmer colors being higher heat extraction capacities. The spectrum is divided in 6 main
zones delimited by the yellow dotted lines as given in the top legend (modified after the
original idea from Thorsteinsson et al., 2008). Black lines represent the average temperatures
that can be reached in central Europe’s EGS projects at ∼ 3 to 5 km depth with geothermal
gradients of 30 to 40 °C/km. The data is compiled in Table A.

From Figure 2.2, it is seen that most of the compiled projects (∼ 70 %), are located in the

low-to-mid grade geothermal system zones of the diagram (zone 2). The temperatures in

zones 2 and 5 range from 120 to 220 °C (black lines of Figure 2.2 representing temperatures

that can be reached in central Europe’s EGS projects at ∼ 3 to 5 km depth with geothermal

gradients of 30 to 40 °C/km). The production flow rates in such systems range from 5 to 35

l/s. Because the geothermal gradient cannot be modified artificially, most of the efforts to

‘enhance’ the geothermal systems will be put into increasing the flow rate through stimulation

techniques.
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2.1.3 Stimulation techniques for EGS applications

To increase the operational fluid flow rate from EGSs, different engineering processes can be

applied. These processes are commonly called stimulation techniques and aim to create new

and efficient pathways for fluid flow in the tight rock reservoirs between the injection and

production wells (Figure 2.1). The usual stimulation techniques can be separated into 4 main

types( as shown in Figure 2.3; Portier et al., 2007; Schulte et al., 2010; Kumari and Ranjit, 2019):

i. Chemical stimulation.

The aim of this technique is to increase the fractured reservoir’s porosity and permeability by

injecting reactive chemicals at relatively low pressures. The chemicals (usually acids) circulat-

ing in the reservoir’s pre-existing fractures will dissolve minerals deposited in the basement

fractures through geologic times. This process will ‘clean’ the fractures, allowing production

fluids to circulate with ease. The advantage of this technique is that, in enhanced geothermal

reservoirs, high temperatures allow high reaction rates and thus make acid treatment a good

candidate for EGS stimulation. Nevertheless, it is possible that such high reaction rates reduce

the stimulated volume because most of the acids will be spent in the near-well area (Flores

et al., 2005). The main disadvantage of this technique is that the injection of acids into the

rock basement represents a potential hazard to i) the injection wells ii) the surrounding rock

layers and underground aquifers. In addition, this stimulation technique has shown very

heterogeneous efficiency.

Several pilot and commercial projects have been treated with chemical stimulations, as exam-

ples: Fenton Hill (Portier et al., 2007; Schulte et al., 2010); Soultz-sous-Fôrets (Gérard et al.,

2006); Fjällbacka (Wallroth et al., 1999); Coso (Rose et al., 2007); and The Geysers (Schulte et

al., 2010). Reviews of this technique can be found in Portier et al., 2007; 2009.

ii. Thermal stimulation.

This technique is based on the principle of injecting cold fluids into the hot rock formations.

The sudden cooling leads to contraction of the rock in the reservoir, changing the state of

stress near the fluid flow-path. If the temperature difference between the hot rock formation

and the injected cold fluid is high enough (and the lithology and stress states are appropriate),

the increase in production flow rate can increase of 50 % (Tullinius et al., 2000), making it an

interesting stimulation procedure. The main advantages of this technique are that the injected

fluids are benign compared to aggressive acids used in chemical stimulation, they are simple

to design compared to dense fluids used in hydraulic fracturing techniques (see below) and

the injection pressure needed is relatively low (Flores et al., 2005). The main disadvantage of

this technique is that the stimulated volume remains confined to the near-well area because

the shock-cooling operates only close to the borehole. Nevertheless, the resulting poroelastic

stresses from the thermal shock can also help increasing the reservoir’s permeability as well as

preconditioning it for stimulation (Fryer et al., 2019). Several pilot and commercial projects

have been treated with thermal stimulations examples are: Bouillante, Guadeloupe (Tullinius
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et al., 2000); Los Humeros (Flores-Armenta and Tovar-Aguado, 2008); Sumikawa (Kitao et

al., 1995); Coso (Nygren and Ghassemi, 2005); and The Geysers (Stark, 1990). Details on this

technique and its applications can be found in (Grant et al., 2013; Peter-Borie et al., 2019).

iii. Hydraulic fracturing (or hydrofrack).

This technique aims to inject highly dense (or viscous) fluids at pressure into the reservoir

in order to create new fractures or reopen existing ones and keep them open through the

use of proppant. This technique usually involves the failure of the rock mass in tensile

mode (See section 2.3.2 for details on the mechanics of hydrofrack, and Lecampion et al.,

2018). Once the fractures are open, fluid can circulate through them, globally increasing the

reservoir’s permeability. The main advantage of this technique is that the mechanics of fracture

opening are fairly well understood because it has been used for many years in the context

of oil extraction. Therefore, the design of a fracking operation needs “only” to be adapted to

crystalline rocks (as opposed to shale rocks). Another advantage is that fracture opening (if

kept open) highly increases the reservoir permeability if compared to the increases due to shear

reactivation (Zoback, 2010). The main disadvantages of this technique are i) EGS reservoirs

present in-situ stresses much higher than those found in oil extraction, thus the pressures

needed for fracture opening can be significantly higher, increasing the stimulation costs and

making it difficult to keep the fractures open (Darnet et al., 2006; Ghassemi, 2012; Schoenball

et al., 2014). ii) that high temperature proppants (dense fluids) needed for the fracking

jobs can be difficult to design due to the changes in fluids thermophysical properties with

temperature (Entingh, 2000; Flores et al., 2005). iii) because, igneous rocks are characterised

by large discontinuities and fault zones, the injection of highly pressurized fluids into the rock

formation will not only create fracture opening but will also reactivate the existing fractures in

shear mode, generating seismicity in a non-negligible amount (See below and section 2.3.2 for

details; Baisch et al., 2006; Majer et al., 2007; Zang et al., 2014).

For details on the hydraulic fracturing technique and its application in the context of geother-

mal reservoirs, the reader is referred to Nemat-Nasser et al., 2012.

iv. Hydraulic shearing (or hydroshear).

This technique aims again to inject fluids at high pressure into the reservoir but this time the

aim is to (re)activate pre-existing fractures and faults in shear-mode rather than in tensile

opening. The idea is to increase enough the fluid pressure so that the pre-existing fractures slip,

generating dilation of the faults, and changing their capacity to transmit fluid, thus enhancing

the overall reservoir’s permeability (Cornet 2016).

The main advantages of this technique are i) at high differential stresses found in crystalline

deep reservoirs, the fluid pressure needed to reactivate faults in shear is usually lower than

the one needed to open tensile fractures in the rock mass. At the high in-situ stress found in

EGS reservoirs, small fluid pressure changes can result in shear reactivation of the critically

stressed fractured basement (Townend and Zoback, 2000). ii) there is little need of proppant
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(highly dense fluids) in order to keep the increased fracture transmissivity. This because

slip on an intrinsic rough fault is expected to result in a permanent increase of permeability.

The main disadvantages of this method are i) an intrinsic difficulty for the estimation of the

final fluid flow rate after stimulation. Because of the difficulties to estimate the reservoir’s

structure and fractures location, structure, and connectivity, it results very difficult to design

a precise stimulation protocol with a targeted fluid flow rate (Grigoli et al., 2017). ii) the

reactivation in shear of pre-existing fractures is often associated with seismicity. The physical

processes controlling this induced seismicity are as of today poorly constrained. When induced

seismicity grows too big (in number and/or in magnitude) it represents a major risk for

geothermal energy production projects (Porter et al., 2019) and has led to the closure of several

projects (Giardini, 2009; Kim et al., 2018).

Figure 2.3 – Schematic representation of the four stimulation techniques used in EGS reser-
voirs. a. Chemical stimulation. Light yellow color represents high acid concentration. The
pre-existing pore space is cleaned as clogging minerals react with acids. b. Thermal stimula-
tion. Dark blue represents cold fluid. Thermal fractures are created near the borehole during
stimulation. c. Hydro-frack stimulation. Pressurized fluids are injected into the fractures,
generating tensile opening. d. Hydro-shear stimulation. Again, pressurized fluids are injected
into the fractures, this time at pressures lower than the opening pressure, resulting in shear
reactivation.

This last stimulation technique is particularly adapted for EGS stimulation (Pine and Batchelor,

1984; Pine, 1989; Baria et al., 1999; Fehler et al., 2001; Cornet, 2016). Nevertheless, hydro-shear

stimulation has often led to moderate magnitude earthquakes and to the closure of geothermal

energy projects (Baria et al., 2005; Evans et al., 2012; Foulger et al., 2018; Majer et al., 2007;

Giardini, 2009; Zang et al., 2014; Kim et al., 2018; Grigoli et al., 2018). Therefore, the associated

issues (evaluating fluid flow upon fault reactivation, and induced seismicity associated to EGS

reservoirs) are the main interests of this thesis. In the following two sections, these issues and

the fundamental concepts that will be used in the rest of the manuscript are detailed.
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2.2 Fluid transport in geo-energy reservoirs

2.2.1 Rock matrix, fractures and faults

Depending on the considered scale, the solid rock can be studied as the (intact) matrix (cen-

timeters to a few decimeters scale) or as the (fractured) rock mass (meters to kilometers scale).

The mechanics and fluid flow properties of the matrix being controlled mostly by the rock’s

microstructure (cracks and pores) and those of the mass controlled by large-scale discontinu-

ities (fractures). In the following subsections we present a summary of the micro-and-macro

structures relevant to this study.

2.2.1.1 The (cracked) rock matrix and the (fractured) rock mass

At scales ranging from the centimeter to several decimeters, rocks are natural solid materials

formed by a skeleton essentially composed of mineral assemblies. Inside the skeleton, the

imperfect contacts between minerals can result in void spaces (porous space) which can in

turn be filled by fluids. The matrix texture depends on its origin, as well as on its loading and

thermal history. Three main origins are recognized for rock formation. First, igneous rocks

form as (partially) melted rock cools down and solidifies. Usually, at large depths, plutonic (or

intrusive) rocks form by slow cooling and crystallization of rock forming magma, resulting

in large crystal sizes. At shallow depths, volcanic (or extrusive) rocks result from fast cooling

processes with the formation of small crystals. In some cases, very fast cooling of magma

can impede crystallization, resulting in glassy volcanic rocks for example. In between lies

a whole spectrum of crystalline rocks (Gillespie and Styles, 1999). Second, at intermediate

and large depths, metamorphic rocks are formed by modification of an existing (igneous

or sedimentary) rock submitted to elevated pressures and temperatures. This history often

results in foliated, anisotropic metamorphic rocks due to changes in mineral orientation

(Robertson, 1999). Third, at the shallower depths, sedimentary rocks are formed mostly by

deposition elements resulting either from alteration and transport of other rocks, biogenic

activity or chemical processes (Hallsworth and Knox, 1999). The resulting rock’s microstructure

(mineral arrangement and porous space) plays an essential role in the mechanical and physical

properties of the rock matrix (Giorgetti et al., 2016).

The rock’s porosity can be classified by the shape of the void space (Brace et al., 1972). Gener-

ally, convex (or rounded) spaces are called pores while elongated thin spaces are called cracks

(Figure 2.4a). As a first order rule of thumb, sedimentary rocks’ porosity is mostly composed of

pores and the one of igneous and metamorphic rocks is composed mostly of cracks (see Figure

2.4a). Pores and cracks can either be connected to one another or can be isolated in the matrix

(Figure 2.4a). The total porosity of a rock can be distinguished from its effective porosity. The

latter comprises only the interconnected pore space (pore network), which will effectively

influence the fluid transport capacity of the matrix (Guéguen and Palciauskas, 1994). Because

the effective porosity usually has a complex shape, it is possible to define the tortuosity as a
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geometrical parameter that quantifies the extent of the path that fluids (in the case of hydraulic

tortuosity or ions in the case of conductivity) need to go through to traverse the sample (Walsh

and Brace, 1984; David, 1993). It is noteworthy that, aside from influencing the rock’s physical

properties (hydraulic transport, seismic wave velocities, thermal and electrical conductivity,

etc. . . ), the rock’s microstructure controls its mechanical properties (see section 2.3.2).

At scales from meters to several kilometers in the upper earth’s crust, rocks cannot be con-

sidered uniquely as the intact matrix because tectonic loading often results in a pervasive

presence of mechanical discontinuities in the rock volume: fractures. (Friedman, 1975; Zoback,

2010; Scholz, 2019). The physical and mechanical behavior of the rock mass strongly depends

on the nature of the intact rock matrix combined with the behavior, density, spatial position

and connectivity of the fractures embedded on it. When fractures do not show a measurable

offset they are usually known as “joints” and when they show significant shear displacement

across the surfaces, they are rather known as “faults”.

2.2.1.2 Anatomy of a fault

The formation of a fault in the brittle domain is usually preceded by the creation of (one or

several) fractures which are further submitted to tectonic stress until a shear displacement

occurs on a thin localized plane (see Figure 2.4b and section 2.3.2 for details on rock failure

and faults). As faults are further submitted to tectonic stresses, their morphology can evolve.

Far from a fault, it is usual to find relatively intact rock (protolith) on which the fault zone

is embedded. At the farthest edges of the fault zone, lies a highly fractured volume of rock

(damage zone) with thicknesses ranging from tens of meters to several hundred meters. The

thickness of the damage zone is related to the amount of slip experienced by the fault (Evans,

1990) and the degree of fracturing usually grows nonlinearly towards the principal slip plane

(Sagy and Brodsky, 2009). The damage zone can be located either symmetrically with respect

to the principal slip plane or on one side only (Chester et al., 1993). Finally, slip is usually

localized on one (or several) principal slip surface, often called the fault core (Figure 2.4b). It

has thicknesses usually below the millimeter scale and can be composed of comminuted rock

material (gouge, cataclastites, ultracataclastites) resulting from frictional wear (Sibson, 1977;

Chester et al., 1993) or from frictional melting products (pseudotachylites, DiToro et al., 2009).

This structure is shown in Figure 2.4b-c (modified from Chester and Logan, 1986; Faulkner et

al., 2003; 2010). It is noticeable that the principal slip zone, where most deformation (fast or

slow slip) is accommodated constitutes the fault mirror (Figure 2.4c), whose properties can

be measured on exposed faults at the surface (Power et al., 1987; Candela et al, 2009; Sagy

and Brodsky, 2009; Faulkner et al., 2010). For a thorough description of fault structures across

scales the reader is referred to section 1.2 of Candela (2011).

Such complex fault structures lead to very different physical and mechanical properties in

space (Figure 2.4c). As examples, the protolith is expected to have properties similar to those

of the intact matrix (low permeability, and porosity overall), while the damage zone can be a

zone prone to high fluid transport depending on the orientation of the fractures with respect to

16



2.2. Fluid transport in geo-energy reservoirs

the stress field. The fault core can have very varied hydraulic transport properties depending

on the nature and history of the products that form it (Lockner et al., 2009). In turn, as will

be seen in the following sections, the fluid transport properties of faults can strongly affect

their mechanical behavior (Wibberley and Shimamoto, 2003; Lockner et al., 2009; Moore et al.,

2009; Ben-Zion and Sammis, 2009).

Figure 2.4 – Rock matrix, rock mass structures. a. Schematic description of rock matrices
microstructures composed of cracks and pores (Modified from Pimienta et al., 2017b). b.
Architecture of a fault zone depicting the undamaged protolith far from the single fault core
and the damage zone in between. c. Example of permeability of cores extracted from a fault
zone (Nojima) function to the spatial distance to the core (Modified from Lockner et al., 2009).

2.2.1.3 Fracture surface roughness

As described previously, the fault core can be composed of rocks undergone comminution, or

from products of frictional melt resulting from slip episodes on the fault.

The fault wall (or fault surface), when observable, shows distinct geometries (Figure 2.5a,b)

which in turn have a strong effect on the mechanical and physical properties (in particular

hydraulic transport properties) of the faults (Brown and Scholz, 1985; Power et al., 1987;

Power and Tullis, 1991; Renard et al., 2006; Candela et al., 2009; 2012; Schmittbuhl et al.,

1995; Tal et al., 2018; Zielke et al., 2017). The fault surface roughness can be described by

self-affine properties (fractal geometry) such that the height distribution (or topography) over

the fracture plane (z
(
x, y

)
) is statistically invariant by the transform:

x →Ω.x (2.1)

y →Ω.y

∆z →ΩH .z
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whereΩ is a given constant and H is the roughness (or Hurst) exponent.

By decomposing the surface topography to the power of each wavelength, λ (spectral analysis

or power spectral density, PSD, Figure 2.5b), one can determine the Hurst exponent of the

surface as:

C (q) =Ψ(
q/q0

)−2−2H (2.2)

where C (q) is the Fourier transform of the autocorrelation function of the surface evaluated

at of the wavenumber q = 1
λ , q0 is a reference wavenumber, and Ψ a constant. If H = 1 the

surface topography is self-similar. For many faults, the Hurst exponent can be in the range

0.5-0.7 (in the slip parallel direction) and 0.7-0.9 in the slip perpendicular direction over scales

of 0.1 mm to 100 km (Candela et al., 2012).

In the laboratory, at the centimeter to decimeter scale, fault roughness is usually imposed/-

modified using several different methods: i) by studying tensile or shear fracture surfaces

(Watanabe et al., 2008; 2009; Wenning et al., 2019; Goebel et al., 2017a) ii) by machining,

blasting or grinding the initial (smooth) surfaces with tools and-or abrasives of different grit

sizes (Ohnaka and Shen, 1999; Okubo and Dieterich, 1984; Marone and Cox, 1994; Harbord et

al., 2017; Rutter and Mecklenburgh, 2017) iii) by performing frictional sliding experiments so

that the fault roughness evolves spontaneously (Selvadurai and Glaser, 2015; Yamashita et al.,

2018), and iv) by simulating fault gouges with different granulometries (Renard et al., 2012;

Leeman et al., 2016; Scuderi et al., 2016; Scuderi and Collettini, 2016). Due to spontaneous

evolution of surface roughness arising from these processes, it is difficult to isolate roughness

parameters that control the mechanical and physical properties of rough rock fractures.

2.2.2 Hydraulic transport in the upper continental crust

Because of the fractured nature of the crust, fluid flow occurs both through the rock matrix

(in particular at shallow depths, in porous and permeable rocks) and through rock fractures.

In the following subsections, we describe the main elements for hydraulic flow at small scale

(matrix) and at larger scales (fractures and fracture networks).

2.2.2.1 Hydraulic diffusion through the rock matrix

At the matrix scale (some centimeters), fluid flow takes place mainly through the porous space.

Hydraulic diffusion in porous media can result from temporal or spatial variations of the

pressure fields on the sample. In the case for example of 1-dimension, it can be described by

analogy to heat diffusion in solid media (Carlsaw and Jaeger, 1959) as:

∂P

∂t
= D.

∂2P

∂x2 (2.3)
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where D(m2.s−1) is the hydraulic diffusivity of the media (analogous to the thermal diffusivity)

such that:

D = k

µ f .βsample
(2.4)

with k (in m2), the intrinsic permeability of the media;µ f (in Pa.s) the fluid’s dynamic viscosity,

and βsample (in Pa−1) the sample’s storativity. The latter represents the sample’s capacity to

store a unit volume of fluid and depends on the fluid’s compressibility and the pore space

microstructure (Brace et al., 1968; Fischer, 1992).

The permeability of the medium (k, independent of the considered fluid) differs from its

hydraulic conductivity K = k
ρ f .g
µ f

(in m.s−1) with ρ f the fluid’s density and g the acceleration

of gravity. The intrinsic permeability of a medium can be calculated for a given sample

geometry using three main methods: i) the steady state fluid flow method (Darcy, 1856; Renard

et al., 2001) where a temporally invariant differential pressure is imposed between the sample’s

ends and the steady-state flow rate is used to calculate the sample’s permeability. ii) the

transient pulse method (Brace et al., 1968), where an instantaneous pressure pulse is imposed

between the sample’s edges and the temporal variation of the sample’s pressures is used to

calculate the medium permeability. iii) the oscillatory pressure method (Fischer, 1992; Fischer

and Paterson, 1992; Bernabé et al., 2006; Song and Renner, 2007) where an oscillatory pressure

is imposed on one edge of the sample and the pressure response is measured at the other end.

The phase shift and amplitude ratio are then used to determine the sample’s storativity and

permeability respectively. A review of these techniques can be found in LaRive (2002). The

analysis can be extended to three dimensions by taking into account the full permeability

tensor (Renard et al., 2001; Bernabé, 1992; Bieber et al., 1996).

2.2.2.2 Fluid flow through rock fractures

At the scale of the rock mass and of the crust, fluid flow takes place mainly through the

macroscopic fractures rather than through the matrix’s porous space (Townend and Zoback,

2000). Thus it is of interest to understand i) how a single fracture can transport fluid, and ii)

how a network of fractures does so.

Single fracture

Rock fractures present complex surface topographies (Figure 2.5a,b) which, when in contact

give complex aperture fields with respect to the mid-plane of the fracture, resulting in even

more complex hydraulic transport properties due to heterogeneous flow channeling (Tsang,

1984; David, 1993; Méheust and Schittbuhl., 2000; Plouraboué et al., 2000; Watanabe et al.,

2008; 2009; Figure 2.5c). Fluid flow through single fractures can be described by the Navier-

Stokes and mass conservation equations (Jaeger et al., 2007, pp.377-386; Zimmermann and

Bodvarsson, 1996). If the flow is in a steady state, the fluid is assumed incompressible, and

the fluid’s density is uniform, it is simplified to the Stokes equation and is written (in three
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dimensions):

µ f .∇2~u −ρ f . (~u.∇)~u =∇P (2.5)

and

∇.~u = 0

where ∇ is the differential operator, ~u is the fluid velocity field, and P is the pressure field. The

simplest model of a fracture is that of two smooth parallel plates separated by a distance h (in

the z-axis) where fluid flows towards the x-axis. With that simplified geometry, the previous

equation can be solved exactly and yields:

Qx =− wh3

µ f 12

∂P

∂x
(2.6)

where Qx is the volumetric flow rate (in the x-axis), w is the depth of the fracture (in the y-axis).

The term h3

12 is called the fracture’s transmissivity (normalized by the fracture’s width w) which

is proportional to the cube of the aperture. Equation 2.6 is therefore known as the “cubic-law”

(Witherspoon, 1980; Zimmermann and Bodvarsson, 1996; Jaeger et al., 2007). When taking into

account the complexity of the aperture field due to contact of rough surfaces, the cubic-law

needs to be modified to account for the complexity of the velocity field in all directions (Figure

2.5a). If the nonlinearity of the stokes equation due to advective acceleration of the fluid ((~u.∇))

is neglected (e.g. the viscous terms are much larger than the advective acceleration terms, at

low Reynolds numbers), the equation can be simplified to the Reynolds boundary lubrication

equation (Reynolds, 1886) which takes into account the local distribution of apertures in

x-and-y-axes as:

∂

∂x

(
h3

(
x, y

)
12µ f

∂P

∂x

)
+ ∂

∂y

(
h3

(
x, y

)
12µ f

∂P

∂y

)
= 0 (2.7)

where h(x, y) is the local aperture field. This expression of the Reynolds boundary lubrication

equation is also known as the local cubic law and yields an equivalent hydraulic aperture hH

which accounts for surface roughness in fractures. In turn hH has been shown to respect (Zim-

mermann and Bodvarsson, 1996): 〈h−3
M 〉−1 ≤ h3

H ≤ 〈h3
M 〉, where hM denotes the mechanical

aperture of the fracture and angle brackets are used for the arithmetic mean of the quantity

(Figure 2.5c).

Several authors have tried to express hH only as a function of fracture geometry (Witherspoon

et al., 1980; Walsh, 1981; Renshaw, 1995; Brown 1987a; Brown et al., 1998; Pyrak-Nolte and

Morris, 2000; Watanabe et al., 2008; 2009; Patir and Cheng, 1978; a review can be found in

Zimmermann and Bodvarsson, 1996). Nevertheless, the effects of geometry and mechanical

loads on the hydraulic transport in rough surfaces are not yet fully understood (Rutter and

Mecklenburgh, 2017; 2018).

Fracture networks
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The mechanical and physical behavior of a fractured rock mass is not only determined by a

single fracture but rather by the interactions between several ones, and their connectivity. The

complex interactions due to fault networks will not be considered in this thesis. A basic treat-

ment of the mechanical and physical properties of fracture networks can be found in Jaeger et

al. (2007, pp.394-396), and Tanner and Brandes, (2019, pp.41-43). More complex treatments of

fracture networks can be found in Moein (2018). Interesting modelling techniques to account

for effects on reservoir fluid flow and stress changes due to fluid injection are Discrete Fracture

Network models (DFN, McClure and Horne, 2013; Bonnet et al., 2001; and Lei et al., 2017).

Figure 2.5 – Fluid flow through rough faults. a. schematic zoom on an idealized rough fault
(the fault core materials are not depicted) with the associated fluid flow and the geometrical
and hydraulic apertures. b. Fourier decomposition of the surface roughness and power
spectral density of the topography. c. Example of a 2-D fluid flow simulation on a rough wavy
fracture. Yellow areas are paths where higher fluid flow rates can be found and blue ones
where the contacts impede fluid flow.

Overall, fluid transport in spatially complex deep underground reservoirs is of major impor-

tance i) to assess the economic viability of EGS projects, ii) to design reservoir stimulations

and mostly iii) to understand and try to mitigate injection induced seismicity. The latter has

been the most important issue in the development of EGS projects in central Europe (Giardini,

2009).

2.3 Induced seismicity and the mechanics of rock failure and earth-

quakes

2.3.1 Induced seismicity

Today, the most controversial (social, economic and environmental) issue associated with

Enhanced Geothermal Systems is induced seismicity (Baria et al., 2005; Evans et al., 2012;

Foulger et al., 2018; Majer et al., 2007; Giardini, 2009; Zang et al., 2014). Induced earthquakes
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have been identified to be the result of human activities for more than a century (Foulger et al.,

2018). Figure 2.6a shows a worldwide distribution of human induced earthquakes compiled

from the Human Induced earthquake database HIQuake (Wilson et al., 2017; Foulger et al.,

2018). Induced seismicity occurs wherever industrial activities that affect the stresses in the

subsurface are developed (Figure 2.6b; Grigoli et al., 2017). The stress change can be due to the

addition of large additional surface loads (reservoir impoundment), the subtraction of loads in

the underground (mining), decreases of fluid pressure (hydrocarbon extraction) or increases

in fluid pressure in the subsurface (wastewater injection; hydraulic fracturing; CO2 storage;

geothermal reservoir stimulation). The detailed mechanisms of induced seismicity remain

today poorly understood, mainly due to the complex hydro-thermo-mechanical couplings

that operate in the deep rock reservoirs of the upper continental crust. In order to constrain

them, the fundamental understanding of rock failure (intact and faulted) across the seismic

cycle is needed.
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Figure 2.6 – Induced seismicity in geo-energy applications. a. Map of induced seismic-
ity around the world until 2016 (extracted from HIQuake, the human induced earthquake
database, Wilson et al., 2017, Foulger et al., 2018). b. Induced seismicity in geo-energy applica-
tions (Modified from Grigoli et al., 2017).
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2.3.2 Mechanics of rock deformation

Enormous amounts of stress are applied on earth’s lithosphere due to plate tectonics (Oreskes,

2018). In the simplest view, as crustal rocks deform, these stresses are partially stored as elastic

energy in them, until their final strength is reached and they fail. In the upper crust (depths

of ∼ 1 to 15 km), relatively low applied stress and temperature result in fracturing of the rock

masses when the tectonic stress is higher than the rock’s strength. This brittle failure of rocks

over geologic times results in the formation (and pervasive presence) of fractures in the crust

(Townend ans Zoback, 2001). Once formed, such fractures become zones where deformation

(or strain) is highly localized. With ongoing stressing, fractures can also accommodate strain

in an elastic manner, if the ratio of shear to normal stress applied over the fracture’s faces is low

enough. When the applied shear stress overcomes the fracture’s strength, a displacement will

be produced between its surfaces, and work will be spent across the fracture surfaces. Once

the fracture has accommodated some shear displacement over its interface, it can be called

a fault. Depending on the sliding (or slip) velocity during the displacement episodes, the

stress on a fault can either build-up at a slower rate, or the fault can release stress. The stress

release can in turn occur in a stable manner (at low slip velocities) or in the form of brutal,

uncontrolled slip episodes. The latter results in earthquakes, because the fast release of stress

and strain results in radiation of seismic waves that propagate at extremely high velocities

(some km.s−1) and can be highly damaging to the surroundings (Kanamori and Brodsky, 2004;

Scholz, 2019). Once enough strain energy from the fault’s surroundings is released, and the

stress on the fault is lower than its strength, the fault can become locked again, and the cycle

repeats. Understanding the physical processes that control both the failure of intact rocks and

the episodes of slip on preexisting faults is fundamental for earthquake hazard mitigation, as

well as for the development of safe and controlled underground geo-energy activities such as

EGS.

In the following, the basic concepts needed for studying rock (both intact and faulted) defor-

mation will be introduced. First, the concepts of stress and strain will be presented, along

with a brief introduction to fracture mechanics. Then, the description of a classic curve of

experimental rock deformation is presented. Finally, an introduction is given on rock friction

and the seismic cycle. For further details on all the mechanisms described in the following

sections, the reader is advised to refer to Lockner (1995); Paterson and Wong (2005), Lockner

and Beeler (2002), Scholz (2019), Ohnaka (2013), and Kanamori and Brodsky (2004).

2.3.2.1 Rock deformation and failure criteria

Stress and strain

We consider the effect of surface forces acting on an elementary cubic volume of continuous
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material (here rock, Figure 2.7a). The stress tensor can be written:

σ̄=

σxx τx y τxx

τx y σy y τy z

σzx τz y σzz

=

σ11 σ12 σ13

σ21 σ22 σ23

σ31 σ32 σ33

 (2.8)

with σxx =σ11, σy y =σ22 and σzz =σ33 the normal stresses to each of the cube’s faces, and

τx y =σ12, τxz =σ13, and τy z =σ23 the shear components on each face (Figure 2.7a). Note that

the convention in rock mechanics is that tensile stresses are negative and compressive ones are

positive (as opposed to the usual convention in material science). Under classic triaxial stress

conditions (σ1 >σ2 =σ3, as will be used in most of this manuscript) the principal stresses are

denoted σ1 and σ3. In two dimensions, the stress transmitted by an axial force ~F on a plane

(O,~p,~q) of surface A, oriented at an angle (θ◦) with respect to the force’s direction (Figure 2.7b)

is~σ= ~σN +~τ where ~σN and~τ are respectively the normal and shear stresses applied on the

plane ~OM . The magnitudes of the shear and normal stresses can be written:

σN = F /A.cos2θ (2.9)

=σ1 cos2θ+σ3 sin2θ

= σ1 +σ3

2
− σ1 −σ3

2
.cos2θ

and (2.10)

τ= F /A. sinθ.cosθ

= (σ1 +σ3).sinθcosθ

= σ1 −σ3

2
.sin2θ

The stress state is easily visualized in the Mohr plane (Figure 2.7c). There, the ordinates axis

is the shear stress and the abscissa, the normal stress. The stress state on planes oriented

at all angles theta ranging from 0 to 180◦ is a circle (black circle in Figure 2.7c) of diameter

(σ1 −σ3) (e.g. the differential stress applied), and center σ1+σ3
2 . When volumetric forces are

considered, they can be added or subtracted to the stress state. In particular, the pore fluid

pressure (p f ) acts in opposition to compressive stresses in rock. The simplest mathematical

treatment of the effect of pore fluid pressure is the effective stress law where the magnitudes

of the principal stresses can be written:

σ′ =σ−α.p f (2.11)

with σ′ the effective stress, σ the stress, and α the effective stress coefficient. The latter

represents the capacity of the pore space to transmit stress applied by the fluid, which opposes

the compressive stresses in rock (Brace and Martin, 1968; Nur and Byerlee, 1971; Rutter and
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Hackston, 2017). It usually depends on the geometry of the pore space (Nur and Byerlee,

1971), the compressibility of the rock grains compared to the bulk (Nur and Byerlee, 1971),

the viscosity of the fluid present in it (Brace and Martin, 1968), and the strain rate at which

the rock is deformed (Brace and Martin, 1968). Nevertheless, during rock deformation, if the

strain rate is sufficiently low and the fluid is not highly viscous, the effective stress coefficient

could be taken ∼ 1 (Brace and Martin, 1968; Paterson and Wong, 2005). In the rest of this

manuscript, we make the assumption that α∼ 1.

The natural response of any real material to an applied external force (or stress if forces are

applied over a surface) is to deform, accommodating strain (Figure 2.7a). Strain can be defined

as the spatial derivative of the displacement field (~u) at any point in the representative volume

such that the strain tensor in 3D writes:

ε̄=

εxx εx y εxx

εx y εy y εy z

εzx εz y εzz

=

ε11 ε12 ε13

ε21 ε22 ε23

ε31 ε32 ε33

=


∂ux
∂x

1
2 (∂ux

∂y + ∂uy

∂x ) 1
2 (∂ux

∂z + ∂uz
∂x )

1
2 (∂ux

∂y + ∂uy

∂x )
∂uy

∂y
1
2 (

∂uy

∂z + ∂uz
∂y )

1
2 (∂ux

∂z + ∂uz
∂x ) 1

2 (
∂uy

∂z + ∂uz
∂y ) ∂uz

∂z


(2.12)

Figure 2.7 – Stress and strain definitions. a. Schematic of stress applied on a representative
volume (left panel) and the resulting amplified strain field (in 2D, right panel). b. Principal
stresses and shear/normal stress applied on a plane under triaxial stress conditions. c. Stress
state representation in the Mohr plane.
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Fundaments of fracture mechanics

All real materials (rocks, metals, wood, polymers, etc. . . ) contain imperfections in their mi-

crostructure. When the material is loaded, stress concentrations occur at the interface between

the imperfection and the rest of the material, and result in much lower strengths than those

theoretically predicted by the material’s atomic bond breakage strength. The imperfections

(fractures, or cracks) can propagate in three different modes (Figure 2.8a): Mode I or ten-

sile loading, where the load is applied normal to the crack plane in opening. Mode I I or

in-plane shear loading, where the load is applied in the same direction as the propagation.

And Mode I I I , or anti-plane shear loading, where the load is applied perpendicular to the

crack propagation and perpendicular to the crack opening.

Based on the tensile failure of a rod with an embedded elliptical crack of length 2a, Griffith

(1921) proposed a static criterion for failure based on the energy needed to propagate the

defect. The total energy of the system Utot is the result of the work (W ) needed to extend the

crack of δc ; the change in internal strain energy, Ui nt ; and the irreversible energy spent for the

creation of new crack surface Us such that:

Utot = (−W +Ui nt )+Us (2.13)

Griffith introduced the notion of surfacic fracture energy, Γ which represents the energy

needed to create a unit area of new fracture, thus the surface energy needed to create an area A

writes Us = 2.A.Γ. The factor 2 accounts for the creation of two new unit surfaces when a crack

propagates. At the onset of crack propagation, the terms in equation 2.13 are in equilibrium,

resulting in the condition:
dU

dc
= 0 (2.14)

27



Chapter 2. State of the art

Figure 2.8 – Fracture propagation. a. Modes of fracture propagation and definition of the
coordinate axes. b. Schematic example of an elliptical crack embedded in an elastic solid. The
loading example is for Mode I propagation. The polar coordinate axis is defined from the crack
tip. Top panel shows the square root stress singularity at the crack tip.

A stress singularity (Figure 2.8b, top panel) introduced by the discontinuity in the material

is due to the existence of a crack. It can be described by the stress intensity factor. Using

the elastodynamic solution for any crack geometry (Williams, 1957), combined with a limit

analysis of it (Irwin, 1957), the elastic fields surrounding a perfectly sharp, cohesionless crack,

follow a square root singularity. Under the coordinate system of Figure 2.8 the stress field at

any point in space (r,θ) can be written (for Mode I I I propagation for example):

σxz (r,θ)

σxz (r,θ)

uz (r,θ)

=


− K Ip

2πr
. sin θ

2
K I Ip
2πr

.cos θ
2

2K I I I
µ

√
r

2π . sin θ
2

 (2.15)

Similar expressions can be reached for Mode I and Mode I I propagation replacing the axis of

propagation and the stress intensity factors Kn such that: K I

K I I

K I I I

=χpπ.a

σ
0
y y

σ0
x y

σ0
y z

 (2.16)

where χ is a dimensionless factor that accounts for the crack and load geometry, a is the crack’s

half length, and σ0
i j is the far field applied stress in the reference coordinate axis (see Scholz,

2019 pp7-9 for details).

Then, the stress intensity factor can be related to the Griffith criterion by defining the energy
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release rate (G) which can be written in plane strain conditions as:

G =−−W +Ui nt

d a
=


1−ν2

E .K 2
I , Mode I

1−ν2

E .K 2
I I , Mode I I

1
2µ .K 2

I I I , Mode I I I

 (2.17)

With this formulation, the stress at the very tip of the crack becomes infinite (equation 2.15)

which is a nonphysical behavior. Because no real material can support an infinite stress, a

region of non-linear deformation has to exist near the crack tip. This region is commonly

known as a process zone, where strong microcracking and plastic processes occur. Such

processes in turn regularize the stress singularity. In order to account for all the dissipative

processes occurring near the crack tip, Irwin (1957) introduced the generalized concept of

fracture energy (Gc ) which replaces the energy required for surface creation (2.Γ) to the energy

needed to fracture the material (e.g. 2.Γ represents the energy needed for creation of new

surface area of a single crack while Gc represents the one needed to fracture the material

overall).

The Griffith criterion for fracture of a material (equation 2.14) can then be written as:

G =Gc (2.18)

For further details on the formulations of the stress intensity factors, considerations of fracture

mechanics, and the historic evolution of the energy balance, the reader is referred to the

reference textbook by Anderson (2005) and to Barras (2018, pp15-21). For the application of

this concept to rock mechanics, the reader is referred to Scholz (2019, Ch1.1.3). Furthermore,

the Linear Elastic Fracture Mechanics framework defined above can be extended to the dy-

namics of a moving crack, for details the reader is referred to the textbooks (Freund, 1998; and

Ravi-Chandar, 2004) as well as to Barras (2018, pp21-28).

Elastic, inelastic deformation, and brittle rock failure.

In stressed rocks, two main types of deformations are usually considered: i) elastic deformation

when stress levels are low, and strains remain small. ii) inelastic deformation when stresses

are high enough to overcome elastic deformation but not lead to macroscopic failure the rock.

When stresses and strains are high enough, rocks can break (failing in a brittle manner), or

flow (failing in a ductile manner) in order to accommodate ongoing deformation. We now

describe the mechanics of rock deformation based on the classic stress-strain curve presented

in Figure 2.9.
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Figure 2.9 – A classical stress-strain curve during rock deformation (Modified after Paterson
and Wong, 2005, and Acosta and Violay, 2020). Top panel The different stages are: I. Stress
induced closure of microcracks. II. Elastic deformation of the rock sample. III. Departure
from elasticity. IV. Onset of localization of the deformation. V. Macroscopic rock failure and
post-peak behavior. Lower panel Evolution of rock’s physical properties

Rocks are usually composed of grains of one or several minerals that are in contact with

one another that form the rock’s ‘skeleton’. In addition to the skeleton, the rock matrix (or

the bulk) is composed of void spaces that can be either due to space left at grain contacts,

or to space present in the crystalline structure itself. The structure and shape of this pore

space has extremely important implications for the physical properties of rocks (Guéguen and

Palciauskas, 1994; Pimienta et al., 2014; 2015a,b), as well as for rock deformation and brittle

failure (a review is given in Paterson and Wong, 2005).

During the first steps of stress application (Stage I), the stress-strain relationship in rocks

presents a concave-upward hardening phase. This initial stage is attributed to the stress

induced closure of microcracks present in the rock matrix that were previously opened. It is

accompanied by a sharp decrease of the pore volume (dilatancy) and changes in the rock’s

physical properties (increase of electrical conductivity and elastic wave velocities and decrease
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of permeability). Then, at low stress levels and small strains (Stage II), rocks usually present a

unique and linear relation between stress and strain: their behavior can be described by linear

elasticity. The most representative (mechanical) constitutive relation used to describe this

domain of stress and strain in three dimensions is Hooke’s law:

σ̄=Ci j kl .ε̄ (2.19)

=λ.tr (ε̄.I )+2.µsh .ε̄

where σ̄i j and ¯εi j are respectively the stress and strain tensors applied on a representative

volume of rock, and Ci j kl is the elastic stiffness tensor with 81 components. In isotropic

elastic media, the stiffness tensor can be simplified to the shear modulus (µsh) and the Lamé

parameters (λ). The shear modulus and Lamé’s constants can be related to the rock’s Young’s

modulus (E) and Poisson’s ratio (ν) as:

λ= Eν

(1+ν)(1−2ν)

and

µsh = E

2(1+ν)
(2.20)

During elastic deformation, usually the physical properties do not change in a significant

manner. At higher stress levels, the rock’s stress-strain relation departs from elasticity (Stage III

in Figure 2.9). At this point several microscopic processes take place in the rock matrix (Brace

and Bombolakis, 1963; Brace, et al., 1966; Fairhurst and Cook, 1966; Reches and Lockner, 1994,

Martin and Chandler, 1994, Lockner, 1995; Paterson and Wong, 2005). There is a proliferation

and propagation of microcracks all across the rock matrix. Evolution of wave velocities in

the samples showed that most of these develop parallel to the principal stress in tensile

mode. Nevertheless, when approaching failure, acoustic emission monitoring (a review of the

technique is given in Lockner, 1993) has shown that the shear events (double-couple source

mechanism) grow in number and in size until macroscopic failure is imminent. During this

stage, the trends in physical properties of rock suffer large changes (electrical resistivity and

wave velocities decrease while pore space and permeability increase). After a given stress

threshold (Stage IV), a strong localization of deformation occurs. Here, the evolution of stress

with increasing strain becomes highly nonlinear until the peak stress is reached. Microscopic

observations (Moore and Lockner, 1995) as well as acoustic emission monitoring (Lockner,

1993) show intense microcracking and coalescence of the axial cracks due to stress intensity

at their tips, leading to the formation of a macroscopic shear fracture. The shear component

of the acoustic events dominates at this stage. Finally, at the peak stress (Stage V), stress is

released with increasing strain by the formation and propagation of a shear fracture.

On the basis that preexisting cracks in rock are sources of stress concentration, microme-

chanical models have been developed for stages II, IV and V. These models are based on

the “sliding crack” assumption (Brace and Bombolakis, 1963; Brace et al., 1966) which states
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that tensile stress concentrations are located at the tips of inclined cracks in the rock matrix.

As macroscopic differential stress is increased, shear stress can initiate frictional sliding in

the cracks planes, generating tensile stress concentrations at their tips (see section 2.3.2 for

the fracture mechanics framework). Then, the initiation of stress induced microcracking;

their propagation and the conditions needed for instability can be predicted. In addition,

the interaction between micro cracks can be used to predict brittle failure as function of the

initial damage present in the rock. For the sake of shortness in this introductory chapter, the

details on these micromechanical models are not given in this section. For further details, the

reader is referred to Paterson and Wong, 2005 (Chapter 6); Scholz, 2019 (Chapter 1.2); as well

as to Sammis and Ashby, 1986; Ashby and Sammis, 1990; Brace and Bombolakis, 1963; Brace

et al., 1966. Modifications to these models at high strain rates (e.g. relevant to earthquake

propagation for example) have been done in Bhat, et al., 2012 and at high loads (e.g. relevant

to large depths) in Bhat, et al., 2011.

Macroscopic failure criteria

Because the framework of fracture mechanics usually predicts only the propagation of an

individual crack in an elastic medium, it fails to describe the macroscopic strength of heteroge-

neous rock without prior knowledge of its microstructure. Thus, it has long been of interest to

use empirical or semi-empirical approaches to describe the relationship between the stresses

at which a rock will fail (either in a brittle or ductile manner). In the following, we will consider

mostly failure in compression, thus we will not introduce tensile failure criteria. For details on

this, the reader is referred to Scholz, 2019 (Ch.1.1) and to Jaeger et al., 2007 (Ch.4).

The most used failure criterion is the Coulomb one (Coulomb, 1773), which relates the shear

stress (τ) acting on the failure plane to the normal stress (σN ) acting on it. Motion along this

plane is resisted by the friction (expressed here as the coefficient of frictionµ f r ). Prior to failure,

motion along the initially intact failure plane is resisted by cohesion (τ0 or c). Mathematically,

the Coulomb failure criterion can be expressed as:

τ= τ0 +µ f r .σN (2.21)

In the Mohr plane defined before, this criterion defines 2 spaces (intact to the right and failed

to the left) separated by a straight line (Figure 2.10). For other expressions and details of the

Coulomb (or Mohr-Coulomb (MC)) failure criteria, the reader is referred to Jaeger et al., 2007

(pp.90 to 96).

Another, widely used failure criterion among the engineering community is the Hoek-and-

Brown failure criterion (Hoek and Brown, 1980) which, is easily expressed as a functional form

of σ1 = f (σ3) For details on this criterion the reader is referred to Jaeger et al., 2007 (pp. 96

and 97). Other failure criteria can be applied to rock deformation but will not be described in

detail here.
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2.3.2.2 Friction of rocks

In the last half century, technological advancements in measuring stress and strain in the

lithosphere have shown that faults control the mechanics of the upper crust, where rocks

fail in a brittle manner (Townend and Zoback., 2000). In turn, fault motion is controlled by

friction across their surfaces (Scholz, 2019). Friction can be defined as “the resistance to

motion that occurs when a body is slid tangentially to a surface on which it contacts another

body” (Scholz., 2019). In the following paragraphs, basic concepts about friction of rocks are

presented first from a macroscopic point of view, then from a microscopic one. Finally, the

stability of friction is presented.

Macroscopic scale

From a historical point of view, friction has puzzled humanity since the beginning of times.

Academics first studied the macroscopic aspects of friction, starting with Leonardo DaVinci,

whose works were later published as Amontons laws (Amontons, 1699; Popova and Popov,

2015) stating that: i) the friction force is independent of the size of the surfaces in contact, and

ii) friction force is proportional to the normal load on the surface. Amontons’ second law can

be expressed mathematically in terms of stress applied on the surface as:

µ= τ/σN (2.22)

with µ the friction across the surfaces, and τ and σN the shear and normal stresses acting on

them.

This equation precedes Coulomb’s failure criterion where he introduced the concept of cohe-

sive strength (c) in addition to the frictional forces resisting movement (equation 2.22).

Friction µ can thus be related to the coefficient of friction µ f r by (Lockner and Beeler, 2002):

µ= τ

σN
(2.23)

= c

σN
+µ f r

Rigorously, the two terms are equivalent only when the cohesive strength is null, but in practice,

the two terms are abusively interchanged.

Another observation of Coulomb (1773) (probably inspired by DaVinci’s works) was that the

force needed to start sliding on two surfaces is higher than that to keep them sliding. Thus,

defining the concepts of static and dynamic (or kinetic) friction (µs , and µd with µs > µd ).

Later, Byerlee (1978) compiled a large number of experiments on a wide number of different

rock lithologies and showed that, to the first order, the maximum shear strength of crustal rocks

is independent of mineralogy (except for some phyllosilicates and other layered minerals) and
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shows a bilinear dependence on normal stress as (Figure 2.10):

τ= 0.85.σN f or σN < 200MPa , and (2.24)

τ= 50+0.6.σN f or 200 <σN < 1700MPa.

This observation is known as “Byerlee’s rule” and was a leap forward for earthquake mechanics

because it helps predict fault and fracture strengths (because the static friction usually ranges

between 0.6 and 0.85).

Figure 2.10 – Friction of rocks and illustration of the Mohr-Coulomb failure envelopes.
(Modified from Byerlee, 1978). The figure in black represents measurements of maximum
shear stress sustained as function of normal stress in a variety of rocks. Modifications in red
illustrate the Mohr-Coulomb failure envelope for intact rock (as an example), as well as the
effect of differential stress increase and pore pressure increase on the Mohr’s circles.

Microscopic scale

With the advent of microscopy, academics realized that surfaces are not planar features but al-

ways present an intrinsic topography (or roughness) at small scales. Thus, the contact between
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surfaces is determined by small patches called asperities whose local contacts constitute the

real contact area (Ar ) which is much smaller than the nominal (or apparent) contact area (A).

This observation led to the modern theory of friction, today attributed to Bowden and Tabor

(2001). Their theory states that friction between the mating surfaces is controlled at the asperity

level. Asperities are deformed in response to normal and shear stress, and accommodate a

large part of the stress applied on the surface by deforming close to their yield stress (or plastic

limit), resulting in a mathematical expression such that:

N = p.Ar ; T = s.Ar (2.25)

and

µ= T

N
= s

p

with T and N being the applied frictional and normal forces respectively; s the intrinsic shear

strength of the material, and p its penetration hardness (in response to normal loading).

This law satisfies both Amontons’ laws for macroscopic friction because the frictional force

depends only on Ar and not on A, and is proportional to Ar thus to the normal stress applied

on the surface.

This theory has nevertheless several limits (Scholz, 2019, ch.2.1):

i) contacts might not deform until their plastic limit but only elastically, presenting a smaller

deformation than predicted by the plastic yielding limit thus, the real contact area is overesti-

mated, and so is friction.

ii) it relies on the fact that to initiate sliding, only adhesion between the surfaces needs to be

overcome. Therefore, it does not predict cases where other failure processes are involved such

as asperity ploughing and riding, and brittle failure rather than plastic yielding.

iii) it does not consider the environmental effects on asperity contact. Such effects can be fluid

pressures, temperature, sliding velocity and surface roughness. Other microscopic theories

for friction exist in the literature but will not be detailed in this section. For a thorough review

of contact mechanics, the reader is referred to Popov, 2010.

Experimental observations have verified the applicability and limits of such laws (Yamada et

al., 1978; Yoshioka and Scholz, 1979b) but were often limited by the measurement resolution

of surface topography, and the impossibility to measure stress at the microscopic contacts.

With the advent of computer simulations, these limitations could be surpassed and the ap-

plications and limits to the Bowden and Tabor theory of contact can today be fully tested

(Anciaux and Molinari., 2009; Yastrebov et al., 2012, 2015; Vakis et al., 2018; Barras et al., 2019c).

Stick-slip and the stability of frictional sliding.

Once sliding has initiated, the interface (or fault in this case) can either slide in a slow-stable

manner or accelerate towards a dynamic instability (Figure 2.11). The first order condition that

determines the stability of sliding, is illustrated in Figure 2.11 by a spring-slider mechanism
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(Scholz, 1998; 2019; Marone, 1998). The interface between the slider and the rigid plane below

is analogous to a fault where tangential forces (T ) (or frictional forces in this case) develop as

a result of a normal loading (N ) and a loading (at constant velocity v , analogous to tectonic

loading for example) of the attached spring (of stiffness K , and analogous to the material

surrounding a fault). If the release of frictional force with slip (slope Kc ) is smaller than the

stiffness of the spring (slope K ), the fault will slide in a stable manner (dotted line in Figure

2.11b). On the other hand, if Kc > K , sliding on the fault will result in a dynamic instability.

When the dynamic instability occurs, energy is released in the form of fast increase in slip

and release of stress across the fault. When enough energy is released, the interface will stop

sliding and heal (e.g. stick). With ongoing loading, the condition for instability can be achieved

again (e.g. slip) and the cycle repeats. This phenomenon is known as regular stick-slip and

can be considered as an analogue for earthquakes (Brace and Byerlee, 1966).

Figure 2.11 – The stability of slip illustrated on a spring-slider model. a. the spring-slider
mechanism. b. evolution of tangential (or frictional) force with slip and the stability of friction.

Constitutive laws for (unstable) frictional sliding

The evolution of frictional force (or friction coefficient as most commonly used) on the fault

with increasing displacement can be usually described either through slip-dependent laws or

through rate-and-state dependent laws.

On the one hand, slip dependent models state that during the stick-slip cycle, the friction on

the fault first rises from its initial value (µ0) to its peak value (µp ), it then weakens to its residual

value (µr ) either linearly (Ida, 1972; Andrews, 1976, Campillo and Ionescu, 1997; Figure 2.12a)

or nonlinearly (Ohnaka, 2013; Figure 2.12b) over a given distance Dc . The fault can then

continue slipping at the residual friction. In a linear decay of friction, the slip weakening law

is written:

µ(u) = µp −µr

Dc
.u i f u < Dc (2.26)

µ(u) =µr i f u > Dc
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Under this formulation, the condition for instability of slip takes the form:

(µp −µd ).σ′
N

Dc
> K (2.27)

This model has often been used for dynamic earthquake ruptures (Palmer and Rice, 1973) due

to its simplicity and the similarity with earthquake energetics. Nevertheless, under this model,

once the fault has weakened, there is no mechanism that allows it to regain its strength, thus

if fails to describe consecutive stick slip cycles. It is noteworthy that recent understanding

of fundamental physics has shown that the slip weakening model might be biased (Barras et

al., 2019a; 2019b). Indeed, it would seem that the residual stress cannot be a property of the

interface but rather that it should evolve as a function of the fault geometry, the peak stress,

the elastic properties of the surrounding medium, and on the rate dependence of friction.

Such results call for careful consideration of the slip-weakening models.

On the other hand, rate-and-state (RSF) dependent models (Dieterich, 1979; Ruina, 1983) are

empirical laws derived from two main laboratory observations: i) that the frictional force has a

logarithmic dependence on the slip velocity (or on the rate; Rabinowicz, 1956; Dieterich, 1972)

and ii) that the frictional force has a logarithmic dependence on the time that the surfaces are

in contact (or on the fault’s state; Scholz et al., 1972). The RSF law writes therefore:

µ(v,θ) =µ0 +a ln
v

v0
+b ln

vθ

δc
(2.28)

where v is the fault’s slip velocity, v0 a reference velocity, a and b are frictional properties

of the fault and δc a characteristic slip weakening distance (note that δc can differ from Dc

in the slip weakening model, Cocco and Bizarri., 2002). Under this formulation, frictional

sliding can be stable (or velocity strengthening) if, as a response to velocity increase, the fault

becomes stronger (e.g. (a −b) > 0, Figure 2.12c). On the other hand, frictional sliding has

the potential to be unstable (or velocity weakening) if the fault’s strength is lower as velocity

increases (Figure 2.12d).

The variable θ is commonly called the state variable and represents the strengthening of

surfaces at rest with contact time due to a temporal increase in contact area (Dieterich and

Kilgore, 1994). It can take different functional forms that are today still debated (e.g. the

Dieterich or aging law; the Ruina or slip law; or some other differential equation form. None

of them fully fits the experimental observations, Scholz, 2019). Under this formulation, the

condition for instability of slip takes the form:

(a −b).σ′
N

δc
> K (2.29)

A major advantage of RSF laws is that they can reproduce both laboratory observations of

frictional sliding at low sliding velocities (∼ 0.001 to 10 µm.s−1; Marone, 1998; Lockner and

Beeler, 2002; Scholz, 2019) and large scale observations of consecutive episodes of fault slip
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(Rubin and Ampuero, 2005; Ampuero and Rubin, 2008; Chen and Lapusta, 2009; Kaneko and

Lapusta, 2008). Nevertheless, Rate-and-State friction laws present several problems i) the

physics behind these laws remain poorly understood despite many efforts in microphysical

interpretation of its parameters (Ikari et al., 2016; Van den Ende et al., 2018; Chen, Niemeijer

and Spiers, 2017; Aharonov and Scholz, 2018 ; Perfettini and Molinari, 2017; Molinari and Per-

fettini, 2017; Li and Rubin, 2017; Molinari and Perfettini, 2019; Barbot, 2019). ii) at conditions

representative of earthquake nucleation (high stresses, fluid pressures, high temperatures)

many physical mechanisms can operate that allow faults to deviate from the behavior pre-

dicted by RSF (Stesky et al., 1974; Blandpied et al., 1991; 1995; Passelègue et al., 2019; Giacomel

et al., 2018). iii) at conditions representative of earthquake propagation (e.g. high slip rates),

dynamic weakening mechanisms can operate and the rate and state friction cannot predict

the fault’s frictional behavior (Tullis, 2007; Brodsky and Kanamori, 2001)

Figure 2.12 – Schematic illustration of slip dependent and Rate-and-State dependent laws.
a. linear slip weakening law (Ida, 1972; Andrews, 1976). b. non-linear slip weakening law
(Ohnaka, 2013). c. Rate-and-State friction law under velocity strengthening conditions ((a −
b) > 0). d. Rate-and-State friction law under velocity weakening conditions ((a −b) < 0). Dark
grey areas represent sliding at velocity v1 and light grey ones at velocity v2 with v2 > v1.

2.3.3 The seismic cycle

To the first order, earthquakes are sudden slip episodes in otherwise locked faults. Earthquake

slip occurs rapidly (at slip velocities of some meters per second) in the form of a rupture

propagating at some kilometers per second across the fault surface. The sudden motion of

the fault releases a part of the strain energy accumulated during interseismic loading, that
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may be released through seismic waves which can be destructive to the surroundings. A large

earthquake is often associated with the failure of a large region of the seismogenic fault (or a

large asperity) while a small earthquake is associated to the failure of a small asperity of the

fault (See the paragraph on earthquake scaling laws).

A fairly accurate concept of the earthquake cycle, divided into 5 main phases, is presented

in Figure 2.13a (Ohnaka, 2013, based on the elastic rebound theory of Reid, 1911). In this

concept, a brittle, inhomogeneous region of a large fault is considered. The deformation

produced by plate tectonics is localized in the area surrounding the main fault during the

interseismic period (Phase II in Figure 2.13a). Ongoing deformation on a (nearly locked) fault

that is well below the critical stress level leads to a buildup of stress on the fault surface (dotted

green line in Figure 2.13b). During the beginning of phase II, the strain energy stored in the

fault’s surroundings is minor and the stress applied on the faults surfaces is much lower than

the fault’s strength. In the later phase II, the strain energy arrives to a critical level where

the fault’s contacts cannot sustain it anymore. At this point, the smaller fault patches start

to slide in a slow manner, partly releasing stress (Phase III, and blue lines in Figure 2.13b).

Then, when enough elastic energy has accumulated, and the stress is at a critical level on

the main asperity, the mainshock rupture of the largest asperity nucleates, accelerating in an

uncontrolled manner (end of the blue curves in Figure 2.13b). The mainshock propagation

ensues (Phase IV, red lines in Figure 2.13b), accompanied by a rapid (some seconds long)

stress drop (usually between 0.1 and 10 MPa in natural faults), fast slip (on the order of some

millimeters to some meters), and the radiation of seismic waves. When enough energy is

dissipated, the rupture arrests, and the fault stops slipping and releasing stress (Phase V, orange

line). The occurrence of a mainshock results in a redistribution of strains and stresses over the

whole fault surface, leading to potential aftershocks.

Of course, this is an idealized understanding of the seismic cycle. In reality, there are many

aspects that could change. In particular, the discovery of slow slip events in the last three

decades has led researchers to reevaluate the whole concept of the seismic cycle and the

seismic-aseismic slip interactions among given faults (Reviews of these processes can be

found in: Roeloffs, 2006; Ide et al., 2007; Peng and Gomberg, 2010; Avouac, 2015; Obara and

Kato, 2016; Harris, 2017; Michel et al., 2019). The presented concept remains nevertheless

efficient to study earthquake physics. In this thesis, we have studied two main aspects of the

cycle in the laboratory, the nucleation and propagation phases in the presence of pressurized

fluids (respectively phases III and IV).
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Figure 2.13 – The seismic cycle. a. Conceptual description of one earthquake cycle on a master
fault divided into five phases (Modified from Ohnaka, 2013). b. Schematic visualization of
the earthquake cycle in terms of stress – displacement diagram (Modified from Passelègue,
2014). The colors of the curve correspond to each of the phases in panel a. The light grey area
corresponds to the nucleation phase and the dark grey area corresponds to the propagation
phase. c. Schematic visualization of an earthquake cycle in terms of time – position along
fault (Modified from Ohnaka, 2000). Hatched zone represents the portion of the fault that is
currently slipping. The rupture velocity ranges are taken from Shibazaki and Matsu’ura (1998).

Nucleation (Phase III)

One well known model for the nucleation phase of an earthquake is a phase where the frictional

rupture develops starting from a stable, quasi static state (where v< 0.01 µm.s−1, with an

exponential acceleration on time, Latour et al., 2013). Then, the rupture grows through an

unstable acceleration phase (with v ∼ 0.01-10 µm.s−1 and slip acceleration as an inverse

power law of time, Latour et al., 2013). The nucleation phase ends when the rupture is large

enough (with a half-length larger than the critical nucleation length, Lc ), and it can propagate

dynamically at rupture velocities in the order of some kilometers per second, emitting seismic

waves (Figure 2.13c).It is noteworthy that this model for earthquake nucleation was developed

from laboratory observations (Ohnaka and Shen, 1999; Ohnaka, 2013), but other theories for
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the initiation of an earthquake exist in the literature.

The most important parameter in nucleation theory stated before is the critical nucleation

length (Lc ) because it determines the minimum size needed for a rupture to propagate dy-

namically. Under linear slip-weakening laws as defined in Figure 14 (Uenishi and Rice, 2003),

and RSF laws (Rubin and Ampuero, 2005), this parameter can be respectively written:

LSW
c =C SW .µsh .

Dc

σ′
N .(µs −µd )

(2.30)

and

LRSF
c =C RSF .µsh .

δc

σ′
N .(a −b)

(2.31)

where C∗ are geometrical constants that depend on the problem geometry (C SW = 1.158 for

anti-plane faults for example (Campillo and Ionescu, 1997)). This spatio-temporal under-

standing of nucleation (Figure 2.13c) was derived from laboratory observations of rupture

initiation in large (∼ 50 cm) unconfined granite blocks (Ohnaka et al., 1986; Yamashita and

Ohnaka, 1991; Ohnaka and Kuwahara, 1990; Ohnaka and Shen, 1999; Ohnaka, 2000) and

has been later refined through laboratory experiments in both rock analogs (BenDavid et al.,

2010a; BenDavid and Fineberg, 2011; Nielsen et al., 2010; Latour et al., 2013; Selvadurai et al.,

2017; Guerin-Marthe et al., 2018) and in real rock samples (McLaskey, 2019) through both,

unconfined (McLaskey and Kilgore 2013; Yamashita et al., 2018), and confined experiments

(McLaskey and Lockner, 2014; Harbord et al., 2017; Passelègue et al., 2017), always under

nominally dry conditions.

This vision of earthquake nucleation is also reproduced and understood by theoretical (Ida,

1972; Andrews, 1976; Campillo and Ionescu, 1997; Uenishi and Rice, 2003) and numerical

models under RSF laws (Lapusta et al., 2000; Lapusta and Rice, 2003; Rubin and Ampuero,

2005; Ampuero and Rubin, 2008; Kaneko and Ampuero, 2011; Noda et al., 2013; Kaneko et al.,

2016; Dublanchet, 2018). Nonetheless, few natural earthquakes seem to present a nucleation

phase. Recent seismological observations have shown that large crustal earthquakes can be

preceded by precursory processes, such as precursory seismic signals (Ellsworth and Beroza,

1995; 1998; Beroza and Ellsworth, 1996; Tape et al., 2018); transient aseismic slip events (Ruiz

et al., 2014, 2016; Kato et al; 2012, 2016; Socquet et al. 2017; Graham et al., 2014; Radiguet et

al., 2016; Borghi et al., 2016; Voss et al., 2018) or by foreshock sequences (Jones and Molnar,

1976; Dodge et al., 1996 ; Bouchon et al., 2011; Bouchon et al., 2013; Papadopoulos et al., 2010;

2018; Kato et al., 2012, 2016; Graham et al., 2014; Ruiz et al., 2014, 2017, Doi and Kawakata,

2012; among others) occurring prior to the main instability. These precursory processes are

expected to be linked to the nucleation of the mainshock but a large debate is still ongoing

with regards to the physical processes that control this nucleation phase (Ellsworth and Beroza,

1995; Bouchon et al, 2011; Mignan, 2014; Gomberg, 2018). One end member, known as the
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cascade model, suggests that foreshocks are classical earthquakes where one earthquake can

trigger another in a random fashion and finally lead to a larger one (Helmstetter and Sornette,

2003; Ellsworth and Bulut, 2018). Another vision, known as the pre-slip model, suggests those

foreshocks are not classical events, but events linked to a particular large earthquake driven

by slow slip on the fault (Bouchon et al., 2013; Kato et al., 2012; 2016; Ruiz et al., 2014, 2017;

Socquet et al., 2017; Tape et al., 2018; Voss et al., 2018). Under this second vision, earthquakes

could –in theory- be predicted. The co-existence of these two visions seems related to the

difficulty in understanding the source processes operating during earthquake initiation.

Propagation and dynamic weakening (Phase IV)

The propagation phase of an earthquake is a phase where the frictional rupture has reached

the critical size and runs in a dynamic manner, unlocking the fault at its passage and radiating

seismic waves. As the fault is unlocked, a large portion of it slips at velocities ∼ 0.5 to 5 m.s−1.

Given the high stresses found at depths where earthquakes nucleate (∼ 3 to 15 km), and

the fact that slip is highly localized in a small thickness (t) of the fault core (Chester et al.,

1993; Chester and Chester, 1998; Wibberley and Shimamoto, 2003; Rice, 2006), during the

propagation phase, the fault is expected to produce large amounts of frictional heat. For

example, at say 7 km depth, the shear strength of a fault should be τ0 ∼ 75 MPa at the onset of

slip (Rice, 2006). If the fault were to slip at a constant velocity v ∼1 m.s−1 for a time tsl i p ∼1 s,

and sustaining a constant shear strength, the temperature rise over that fault would be (Rice,

2006):

∆T = τ0.v.tsl i p

ρ.cp .t
∼ 2780◦C (2.32)

at the fault core, taking a fault thickness of 10 mm. This temperature is impossible to sustain

because at temperatures ∼ 1000◦C most fault minerals melt and dramatically lose their me-

chanical resistance. It is thus mandatory during earthquake propagation, that the shear stress

applied on the fault diminishes to much lower values than the maximum shear strength.

The observation during earthquakes, that faults do not produce a considerable (measurable)

heat flow anomaly (Brune et al., 1961; Lachenbruch and Sass, 1980), led academics to propose

that strong weakening mechanisms operate during earthquake slip at high speeds (reviews

of these processes can be found in Tullis, 2007 and DiToro et al., 2011). With the advent of

rotary shear apparatuses in the laboratory, frictional experiments with infinite slip conducted

at earthquake slip rates, and moderate stress conditions could be used to study such thermally

activated weakening mechanisms (Figure 2.14; Spray, 1987; Tsutsumi and Shimamoto, 1997;

DiToro et al., 2010 (rendiconti lincei)). Among the main mechanisms are:

• elasto-hydrodynamic lubrication (Brodsky and Kanamori, 2001; Bayart et al., 2016a;

Cornelio et al., 2019a; 2019b). This mechanism originates from the well-known hydro-

dynamic lubrication mechanism used in many engineering applications. There, a fluid

film lubricates the solid contacts and reduces friction between them. A similar idea was

applied by Brodsky and Kanamori (2001), stating that in rock-rock contacts, in presence
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of fluid pressure, the friction can weaken depending on the sliding velocity, thickness of

the fluid film, the fluid pressure and its viscosity. While this is not a thermally activated

mechanism, it is relevant to many earthquake mechanisms (Cornelio et al., 2019a; 2019b,

2020a).

• micropowder lubrication (Rabinowicz, 1955; Reches and Lockner., 2010; DePaola et al.,

2015; Green et al., 2015; Aghababaei et al., 2016). This mechanism states that the wear

products from frictional sliding (e.g. fault gouge) can act as a lubricant for the sliding

process. In a similar manner to roller-bearings, microscopic rock particles located

between the two frictional surfaces allow strong decreases (but also increases) in friction

with a dependence on sliding velocity, total slip and temperature.

• flash heating and weakening (Rice, 2006; Rempel, 2006; Rempel and Weaver, 2008; Beeler

et al., 2008; Noda, 2008; Goldsby and Tullis, 2011; Chen and Rempel, 2014; Passelègue

et al., 2014; 2016a; Spagnuolo et al., 2015; Hayward et al., 2016; 2019; Brantut and Platt,

2017; Acosta et al., 2018; Brantut and Viesca, 2017). This mechanism states that the

small contacts which sustain most of the fault’s mechanical load are stressed close to

their yield stresses (Bowden and Tabor, 2001), thus, when frictional sliding occurs, the

temperature at the contacts rises abruptly, quickly reaching the thermal decomposition

(or melting) temperature of the contacts. As they lose their mechanical properties, the

fault loses its strength, leading to extremely low friction coefficients and shear stresses

sustained by the fault. A reference velocity for the operation of flash heating is ∼ 0.1

cm.s−1.

• rock melting (Spray, 1987; Hirose and Shimamoto, 2005; Nielsen et al., 2008; Niemeijer

et al., 2011; Passelègue et al., 2016b; DiToro et al., 2011; Violay et al., 2014b; 2015a).

This mechanism operates at large slips and high slip velocities, when a large part of

the frictional surface becomes lubricated by the pervasive presence of melted rock.

Once the rock has melted, the friction on the fault is controlled by elasto-hydrodynamic

lubrication (Brodsky and Kanamori, 2001; Bayart et al., 2016; Cornelio et al., 2019a;

2019b, 2020a) but the heat flow is reduced (due to the lower stress). The melt can

therefore re-solidify, and the fault can re-gain an even higher shear strength (Proctor et

al., 2016). A mathematical treatment of this mechanism can be found in Nielsen et al.

(2008).

• thermal pressurization of pore fluid (Sibson, 1973; Lachenbruch, 1980; Mase and Smith,

1987; Rempel and Rice, 2006; Rice, 2006; Rice and Cocco, 2007; Hirose and Bystricky.,

2007; Sulem and Famin, 2009; Brantut et al., 2010; Violay et al., 2015a; Viesca and

Garagash, 2015; Urata et al., 2015; Brantut and Platt, 2017; Acosta et al., 2018). This

mechanism states that, during frictional heating, fluids trapped in an impervious sec-

tion of the fault increase in pressure due to shear heating. As the fluid pressure rises,

the effective stress on the fault decreases, leading to a strong weakening of the fault.

This mechanism is controlled by the hydraulic properties of the fault zone and by the

thermophysical properties of the fluids. In addition, this mechanism can also operate
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due to dehydration of fault minerals during seismic slip (Hirose and Bystricky, 2007;

Sulem and Famin., 2009; Brantut et al., 2010) when it is rather known as “thermal de-

composition pressurization” (Niemeijer et al., 2019). It is noticeable that direct evidence

of this mechanism remains elusive in laboratory experiments.

• other weakening mechanisms such as interface vibrations; elastic and permeability

mismatches; acoustic fluidization; and silica-gel lubrication have also been studied

but will not be detailed in this section. For reviews on these mechanisms, the reader is

referred to Tullis (2007) and DiToro et al. (2011).

It is noteworthy that recent studies of conventional fracture mechanics combined with crack-

like dynamics are able to predict many aspects of dry earthquake rupture propagation (Kam-

mer et al., 2012; 2015; 2016; Svetlizky and Fineberg, 2014; Svetlizky et al., 2016; 2017; Bayart et

al., 2016b; Kammer and McLaskey, 2019). The understanding of interactions between these

mechanisms has brought major insights to earthquake science (Scholz, 2019) but many as-

pects of the physics of earthquake propagation remain elusive. In particular, the interactions

between fluids and fault rocks can be improved through the reproduction of realistic stress,

fluid pressures, and temperatures in the laboratory.

Figure 2.14 – Dynamic weakening during earthquake propagation. (Modified from DiToro
et al., 2011). Steady state friction coefficient as function of sliding velocity in frictional sliding
experiments. At velocities >1-10 cm.s−1, thermal effects lead to strong reductions in friction
coefficient.

Energetics.

Earthquakes are usually considered as propagating (planar) shear cracks (mode II or mode

III cracks). As such, the problem of inelastic yielding at the crack tip needs to be combined
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with the evolution of friction behind it (Fialko, 2015). A simple way to make the link between

them is to consider the shear fracture energy Gc as the work needed to decrease shear stress

on the fault from the shear strength (here noted σ0) to the residual strength (σr ) over the slip

weakening distance Dc (Palmer and Rice, 1973):

Gc =
∫ Dc

0
(σ(u)−σr )du (2.33)

This expression can be extended to other friction laws such as RSF (Rubin and Ampuero, 2005;

Ampuero and Rubin, 2008). It is noteworthy that some limitations exist to this concept (see

Tinti et al., 2005; Fialko, 2015; and Nielsen et al., 2016 for details) but for the purpose of this

introductory chapter, we will use the slip weakening model hereafter.

The change in potential energy associated to the earthquake can be expressed as:

∆W = (τ̄0 − τ̄r )ū A (2.34)

with the top bar describing a spatial average across the ruptured surface A, and u the total

slip. This change in potential energy is dissipated through i) the energy needed for crack

advancement (or for breakdown, EG ); ii) frictional energy distributed into shear heating and

viscous-plastic processes (EF ); and iii) radiated energy (ER ) by seismic waves. The potential

energy change can thus be written:

∆W = EG +EF +ER (2.35)

for the propagation of a planar shear crack it is often assumed that, EG ∼ Gc . This energy

partition under a simple slip weakening model is presented in Figure 2.15.

If one includes all the inelastic work spent for the advancement of the shear crack into EG

(as opposed to only the energy needed to create new crack surface), it can be called G ′, the

effective fracture energy or breakdown work. It is noteworthy that the presented energy

balance is widely simplified, for a detailed analysis of fracture energy considerations in theory,

laboratory and natural earthquakes, and observations of the earthquake energy budget the

reader is referred respectively to Fialko, 2015; Nielsen et al., 2016; and Tinti et al., 2005.
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Figure 2.15 – Energy partition during an earthquake under linear slip weakening law. EG

is the effective fracture energy (or breakdown work), ER the radiated energy, and EF is the
frictional energy (usually considered as heat).

Earthquake source and scaling laws.

The seismic waves that are radiated from an earthquake can be recorded at the surface and

used to estimate several physical features of an earthquake. Seismology usually assimilates

the earthquake to a point source where the total displacement u occurs. Then, using the

conservation of momentum (e.g. assuming that the fault is enclosed in an elastic space), it is

possible to determine the two (perpendicular) equivalent forces that generate a stress field

associated to the displacement u. Those forces have moment equal to:

M0 =µsh .u.A (2.36)

where µsh is the rock’s shear modulus, and A the rupture area. Note that the moment of

an earthquake can be determined either from the integral of the far-field displacement or

from the amplitude of the near-field displacement (when resolvable). For further details on

elements of seismology, the reader is referred to reference textbooks (Aki and Richards, 2002;

Stein and Wysession, 2009; Shearer, 2019).

The moment-magnitude (today called only magnitude) of that given earthquake (with moment

expressed in Newton.meter) is (Hanks and Kanamori, 1979):

Mw = 3

2
.log10(M0)−6.07 (2.37)

This measure of magnitude is directly related to the energy dissipated during the earthquake

(or its moment and it does not saturate (contrary to the Richter magnitude scale (Richter;

1935)) and thus is the reference magnitude scale used now-a-days.

Since the advent of seismology, several scaling relationships for earthquakes have been demon-

strated. Regarding the static properties (e.g. the properties that depend only on the initial
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and final states reached by the fault) can be distinguished (Kanamori and Brodsky, 2004). The

most significant is the scaling between the seismic moment and the rupture area:

M0 ∝ A
3
2 (2.38)

Using crack models, the static stress drop can be estimated as (Kanamori and Brodsky, 2004):

∆σs =C .µsh .
ū

L
(2.39)

where C is a geometric constant of order unity (∼ 7π
16 fr a circular crack and ∼ 2

π for a fault of

length (L) much larger than its width (W )).

Combining these relations implies that the (static) stress drop is fairly constant (∼ 1-10 MPa)

during earthquakes having moments in the range 1018 to 1023. The dynamic properties are

of interest because the damage associated to the earthquake are strongly dependent on the

velocity of the rupture front (Madariaga, 1983). Among them, a notable scaling property is

that of the seismic moment and the duration (t̄) of the earthquake as M0 ∝ t̄ 3 this relation

allows for the determination of the seismic moment uniquely from the corner frequency

of the body-wave source spectra. For further information on the dynamic properties of an

earthquake, the reader is referred to Kanamori and Brodsky (2004), and Stein and Wysession

(2002). It is noteworthy that a recent, expanding research topic in earthquake science are

the scaling relationships that could apply for slow earthquakes (Ide et al., 2007; Peng and

Gomberg, 2010; Romanet et al., 2018; Michel et al., 2019)

A remarkable scaling property of earthquakes is between the effective fracture energy (or

breakdown work, G ′) and the total earthquake slip u as follows:

G ′ = a.uα (2.40)

with a being a scaling prefactor and α a power usually between 1 and 2. The existence of such

relation implies that it would theoretically be possible to constrain the energy budget for a

wide range of moment magnitudes and constrain their dynamics (Brantut and Viesca., 2017).

This scaling property was first established based on seismological observations of earthquakes

by applying the energy budget presented in equation 2.35 (Abercrombie and Rice, 2005). For

seismological estimations of fracture energy to be valid, the energy dissipation during the

mainshock needs to be as depicted in Figure 2.15. To rephrase, the main assumption is that

the dynamic (or breakdown) stress drop equates the static stress drop with no undershoot

or overshoot. Another study that proposed a similar scaling relationship is that of Tinti et

al. (2005). This time, the authors imposed the slip retrieved from kinematic inversions into

the boundary conditions of dynamic simulations; retrieving the evolution of stress. It is

noteworthy that the power exponent was radically different in the two studies (α=1.28 for

Abercrombie and Rice (2005) and α=1.81 for Tinti et al. (2005)). Building on this concept,

studies have probed this relationship with theoretical bases (Viesca and Garagash, 2015;
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Brantut and Platt, 2017), showing that, for small earthquakes with u < 10−2 m (e.g. Mw < 5,

Zoback and Gorelick, 2012), the power α should be close to 2. When earthquakes become

larger, with u > 0.5 m (and Mw > 6.5), α ∼ 2
3 if the main weakening mechanism is thermal

pressurization (Viesca and Garagash, 2015) or if the rupture behaves as a propagating crack at

constant speed (Brantut and Viesca, 2017). If the driving mechanism is flash heating (Rice,

2006; Brantut and Viesca, 2017), α∼ 1
2 but it is unlikely that this mechanism is the main driver

of the rupture at large slips (Brantut and Viesca., 2017; Brantut and Platt., 2017; Acosta et al.,

2018). The change in scaling properties seems to be due to the additional dissipative processes

that operate in large slip frictional ruptures if compared to a pure dynamic crack propagation,

where most of the dissipation is localized in the crack-tip zone (Barras et al., 2019b). It is

noteworthy that several experimental studies under different configurations have confirmed

this property with slight changes in the exponents (Passelègue et al., 2016a; Acosta et al., 2019;

Nielsen et al., 2016; Cornelio et al., 2019a).

2.4 Hydro-mechanical coupling in faulted rocks/reservoirs

The application of a mechanical load to a porous fractured medium has the effect of changing

the shape of the pore space. If the load is applied fast enough, fluid does not have time to

diffuse, generating overpressures in the rock volume which in turn heterogeneously modifies

the stress state of the rock. Examples of this undrained response can be fast fluid injections

into a deep reservoir or fluid pressurization during fast slip events in faults (earthquakes). In

turn, if the load is applied slowly enough, fluids will be able to escape, and reach an equilibrium

state. Then, a large part of the considered rock volume will be at the same effective stress state.

In this section, we provide some examples of recent advances in hydro-mechanical coupling

both at the scale of the rock matrix and at the scale of the rock mass which are relevant for the

rest of the manuscript.

2.4.1 Influence of mechanical loads on fluid flow

2.4.1.1 At the scale of the rock matrix

At the scale of the rock matrix (some centimeters), two main types of mechanical loads

can affect the fluid transport properties (permeability), mainly by changing the pore space

structure and connectivity.

On the one hand, fully isotropic loads (σ′
1 =σ′

2 =σ′
3, or effective confinement) will (in most

cases) reduce the pore space volume, generating overall compaction (Brace et al., 1968; Zoback

and Byerlee, 1975a; 1975b; Walsh and Brace, 1984; Morrow et al., 1984; Nasseri et al., 2009;

Wang et al., 2013). As a consequence, i) the overall porosity of the sample will be reduced,

and ii) the connectivity of the pore space will decrease. Both effects tend to reduce the rock’s

permeability (Figure 2.16a). The amount of permeability reduction is strongly dependent i)

on the total porosity of the rock (David et al., 1994; Regnet et al., 2019) and ii) on the rock’s
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microstructure, thus on the amount and orientation of microcracks, equant pores and their

connectivity (Guéguen and Kachanov, 2011; Pimienta et al., 2017a;2017b; Regnet et al., 2019).

It should be noted that, at low effective confinements, increments in confinement usually have

a strong influence on permeability decrease (Guéguen and Dienes, 1989; Wang et al., 2013;

Pimienta et al., 2017b). At high confinement, most of the micro cracks will be already closed,

thus further increases in confinement will have little influence on the rock’s permeability. The

confinement value at which this occurs is usually called the percolation threshold.

On the other hand, deviatoric loads (for example σ′
1 >σ′

2 ≥σ′
3) can have two different types

of effects (depending on their magnitude) on the effective confinement and on the rock’s

microstructure (Figure 2.9). At low σ′
3, in low porosity rocks, an increase in σ′

1, first has the

effect of closing the microcracks that are favorably oriented with respect to the stress field,

thus decreasing the sample’s permeability. Then, further increases in σ′
1 (e.g. during elastic

deformation) do not greatly affect the permeability of the rock. Once the onset of dilatancy

(C ′) is passed, rock permeability increases due to damage (Zoback and Byerlee, 1975a; Mitchell

and Faulkner, 2008). Note that the case of high porosity rocks is somewhat different due to the

collapse of the pore space at high stresses but will not be detailed here. For further information

on this process the reader is referred to Wong and Baud (1999); Baud et al. (2004); Zhu et al.

(2010), and Ballas et al. (2015).

It is noteworthy that the changes in pore space with differential loads are highly dependent

on the deformation mode of the rock. The above trends are valid for rock failure in the brittle

domain (e.g. low confinement, low temperature and relatively high strain rates). If the rock

is deformed in the ductile domain (high confinement, high temperature and slow strain

rates), the processes can drastically change, leading to an overall reduction on porosity and

permeability with increasing deformation (Evans et al., 1990; Wong and Baud, 2012; Violay et

al., 2012; 2015b; 2017).

Interesting studies and reviews of the permeability evolution with stress can be found in

Zoback and Byerlee (1975a); Heiland (2003); Paterson and Wong (2005); and Rutqvist and

Stephansson (2003).

2.4.1.2 At the scale of the rock mass

As described in section 2.2.1, deep reservoirs are usually highly fractured, and therefore their

fluid transport capacity can strongly differ from that of the rock matrix. Fracture networks

are thought to dominate fluid flow in fractured reservoirs. Reviews of hydro-mechanical

couplings in discrete fracture networks, where the fluid flow through the matrix is neglected

can be found in McClure and Horne (2013); Bonnet et al. (2001); and Lei et al. (2017). In

this work, the effect of a fracture network will not be considered because the focus is put

on the interactions between single fracture hydraulic transport properties and the applied

mechanical deformation.

As detailed in section 2.2.1 fractures and faults often have complex roughness and architectures.
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At the laboratory scale, it has been established that increasing the normal stress on a fracture

decreases its hydraulic transport capacity (hereafter referred to in terms of transmissivity)

because the fracture apertures, where fluids can flow, are decreased (Patir and Cheng, 1978;

Witherspoon et al., 1980; Park and Song, 2013; Tanikawa et al., 2010; Wenning et al., 2019;

Watanabe et al., 2008; 2009; Faoro et al., 2009; Rutter and Mecklenburgh, 2017; 2018; Pyrak

nolte and Morris, 2000; Renshaw, 1995). The decrease in transmissivity (or hydraulic aperture)

with increasing normal stress has been found to be nonlinear and strongly dependent of the

fracture roughness (Figure 2.16b). Nevertheless, there is no consensus as to the best law to be

used (Zimmermann and Bodvarsson, 1996). This decrease of transmissivity with increasing

normal stress is consistent with natural measurements of hydraulic transport in faults and

fractures where the permeability of the rock volume strongly decreases with depth (e.g. with

larger overburdens; Shmonov et al., 2003; Manning and Ingebritsen; 1999; Rojstaczer et al.,

2008; Ingebritsen and Gleeson, 2017).

To my knowledge, very few studies have looked at the case of shear loading in rock fractures

without shear offset (e.g. during elastic loading; Faoro et al., 2009; Rutter and Mecklenburgh,

2017; 2018). In these few examples the general observation is that the application of shear

stress (alone) very slightly decreases transmissivity (for smooth, saw-cut hard rock fractures;

Figure 2.16c) due to the production of frictional wear products. In natural systems, this is

difficult to test.

Finally, as described in section 2.3.2, when the shear stress is high enough, the faults will

present a shear displacement. Many studies, often performed at low normal stress , often on

mortar replicas of real rocks, and with large displacements (larger than 1mm) have generated

a common ‘wisdom’ that fault reactivation strongly increases transmissivity (usually of more

than one order of magnitude) (Carey et al., 2015; Ishibashi et al., 2012; Lee and Cho, 2002; Yeo

et al., 1998; Pyrak-Nolte et al., 1988; Olsson and Brown, 1993; Esaki et al., 1999; Wenning et

al., 2019; Chen et al., 2000; Watanabe et al., 2008; 2009). This has resulted in the development

of hydraulic stimulation strategies based on the idea that fractures should be reactivated to

permanently increase the hydraulic transport in the reservoir (hydroshearing). Few studies

have carefully investigated small shear offsets (Faoro et al., 2009; Tanikawa et al., 2010; Rutter

and Mecklenburgh., 2017; 2018) and have found that transmissivity is instead slightly reduced

at small shear offsets on relatively flat surfaces (Figure 2.16c).

It is noteworthy that, at the scale of the rock mass, in long timescales, chemical interactions

between fluids and rocks can reduce (mineral precipitation) or increase (mineral dissolution)

the overall permeability of the mass by filling/emptying the flow channels in its structure

(Rutqvist and Stephansson, 2003).
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Figure 2.16 – Examples of permeability and transmissivity measurements as function of
stress. (Modified from Rutter and Mecklenburgh, 2018). All examples are for Westerly Granite
samples. Diagrams of the sample and loading are presented in each case. a. Permeability of
intact rock cylinders as function of effective confining pressure. Several loading, unloading
cycles are presented. After the first cycle, the results are reversible. b. Fracture transmissivity
(permeability*thickness of the conducting fluid layer) as function of the effective normal stress
applied on the saw-cut fracture. Different symbols account for different loading cycles. c.
Fracture transmissivity function of the friction coefficient on the sample. Different symbols
represent different effective normal stress values.

2.4.2 Influence of fluids on mechanical deformation

2.4.2.1 At the scale of the rock matrix

The first order influence of fluids on mechanical deformation of rock is seen through the

effective stress law (equation 2.11). There, an increase in fluid pressure, results in a direct

decrease in the effective stress applied on the rock. During elastic deformation, the presence,

nature and pressure/temperature of fluids inside the rock matrix can strongly affect the elastic

properties of the matrix. A theoretical approach to the changes in elastic properties due to

fluids is the fluid-substitution theory of Gassmann (Gassmann, 1951; Smith et al., 2003). In

particular, the effect of fluids is marked when the deformation changes are fast. A review can

be found in Guéguen and Palciauskas (1994); and Paterson and Wong (2005, pp149-155).

The effective stress law has been shown to apply when studying the overall strength of rock,

with many fluid types (Murrell, 1963; Paterson and Wong, 2005). Nevertheless, some excep-
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tions have to be considered (Paterson and Wong, 2005 pp. 156-157). For example, Brace and

Martin (1968) showed a departure from the effective stress law at high confining pressure

(σ′
3=156 MPa), fast strain rates (faster than 10−6s−1) in Westerly Granite. In that case, fluids

increased the rock strength and the increase was dependent on the strain rate and on fluid

viscosity.

Finally, at the scale of the rock matrix, fluid chemistry can have strong effects on its internal

composition, and therefore on its mechanical properties. These effects will not be detailed

here. For reviews on such processes, the reader is referred to Kirby (1984); and Carter et al.

(1990).

2.4.2.2 Influence of fluids on fault reactivation and earthquakes

Fluid involvement in fault reactivation

As described in section 2.3, the first condition for fault reactivation is that the stress on the

fault reaches its strength. While the presence of fluids can change the failure envelope of

clay-rich faults (e.g. the cohesion and internal friction of the material; Moore et al., 1996;

Morrow et al., 2000; Orellana et al., 2019), in cohesive crystalline rocks the main effect of fluid

pressures is mostly thought to be related to the effective stress. This, because their strength

is hardly affected by fluid pressure. Indeed, as shown in Figure 2.17a, an increase in fluid

pressure (due to injection for example), will shift the Mohr circle towards the failure envelope,

taking the fault closer to reactivation (Hubbert and Rubey, 1959; Healy et al., 1968; Sibson,

1992a; 1992b). As fluids are injected into a reservoir, they can diffuse (because of the pressure

gradient imposed by the injection) away from the injection point, affecting nearby zones.

This mechanism has, for the last two decades thought to be the main mechanism related

to induced seismicity due to fluid injection as shown in Figure 2.17a-c (Shapiro et al., 2002;

Shapiro and Dinske, 2009; Chen et al., 2012; Keranen et al., 2014).

Another mechanism that can operate at the scale of a reservoir is that fluid injections change

the overall stress state at the injection point which can, through poroelastic effects, alter the

stress state far from it (Figure 2.17a,b,e). Even though the magnitude of the stress change

due to poroelastic response is usually small, it can have the effect to reactivate faults that are

critically stressed (Segall, 1985; Segall and Lu, 2015; Chen, Nakata, et al., 2017; Fryer et al., 2018;

2019). This is particularly valid because poroelastic effects can disturb much larger spatial

domains (Goebel et al., 2017b) than pore fluid pressure diffusion in tight rocks. Examples of

both these effects are illustrated in Figure 2.17b, where part of the seismicity associated to the

Oklahoma wastewater injections can be understood by fluid diffusion from the injection point

(corresponding to the concept of Figure 2.17c) but the triggering of other seismic clusters far

from it can only be understood by poroelastic effects (corresponding to the concept of Figure

2.17e; Goebel et al., 2017b).

If direct fluid injection into a fault is fast enough, local overpressures (due to undrained

52



2.4. H-M Coupling

conditions) can reactivate faults even though the macroscopic Coulomb criterion is not

satisfied (Passelègue et al., 2018). In that case, faults can reactivate either seismically or

aseismically. Recently, it has been observed that fluid injections can lead to aseismic slip on

faults (Wei et al., 2015; Guglielmi et al., 2015; Duboeuf et al., 2017; DeBarros et al., 2018) and

that it is this aseismic fault slip that triggers seismicity on its passage (Guglielmi et al., 2015;

Bhattacharya and Viesca, 2019). Some authors have proposed that the occurrence of this

aseismic slip front can trigger further (large magnitude) seismic events (Wei et al., 2015; Inbal

et al., 2017). This mechanism is illustrated in Figure 2.17d.
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Figure 2.17 – Fluid involvement in fault reactivation. a. Illustration of the different mecha-
nisms in a Mohr coulomb diagram. Blue dotted circle shows the direct fluid injection effect
leading towards reactivation. Green dotted circle shows the poroelastic stress transfer effect.
Green/blue circle is a combined effect. The fault reactivation can be seismic or aseismic
depending on fault conditions (see section 2.3.3). b. Space-time plot of the seismic events
associated to the March, 2013 seismic clusters near Fairview, Oklahoma (Modified from Goebel
et al., 2017b). Circle size and color corresponds to the magnitude of the seismic events; back-
ground shades correspond to seismic density. Blue curve corresponds to fluid injection rate
(right axis). The dotted lines correspond to fluid diffusion models (with different hydraulic
diffusivities, D) explaining some of the seismic events due to the direct effect of fluid injection.
The top right seismic cluster can be explaines by poroelastic stress transfers. c,d,e. Conceptual
models of the three mechanisms of induced/triggered seismicity. In all three panels, yellow-
orange colorbar shows the size and magnitude of aseismic slip patch; blue shades show the
spatial extent and magnitude of the fluid diffusion front and green/pink colorbar shows the
spatial distribution and magnitude of poroelastic stress change. Stars show a triggered seismic
event. c. fluid diffusion triggering mechanism. d. aseismic slip front triggering mechanism. e.
poroelastic stress transfer triggering mechanism.

Fluid involvement in earthquake nucleation
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Apart from the effects of pore fluid pressure on fault reactivation, it is noteworthy that fluids

can have strong effects on seismic/aseismic behavior of faults following reactivation, and

therefore on earthquake nucleation. Indeed, the presence of fluids can strongly modify the

rate-and-state friction parameters, and therefore the stability conditions of a fault following

reactivation. In a number of lithologies, the (a-b) parameter of RSF can be altered by the

presence of fluids (Faulkner et al., 2018; Ikari et al., 2009; Niemeijer and Spiers, 2006; Verberne

et al., 2013; Orellana et al., 2018; 2019; Tembe et al., 2010). No general trend has been observed

regarding fluid presence (and pressure) stabilizing or destabilizing fault slip, mainly because

the magnitude of the (a-b) parameter change is strongly dependent on the velocity jump

(Marone, 1998), lithology and mineralogy (Behnsen and Faulkner, 2012; Orellana et al., 2018;

Giorgetti et al., 2015), temperature (Blanpied et al., 1991; 1995; Niemeijer and Collettini, 2014),

nature of the pore fluid (Hunfeld et al., 2017), and fluid viscosity. It is noteworthy that in

experiments on granite gouge (which could be representative of fault cores in EGS), fluid

pressures of 100 MPa led to a drastic reduction in fault strength with increasing displacement

with respect to experiments under dry conditions and under 10 MPa fluid pressures (Blanpied

et al., 1991; 1995). Recent experiments on carbonate gouges have shown that, increasing the

fluid pressure can decrease both the (a-b) parameter and the critical slip distance δc , leading

the faults towards instability (Scuderi and Collettini, 2016).

Another effect of fluid pressures on earthquake nucleation is that increasing fluid pressure

i) tends to increase the critical nucleation length both under rate-and-state (equation 2.30;

Scuderi and Collettini, 2016) and under slip weakening formulations (equation 2.31; Segall

and Rice, 1995) because it decreases the effective stress on the fault. ii) It modifies the elastic

properties of the rock/fault so that the critical stiffness increases. In both cases increasing

fluid pressure should lead the faults towards stability.

Seeing this apparently opposite effects, Scuderi and Collettini (2016) suggested that analysis

only from rate and state friction parameters might not be sufficient to predict a fault’s tendency

for stability or instability. To all these effects should be added the additional complexity that,

at moderate to sliding velocities (1 to 10 cm.s−1) dynamic weakening mechanisms start to

operate and can strongly destabilize a fault (Noda and Lapusta, 2013).

Fluid involvement in earthquake propagation

At near-to-seismic slip velocities, fluids can have different effects on the propagation phase

of an earthquake. On the one hand, because the strain (or displacement) rates are fast, it is

possible that fluids cannot escape the fault zone, leading to local overpressures (Lockner and

Stanchits, 2002; Leclère et al., 2013; 2015; Leclère and Calais, 2019; Violay et al., 2015a; Pas-

selègue et al., 2018). Opposed to this effect, it has been proposed that during fault reactivation

and co-seismic slip, fault permeability increases (Sibson, 1992a; 1992b), allowing for fluid to

diffuse away from the fault, reducing the fluid pressure and modifying the effective stress state

of the fault. The permeability increase of the fault zone can be due to on-fault dilatancy (Segall

and Rice, 1995; Ciardo and Lecampion, 2019) or to co-seismic off fault damage (Perol and
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Bhat, 2016; Okubo et al., 2019).

Aside from these purely mechanical effects, fluids have been shown to have strong thermal

interactions with slipping faults (see section 2.3.3). On the one hand, as fluids heat-up during

co-seismic frictional slip under undrained adiabatic conditions, they can pressurize, lead-

ing to a strong reduction of normal stress, allowing for large frictional drops (e.g. thermal

pressurization; Sibson, 1973; Lachenbruch, 1980; Mase and Smith, 1987; Rempel and Rice,

2006; Rice, 2006). If the conditions are favourable for fluids to vaporize in the fault during

frictional heating (Mizoguchi et al., 2007), an additional weakening effect is expected from the

pressure changes due to volume expansion at the phase transition (Chen et al., 2017a; 2017b).

It should be noted that when fluids vaporize, their viscosity drops, thus the drained/undrained

conditions change in the fault zone, potentially compensating the effects of pressurization. It

is noteworthy that fluid viscosity is the main driver of other fluid assisted dynamic weakening

mechanisms (e.g. elasto-hydrodynamic lubrication; Brodsky and Kanamori, 2001; Cornelio et

al., 2019a; 2019b, 2020a).

Another thermal effect that fluids can have during earthquake ruptures is their interaction

with highly stressed fault asperities. Fluids are expected to buffer some of the heat produced

at the contacts during frictional heating. Depending on the size of the asperities, this heat

buffering effect can hinder the frictional melting mechanisms (Violay et al., 2014a).

Finally, chemical effects need to be considered during earthquake propagation. Indeed, the

generation of frictional heat can promote dehydration and other chemical reactions (or change

their kinetics) which in turn modify fluid pressures and the nature of the fault materials (Hirose

and Bystricky, 2007; Sulem and Famin., 2009; Brantut et al., 2010; Leclère et al., 2016; 2018;

Aretusini et al., 2019). Such effects can also contribute to dynamic weakening and to the

evolution of fault strength during co-seismic slip.

2.5 Thesis rationale

Having set all these fundamental concepts and reviewed recent advances in understanding

different types of hydro-mechanical couplings in Enhanced Geothermal Systems, the rest of

this thesis will be divided into two main parts.

The First part (Chapters 3 and 4) deals mostly with mechanical effects on fluid transport

properties of reservoir rocks and fractures. The first chapter of this main part (Chapter 3) is

focused on the effects of rock texture and anisotropy on i) the mechanical deformation of

transverse isotropic Gneiss samples and ii) the fluid transport properties of intact, and faulted

rock. The second chapter of this part (Chapter 4) deals with the effects of mechanical loading

(normal and shear loading) on fluid transport properties (transmisssivity) of Carrara Marble

fractures with customized fault roughness.

The second part of this thesis deals with the problem of induced seismicity in EGS reservoirs. In
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particular, this was designed to study the influence of fluids across the seismic cycle. Therefore,

this part is divided into two chapters, the first one (Chapter 5) deals with precursory processes

in presence of pressurized fluids and on their influence on the nucleation phase of laboratory

earthquakes. The second one (Chapter 6) is aimed at the study of how fluid pressure influences

earthquake propagation. In particular, the thermal interactions between pressurized fluids

and fault rock during dynamic weakening are studied.
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3 Mechanical and hydraulic transport
properties of transverse-isotropic
Gneiss
This chapter is published in a peer reviewed journal as:

Acosta, M. and Violay, M., 2020. Mechanical and hydraulic transport properties of transverse-

isotropic Gneiss deformed under deep reservoir stress and pressure conditions. International

Journal of rock mechanics and Mining Sciences, (130).

Candidate contribution: Conceptualization (with M.V.), Design of experiments, Conducting

experiments, Data processing, Formal analysis (models), Manuscript Writing (with M.V).

Chapter rationale: This chapter ‘s main objective is to establish a full comprehensive dataset of the effects of

rock foliation and the resulting anisotropy on i) the mechanical deformation and ii) the physical (fluid transport and

ultrasonic wave velocities) properties of intact, and faulted Gneiss. All the study is aimed at a better understanding

of fluid transport in EGS reservoirs.

Cresciano Gneiss is a transverse-isotropic granitic rock, highly representative of the crystalline basement in most

of Central Europe. In addition, it is highly homogeneous, fine grained, has a well-defined foliation, and low degree

of alteration, making it perfectly adequate for laboratory studies. These qualities make it an appropriate rock

standard representative of EGS reservoirs. The results on Gneiss samples are compared to experiments on isotropic

LaPeyratte granite (also a rock standard representative of the upper continental crust).

The experimental protocol deployed in this chapter is the result of many preliminary tests to deploy instruments

in the tri-axial press of LEMR. These tests allowed synchronous measurement of Acoustic Emissions, porosity

change and effective stresses during deformation. The same instruments were toggled to active measurement

of permeability and P-wave velocity when needed. The effective confining pressure chosen for deformation (20

MPa) was selected in order i) to allow reasonable times for permeability measurements, ii) to observe the effect of

confinement on the rocks’s physical properties, while observing an anisotropic mechanical behavior and iii) to

remain in the purely brittle domain during deformation. Finally, the very low strain rates used for deformation

allowed a proper drainage of the samples, resulting high quality porosity evolution curves.

All the results are coupled with theoretical anisotropic models (micromechanical and empirical) which allow

discussing the novel experimental results.
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Key Points:

• Transverse isotropic, foliated Cresciano Gneiss was deformed under upper crustal stress

conditions.

• The mechanical response (onset of dilatancy, strength) has a “U-shape” dependence on

foliation orientation.

• The porosity change has an inversed “U-shape” dependence on foliation orientation.

• Permeability and P-wave velocities prior and after deformation have ”decreasing order-

shape” dependence on foliation orientation and show strong dependence on fracture

structure, and stress state. After failure the permeability cannot be estimated as a

tensorial quantity.

Keywords: Enhanced Geothermal Systems; Anisotropic rock deformation; Gneiss hy-

draulic transport properties.

Abstract

In central Europe, many geo-energy reservoirs have revealed to be hosted in transverse

isotropic crystalline rock, where the rock’s mechanical and hydraulic transport properties are

poorly constrained. Here, we performed triaxial experiments on Cresciano Gneiss samples

under stress (25-40 MPa) and fluid pressure (5 MPa) conditions. We tested 5 different foliation

orientations towards the major principal stress (0, 30, 45, 60, 90◦). During deformation, we

measured the porosity evolution and acoustic emission activity of the samples. In addition,

we measured the axial permeability and P-wave velocity of the samples both during isostatic

confinement and after sample failure. Our results show that the mechanical and hydraulic

transport properties of transverse isotropic tight crystalline rocks can be separated into two

classes. First, the mechanical properties such as onset of dilatancy, yield stress, peak strength

and residual strength, follow a ”U-type” anisotropy towards foliation angle, with maximum

values at 0 and 90◦ and minima between 30 and 45◦. These properties, as well as the porosity

variation during deformation which follows an inversed ”U-type” shape can be explained by

anisotropic wing crack models. Second, the volumetric physical properties (permeability and

P-wave velocity) follow a ”decreasing order” shape towards foliation angle, with maximum

values at 0◦ decreasing to the minimum at 90◦. These properties show a high dependence

on the stress state and the wave path. We discuss the implications of these results for deep

geothermal energy prospection, and for reservoir stimulation and operation.

3.1 Introduction

The clean and sustainable development of Enhanced Geothermal Systems (EGS) and other

geo-energy activities needs an appropriate knowledge of host rock mechanical and hydraulic
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transport properties in order to assess the economic viability of the sub-surface reservoirs. In

central Europe, many EGS reservoirs are to be hosted at depths of 2.5-5 km in the fractured

crystalline basement (Zang et al., 2014). Recent experiments in underground research lab-

oratories (Wehrens et al., 2016; 2017; Amann et al., 2018; Wenning et al., 2018) have shown

that the targeted crystalline basement can be strongly foliated, resulting in anisotropic (or

transverse-isotropic) mechanical and hydraulic transport properties. A comprehensive under-

standing across scales of the mechanical behavior and hydraulic transport in such foliated

basement rock is thus necessary for reservoir design and operation.

At the laboratory scale (tens of centimeters), the mechanical behavior of crystalline rock has

received a great interest in the rock mechanics community but mostly for isotropic rock. The

most popular model of strength anisotropy considers the criteria for slip on a single plane of

weakness (Jaeger, 1960), but does not predict damage initiation and progression, fundamental

parameters for hydraulic transport in rock and estimation of reservoir integrity (Zoback, 2010).

On the other hand, fracture mechanics models (Brace and Bombolakis, 1963; Brace et al.,

1966; Sammis and Ashby, 1986; Ashby and Sammis, 1990; Dyskin et al., 1999; Paterson and

Wong, 2005) state that brittle failure of rock materials can be described first by the nucleation

of pre-existing cracks (e.g flaws in the rock microstructure) and their ensuing growth and

propagation until the cracks are large enough to interact with each other. As wing cracks

propagate, the increase in tensile stresses at their tips can result in macroscopic dilatancy (e.g

porosity increase). Following this phase, the wing cracks can interact with each other’s stress

fields (Dyskin et al., 1999), ultimately leading to instability and macroscopic failure. At failure,

anastomosing shear bands are formed over which stress is released with increasing strain

(Martin and Chandler, 1994). Such models are particularly suited for transverse isotropic

rock because they provide a physical basis to study rocks containing preferentially oriented

micro cracks (e.g defects) which in turn control the mechanical response of the matrix and the

evolution of damage within it (Rawling et al., 2002).

The initial porosity of the subsurface rock and its evolution as response to external forcing

has direct effects on i) the mechanical properties of the reservoir (Zoback, 2010; Paterson

and Wong, 2005; Guéguen and Palciauskas, 1994) and ii) the hydraulic transport properties

of the reservoir rock (Paterson, 1983; Walsh and Brace, 1984). The porosity change during

deformation in isotropic crystalline rocks has been extensively studied under room temper-

ature (Brace et al., 1966; Tapponnier and Brace, 1976; Wong, 1982; Lockner, 1998; Zoback

and Byerlee, 1975a) and at high temperature (Violay et al., 2015b; 2017). Such studies have

shown that, in the brittle domain, the development of porosity in isotropic granite is due to

the opening of stress induced cracks parallel to the direction of the major principal stress

(e.g wing cracks) but few studies have dealt with porosity change under transverse isotropic

conditions (Rawling et al., 2002). In addition, the total pore volume of the rock matrix is not the

only factor influencing the mechanics and fluid transport properties of crystalline reservoirs.

Indeed, faults and their surrounding damage zones constitute mechanically ‘weak’ and highly

permeable structures if compared to intact rock (Zoback, 2010; Caine et al., 1966; Faulkner et

al., 2010). Therefore, the main parameters that control fluid flow in crystalline rocks are rather
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related to the geometry and connectivity of the fractures (Paterson, 1983; Walsh and Brace,

1984; Huenges et al., 1997; Faulkner and Rutter, 2000; Arch and Maltman, 1990; Kawano et al.,

2011; Reches and Lockner, 1994; Mitchell and Faulkner, 2008). Such parameters remain poorly

constrained in transverse isotropic rock (Amann et al., 2018; Wenning et al., 2018).

Estimations of the fluid flow in underground reservoirs can be done through the use of intrinsic

and apparent permeability of the intact, as well as the damaged and fractured rock. Again,

many studies have investigated the permeability of intact and faulted isotropic crystalline

rocks (Violay et al., 2015b; Kranz et al., 1979; Summers et al., 1978; Heard and Page, 1982;

Bernabé, 1986; Teufel, 1987; Moore et al., 1994; Darot and Reuschlé, 2000; Nasseri et al., 2009;

Wang et al., 2013) but the permeability of foliated crystalline rocks has received less attention

(Wenning et al., 2018; Brace, 1980; Nover and Will, 1991; Bernabé, 1992; Clauser, 1992; Morrow

et al., 1994; Rasolofosaon and Zinszner, 2002; Wibberley and Shimamoto, 2003; Orellana,

2018; Renard et al., 2001). In the case of transverse-isotropic rock fabric, most developments

have been made to understand the permeability tensor (Bernabé, 1992) but in practice the

tensor is difficult to determine. Assuming transverse isotropy, the apparent permeability

can be measured in several directions towards the main foliation axis and can then be input

into reservoir models that take into account anisotropy of permeability due to i) foliation

induced anisotropy and ii) fracture induced anisotropy (Zoback, 2010) in order to estimate

injection/extraction rates in the long term reservoir operation.

Here, we present a comprehensive study of the mechanical and hydraulic transport properties

of strongly foliated, transverse-isotropic gneiss as a function of the foliation angle towards

the applied major principal stress. The samples are representative of the central European

crystalline basement. In section 3.2, we describe the experimental methodology used for

this study. Then, in section 3.3, we present the experimental results of i) the evolution of

P-wave velocity and apparent permeability of the samples during isostatic confinement ii) the

mechanical results of tri-axial deformation as well as the evolution of porosity and acoustic

emissions up to failure and iii) comparative results of P-wave velocity and permeability of

intact and failed samples under high (residual) and low (isostatic) differential stress. In section

3.4, the mechanical results are discussed along with their implications for reservoir mechanics.

Section 3.5 is aimed to discuss hydraulic transport properties of EGS and other geo-energy

reservoirs. Finally, the results are discussed with respect to reservoir prospection, stimulation

and operation in section 3.6 and a summary of the results and major conclusions are given in

section 3.7.

3.2 Materials and Methods

3.2.1 Starting Samples

The experimental samples were Cresciano Gneiss (CGn) right circular cylinders of ∼36 and

∼72 mm diameter and length respectively. CGn (Or gneiss Leventina type II (Casasopra, 1940)
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is a strongly foliated and lineated gneiss of granitic composition (∼42 ±5% Quartz, ∼22 ±2%

Alkali-feldspar, ∼2.4 ±0.5% Plagioclase, ∼30 ±4% Biotite, ∼9 ±0.5% Muscovite and accessory

minerals) typical of the upper continental crust. The foliation bands consist of successive

occurrence of Quartzo-Feldspatic layers and Micaceous layers. A detailed petrographic anal-

ysis of CGn as well as the locations where it can be extracted can be found in Casasopra

(1940). This material is particularly representative of foliated crystalline rock reservoirs that

are set to host deep geothermal activities in central Europe (Amann et al., 2018; Wenning et

al., 2018). In addition, this material is suitable for laboratory work due to its low alteration,

strong homogeneity, fine grain (∼0.03 to 3 mm average grain size), simple mineralogy and

well developed transverse-isotropy (Figure 3.1b-c). The cylinders were cored in five directions

of the core’s long axis with respect to the principal anisotropy axis of a single rock block of

well-defined gneissic banding orientation (Figure 3.1a-b). Sample orientations can be de-

scribed by the angle β that their long axis makes with the foliation plane (Figure 3.1a). In

triaxial deformation experiments, the foliation angles tested were 0◦, 30◦, 45◦, 60◦, and 90◦.

A summary of the performed experiments is given in Table B1. In addition to experiments

performed on CGn, experiments for comparison were performed on an isotropic crystalline

rock (LaPeyratte granite (Darot et al., 1992; David et al., 1999); labelled from now on as LPG).

3.2.2 Experimental set-up

Tri-axial deformation experiments were performed in an oil-medium Hoek-cell under a hy-

draulic press (Figure 3.1d) of the Laboratory of Experimental Rock Mechanics (LEMR) at EPFL.

The Hoek cell can support a confining pressure of 70 MPa (± 50 kPa) with σ3 =σ2.

The axial deformation was transmitted through stainless steel anvils that can hold a maximum

axial stress (σ1) of 1 GPa (± 100 kPa) for samples of 36 mm diameter (Noël et al., 2019). Under

this configuration, axial stress was calculated as σ1 = Fax
S ,with Fax , the measured axial force

and S the sample’s cross section. Radial stress (σ3) was measured from pressure sensors

located in the servo-controlled radial pump. Differential stress was computed as∆σ=σ1−σ3 .

Displacement (d) was computed from the mean of two linear displacement sensors (∼ 1 µm

resolution) located between the top and bottom anvils. Strain was computed as ε(t ) = d(t )−d(0)
L ,

L being the initial sample’s length, and d(0) the measured displacement at start of deformation.

The axial stiffness of the column is 1000 kN.mm−1. Pore fluid pressures and volumes were

controlled through 2 pressure/volume controllers connected to the top and bottom anvils

(Figure 3.1d). They have a capacity of 200 cm3 (± 1 mm3) in volume and 30 MPa (± 1 kPa) in

pressure.

For passive acoustic emission (AE) monitoring, two wideband (200–1150 kHz) piezoelectric

transducers were placed in the top and bottom anvils (Figure 3.1d). The signal was amplified

to 40 dB through in-line preamplifiers. AE’s were recorded under a trigger set-up in order

to record events of amplitude higher than 0.056 V (and avoid logging background noise

measured at 0.032 V) at 200 MHz monitoring rate and 1 MHz sampling rate. The AE catalogue
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was synchronized in time (at millisecond resolution) with the mechanical and hydraulic data

during rock deformation (Figure 3.2, grey curve).

To perform active measurement of ultrasonic wave velocity, an additional set-up was com-

posed of an arbitrary wave generator (Opmux by Optel ultrasonic technology) connected to

the top sensor (emitter) and a 2 channel digital oscilloscope (Handyscope by TiePie Engi-

neering) connected to the top (emitter) and bottom (receiver) sensors. The oscilloscope was

sampled at 200 MHz in time windows of 100 µs. When needed, measurement was manually

switched between active and passive acoustic monitoring set-ups. For active P-wave velocity

measurements, the travel time of an elastic pulse of 1 µs duration (e.g 1 MHz frequency)

and 400V amplitude through the rock sample was measured and divided by the effective

travel length. Corrections were made for the travel time in the anvils and for strain during

mechanical loading. The wave arrival times were picked by automatic P-wave arrival detection

of an increase of the time integral of the squared voltage with a threshold of 5.10-3 V2.s in time

windows of 0.25 µs.

Porosity evolution was monitored during triaxial deformation through the fluid volume/pres-

sure controllers (Figure 3.1d). Volume change of the loading system during deformation is here

neglected due to the high stiffness and low compressibility of the top and bottom anvils. Fluid

pressure was imposed constant during deformation, therefore, the sum of volume changes in

top and bottom controllers corresponds to the volume change inside the sample.

Permeability was measured in our experiments during i) isostatic loading, ii) after sample

failure and iii) after unloading. Because the permeability of an anisotropic rock is a tensorial

quantity (Bernabé, 1992; Renard et al., 2001; Zhang et al., 1996), the axial permeability mea-

surements at each foliation orientation will be treated as “apparent permeability” throughout

the text. To measure permeability in our experiments, two different methods were used. If the

apparent permeability was higher than 10−18 m2, the steady state flow method was used. This

method consists in imposing a differential pressure (here 0.2 MPa) between the top and bottom

ends of the sample until a steady state volume flow rate is reached. Darcy’s law was applied to

retrieve the sample’s intrinsic permeability as k =−Q.µw .L
S.∆P where Q is the volumetric flow rate,

µw water’s dynamic viscosity, L and S the sample’s length and cross section respectively and

∆P the imposed pressure gradient. On the other hand, if permeability was lower than 10−18

m2, the oscillatory fluid flow method (Kranz et al., 1990; Fischer and Paterson, 1992; Larive,

2002; Bernabé et al., 2006) was used. This method consists in studying the transmission of

an oscillating pressure wave from the sample’s top to bottom. The received pressure wave

presents a phase shift (θ) and an attenuation in amplitude with respect to the emitted pore

pressure wave. Using the analysis of this technique by Bernabé et al. (2006) the phase shift

(θ) and amplitude ratio A can be directly linked to the sample’s storage capacity (βs) and its

intrinsic permeability (k) respectively. Note that, when using the oscillatory pressure pulse

method, a valve connected right after the bottom anvil (Figure 3.1d) was closed in order to

reduce as much as possible the downstream volume and improve the accuracy of the method

(Fischer and Paterson, 1992; Bernabé et al., 2006). In that case, the pressure was measured
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through a calibrated manometer (1 kPa resolution). The use of this technique to estimate

permeability presents several advantages: (i) in low permeability rocks, it considerably reduces

measurement time because there is no need to achieve steady state volume flow rate. (ii)

The measurement of permeability remains accurate even when storage capacity cannot be

resolved (for details see Bernabé et al., 2006) and (iii) it allows measurement of permeabilities

as low as 10−22 m2.

Figure 3.1 – Experimental samples and set-up. a. Sketch of the transverse isotropic sample.
The angle between the major principal stress axis (dotted vertical line) and the foliation
orientation (grey lines) is defined here as β. b. Photograph of the transverse isotropic Gneiss
sample, 1 chf for scale. c. Cross polarized optical micrograph of the un-deformed experimental
sample. d. Sketch of the deformation apparatus (modified after Noël et al., 2019).

3.2.3 Loading procedure

The samples were first pre-saturated in a vacuum chamber with de-ionized, de-aerated water

for a minimum of 24 hours. Then, the samples were set into the triaxial deformation set-up

described above. Following this, the procedure was as follows: Stage 0, Isostatic loading:
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Samples were taken to σ1 = σ3 = 25 MPa through steps of 5 MPa at rates of 0.1 MPa.s−1.

p f was imposed to 5 MPa. At each confinement step, P-wave velocities and permeability were

measured. Stage I, Axial Deformation: σ3 and p f were kept constant. The axial piston was

advanced at a constant displacement rate resulting in a constant strain rate of εax = 10−6 s−1

until sample failure. The axial piston was kept in position and P-wave velocity and permeability

measurements were performed. Stage II: σ3 was increased at 0.1 MPa/s to 40 MPa through

steps of 5 MPa. At each confinement step, the axial piston was advanced at a strain rate of

εax = 10−6 s−1 until reaching a new steady state axial stress value. Stage III, Unloading: After the

last confining pressure step the samples were unloaded by lowering the axial piston at constant

displacement rate of 0.007 mm.s−1 until σ1 reached 25 MPa (e.g isostatic confinement). P-

wave velocity and permeability measurements were performed. The samples were then

unloaded isostatically and retrieved for post-mortem study.

3.2.4 Experiment reproducibility and error estimation

To study the reproducibility of our experiments, a second experiment under nominally identi-

cal conditions was conducted for a foliation angle of 45◦ (Figure 3.4c,i, grey lines). The result

shows that an intrinsic error due to sample variability exists. This is due to the inevitable

changes in sample structure and mineralogy from sample to sample. From the reproducibility

experiment, the error is estimated to 9% in terms of stress and 11% in terms of porosity change.

The errors regarding P-wave velocity and permeability are estimated to be stress and failure

dependent and range from 1.7 to 3.7 % regarding P-wave velocities and from 15 to 62 % regard-

ing apparent permeability. The errors estimated due to sample variability are estimated to be

the largest errors in these experiments and are thus reported in all the figures and calculations.

3.3 Experimental results

3.3.1 P-wave velocity and apparent permeability during isostatic loading

P-wave velocities (Vp ) and apparent permeability (kapp ) of the samples were measured during

confinement steps. Figure 3.2a-f shows Vp in our samples during isostatic loading (σ
′
1 =σ

′
3).

At σ
′
3=20 MPa, Vp decreased from 5762 to 5403 m.s−1 respectively for angles between β=

0 and 90◦. With increasing effective stress, the P-wave velocities increased for all foliation

orientations. The increase was the lowest at β=0◦ (∼5.5% increase) and the highest at β=90◦

(∼10.1% increase). For comparison, the P-wave velocities in isotropic granite were the highest

(∼5800 m.s−1) with the smallest increase (0.9 %) (Figure 3.2f).

Figure 3.2g-l shows the apparent permeability (kapp ) in our samples during isostatic (σ
′
1 =σ

′
3)

confinement steps. At σ
′
3=20 MPa, kapp decreased from 3.12.10−19 to 0.57.10−19 m2 for angles

β= 0 to 90◦. At all foliation orientations, the permeabilities usually decreased with increasing

effective stress. The decrease was the lowest at β=0◦ and the highest at β=90◦. For comparison,

the permeability of a fully isotropic granite is ∼0.12.10−19 m2 between 10 and 20 MPa effective
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confinement (Figure 3.2l).

Figure 3.2 – P-wave velocity and apparent permeability during isostatic confinement. a-
f. P-wave velocity measurements function of isostatic effective confinement (σ

′
1=σ

′
3). g-

l. Permeability measurements function of isostatic effective confinement. Titles show the
foliation orientation angle towards the vertical axis.

3.3.2 Triaxial deformation

During triaxial deformation, and for all sample orientations, the increase in differential stress

was first nonlinear with increases in strain. In terms of porosity change (lower panel of Figure

3.3), the deformation was usually compactant until the end of this stage. Then, an elastic

loading phase followed with a linear increase in differential stress with increasing strain. After

this, the rise in differential stress became nonlinear and the porosity change switched from

compaction to dilatancy due to crack initiation at the stress level C’ (Brace et al., 1966; Rawling

et al., 2002; Hadley., 1975). This stage lasted until the peak strength of the specimen was

reached. Then, differential stress decreased to a residual value, defining a stress drop. The

volumetric deformation sharply increased as well as the total number of acoustic emissions.

The sample’s failure was accompanied by the creation of anastomosing shear bands.
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Figure 3.3 – Typical deformation experiment. Upper panel. Effective axial stress (black line)
and cumulative acoustic emission arrivals (grey dots) function of axial strain. Arrows indicate
where the measurements of permeability and P-wave velocity corresponding to Figure 3.5
were performed. Lower panel. Porosity change (negative corresponds to compaction (grey
area) and positive to dilation) function of axial strain.

Stress strain curves (black lines) and AE activity (grey dots) during triaxial deformation experi-

ments are presented in Figure 3.4a-f. Porosity evolution corresponding to fluid pressurized

experiments are shown in Figure 3.4g-l. Compilation of mechanical data corresponding to

these experiments is presented in Figure 3.7.

Figure 3.4 shows that samples at β =0 ◦ failed at a peak stress∼300 MPa. At β = 30 ◦ and 45◦,

the peak stresses were the lowest (∼160 MPa). With increasing β, the samples were stronger

(∼200 MPa at 60 ◦) and the differential stress needed for failure was largest at 90 ◦ (∼280 MPa).

For comparison, a fully isotropic granite had a peak strength ∼310 MPa (Figure 3.4f). Overall,

the peak stress followed a U-shaped curve with increasing foliation angle (Figure 3.7).

Similar trends were observed with the total number of acoustic emissions at peak stress

(grey dots) with a maximum recorded at β=0 and 90 ◦ (∼75e3 and >50e3 respectively). The

minimum cumulative AE number was recorded at β=45 ◦ (< 500 AE’s).

Regarding porosity change (Figure 3.4g-l), the experiments at β =30◦ and 60◦ showed the

maximum compaction (∼14 %) prior to the onset of dilatancy C’. Experiments at β = 0 and 90
◦ presented intermediate compaction (∼7 -10 %) at C’ and the experiment at β =45◦ presented

the minimum value at C’ (5%). At peak stress, the samples presented a total porosity change
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of 0.29, 0.075, 0.41; 0.20 and 0.43 % for angles 0, 30, 45, 60 and 90◦ respectively (Table B1).

Figure 3.4 – Triaxial deformation results. a-f. Fluid pressurized experiments at 25 MPa
confining pressure and 5 MPa pore fluid pressure. Black lines represent Differential stress vs.
Axial strain. Grey dots show the number of AE recorded during the experiment. g-l. Porosity
change vs. Axial strain. Grey area (e.g negative porosity change) represents compaction.

3.3.3 P-wave velocity and apparent permeability of failed samples

Vp and kapp after sample failure were measured i) when the residual friction of the samples was

reached (Figure 3.5, grey triangles) and ii) after the axial force was decreased to isostatic loading

conditions (σ
′
1 =σ′

3 = 20 MPa; Figure 3.5, grey circles). These measurements are related to i)

the sample directly after failure with a high deviatoric stress and ii) the failed sample but this

time under isostatic conditions (e.g with 0 MPa deviatoric stress). In Figure 3.3, the locations

where these three measurements were made are placed on the example stress-strain curve.

Figure 3.5a shows that V p decreased with increasing β under all conditions (intact-isostatic

(black circles); failed-residual (grey triangles); and failed-isostatic (grey circles)). In addition, a

systematic increase of ∼ 2% between intact-isostatic (σ
′
1 =σ′

3= 20 MPa) and failed-residual

(σ
′
1 >> σ

′
3) conditions was observed. Comparing failed-residual (σ

′
1 >> σ

′
3; Figure 3.5a,

grey triangles) and failed-isostatic (σ
′
1 = σ

′
3; Figure 3.5a, grey circles) conditions, there was

a reduction of more than 4.5 % in V p . The reduction was the largest at β = 90 ◦. Finally,

comparing intact-isostatic (black circles) and failed-isostatic (grey circles) conditions, the

reduction of V p was ∼1.2%. For comparison, a fully isotropic granite, presented V p ∼5800

m.s−1 at intact-isostatic, ∼5700 m.s−1 at failed-residual and ∼5600 m.s−1 at failed-isostatic

conditions.
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Figure 3.5b, shows that kapp decreased when increasing β from 0 to 45◦. Then, a local increase

in kapp was observed at 60 ◦ and reached a minimum at 90 ◦ for all conditions (intact-isostatic

(black circles); failed-residual (grey triangles); and failed-isostatic (grey circles)). Comparing

intact-isostatic and failed-residual conditions, the largest increase of kapp occurred at β=

0◦ (>10 times increase) while at β= 30◦, no increase was observed. At angles 45, 60 and 90◦,

the increase in permeability was of 2.5 to 4 times. Comparing failed-residual (Figure 3.5b,

grey triangles) and failed-isostatic (grey circles) conditions, an increase of kapp of 23, 1.7 and

2 times was observed for β = 0, 30 and 45◦. Finally, at 60◦ a reduction of half in kapp was

observed and at β = 90 ◦ no change in kapp was recorded. For comparison, the permeability of

an isotropic granite increased after failure (from ∼0.05.10−19 to 0.9.10−19 m.s−1) and decreased

(to ∼0.1.10−19 m2) after reduction of the differential stress.

Figure 3.5 – Physical properties of failed samples. a. P-wave velocity versus sample orien-
tation. b. apparent permeability versus sample orientation. Black circles correspond to
measurements of intact samples under isotropic stress state (σ

′
1=σ

′
3=20 MPa). Grey triangles

correspond to failed samples at residual stress state (σ
′
1 »σ

′
3). Grey circles correspond to

measurements of failed samples under isotropic stress state (σ
′
1=σ

′
3=20 MPa).

3.3.4 Macro-structure of failed samples

All samples failed by formation of macroscopic shear bands. Such faults were formed by

anastomosed microscopic cracks (Rawling et al., 2002; Gottschalk et al., 1990; Shea and
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Kronenberg, 1993). At β= 0◦ (Figure 3.8a), the failed sample presented several non-connected

fractures oriented sub-parallel to the major principal stress (at angles ∼7-15 ◦, Figure 3.6g).

For β= 30, 45, and 60 ◦, the fracture orientations were ∼ 30± 3 ◦ towards the major principal

stress. Note that at β= 30◦ (Figure 3.6b), the fracture occurred following one single biotite

plane whereas at β= 45◦ (Figure 3.6c) and 60◦ (Figure 3.6d), the fracture had “en-echelon”

structure with the fracture jumping from one biotite layer to another through failed Quartzo-

Feldspatic layers. Finally, at β= 90◦ (Figure 3.6e), the failed structure presented one single

fracture oriented at ∼43◦ towards the major principal stress. For comparison, the post-mortem

structure of isotropic granite (Figure 3.6f) showed a single fracture ∼26 ◦ to the major principal

stress.

Note that in all cases, the orientation of foliation layers exerted some control over the frac-

ture orientation and development (Rawling et al., 2002; Gottschalk et al., 1990; Shea and

Kronenberg, 1993; Donath, 1961).
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Figure 3.6 – Post-mortem structures and fracture orientation. a-f. Photographs and
sketches of the failed samples. In the photographs, black lines show the fractures. In the
sketches, grey dotted lines show the principal foliation and black lines show the fracture. g.
orientation of the failure planes versus foliation angle with respect to the major principal
stress. Grey line represents (1:1) angles. Dotted line represents 30◦ fracture orientation angle.
Errorbars show the minimum and maximum orientations of fracture fragments.

3.4 Mechanics of brittle failure: Damage initiation, Faulting and

Residual strength

For the development and exploitation of geothermal reservoirs in transverse isotropic rocks, it

is of interest to know i) at which stress damage initiates in the rock matrix because damage

is expected to control rock hydraulic transport properties (Faulkner et al., 2010). ii) at which

stress and how will the matrix fail, this can help evaluation of the integrity of the reservoir, and

iii) the strength of preexisting faults since they control the overall mechanics of the reservoir.
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In the following discussion, we first summarize the mechanical results, then, a prediction for

the onset of damage based on a micro mechanical model will be proposed. Following this, a

detailed study of the failure mechanisms of CGn will be discussed. Finally, the mechanics of

residual friction on fractured samples will be studied.

For Cresciano Gneiss, as is the case for weakly anisotropic rocks (Paterson and Wong, 2005)

the stress at the onset of dilatancy, yield stress and peak strength (Figure 3.7) versus foliation

orientation curve is concave upward on the whole range of foliation orientations (Rawling

et al., 2002; Gottschalk et al., 1990; Shea and Kronenberg, 1993; Donath, 1961). It does not

show ‘flat shoulders’ as would be predicted by the single plane of anisotropy theory (Jaeger,

1960) on strongly bedded or singly jointed rocks and can therefore be defined as “U-type”

mechanical anisotropy (Ramamurthy, 1993; Nasseri et al., 2003). The maximum values of all

these mechanical properties is located at β∼0 and 90◦. At those angles, the rock’s strengths are

close to that of an isotropic granite. In accordance, the minima of all mechanical properties

can be found at β∼ 45◦.

Figure 3.7 – Mechanical strength. Stress at onset of dilatancy, yield stress, and Peak strength
versus foliation angle.

3.4.1 Onset of damage

Based on microstructural observations, Rawling et al. (2002) have modified the isotropic

model of Ashby and Sammis (1990) for nucleation and propagation of wing cracks to propose

a crack nucleation criterion in anisotropic rocks. There, the authors assume that the principal

stresses are related by σ1 = md .σ3 +σcd , with σ1 and σ3 the axial and radial stresses applied

on the crack at the onset of crack nucleation and propagation. Then, in transverse-isotropic

conditions (similar to those in our study), frictional slip will first be activated in the weaker

minerals (biotite in our case; (Horn and Deere, 1962)) when the foliation has a suitable

orientation (β) towards the major principal stress. In such case, the slope md and intercept
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σcd (noted m and c in Rawling et al.(2002)) parameters can be written as:

md = sin2β+µ.
(
1+cos2β

)
sin2β−µ.

(
1−cos2β

) (3.1)

And

σcd =
p

3

sin2β−µ.
(
1+cos2β

) .
K1cp
πa

(3.2)

where µ is the friction coefficient, and K1cp
πa

is the normalized fracture toughness related to the

nucleating cracks (of half-length a) this term replaces the ‘cohesive’ term in a classical Mohr-

Coulomb failure approach. Note that this model can only be applied to intermediate foliation

orientations (0 < β< tan−1( 1
µ ) ) because when the weak materials are oriented outside this

range, biotite will typically deform by kinking or faulting rather than by frictional slip and

will thus increase the crack’s strengths (e.g. Section 4.2 of Rawling et al.(2002)) resulting in

physically unrealistic values predicted by the model.

Using this model, we observe (Figure 3.8) that friction coefficients µ∼ 0.1-0.2 are needed to

correctly predict the experimental data. This is in agreement with previous measurements,

where static friction coefficient of biotite was estimated between ∼0.13 and 0.31 (Horn and

Deere., 1962). A low normalized fracture toughness (e.g. the cohesive term of the failure

criterion) of K1cp
πa

∼ 60 ± 5 MPa is also needed to explain the results on CGn with respect to the

results of Rawling et al. (2002) where K1cp
πa

∼ 86 ±6 MPa. Such differences can arise from several

facts: i) The experiments presented in this study were performed at σ
′
3=20 MPa, while those of

Rawling et al. (2002) were performed at 50<σ3<300 MPa. It is possible that the mechanical

processes leading to failure are rather friction dominated in our experiments (low normal

stress acting on the wing cracks) and toughness dominated in those of Rawling et al. (2002)

(high normal stress). ii) It is also likely that, because CGn (∼30% Biotite) is slightly different in

composition to Four-Mile Gneiss (∼12 ± 5% Biotite), the normalized fracture toughness can

be lowered. Further experiments as well as detailed comparative petrographic analyses are

needed to constrain the reasons for such differences and are out of the scope of this study.
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Figure 3.8 – Micromechanics of the onset of damage. a. Differential stress at the onset of
damage function of foliation orientation. Grey lines show the prediction of differential stress at
the onset of crack propagation from the model of Rawling et al., (2002) with different internal
friction angles. Data from the experiments on CGn are presented to see the correspondence
with the model. b,c,d. Differential stress at the onset of micro crack propagation predicted by
the model as function of the observed differential stress (at C’ and at yield stress) with internal
friction of 0.3, 0.2, and 0.1. All the models are computed with a normalized fracture toughness

K1cp
πa

∼ 60±5 MPa.

3.4.2 Sample failure

From post-mortem sample analysis, we have seen that at β=0◦, the main fracture was sub-

vertical, at 30◦ it followed the biotite layer, while at 45, 60 and 90◦, the fracture presented an

en-echelon structure. Based on existing literature, these results will now be discussed.

The micro mechanics of failure predict that after wing-crack nucleation under macroscopic

compressive load, an increase in tensile stresses at the crack tips can result in macroscopic

dilatancy. Following this phase, the wing cracks can interact with each other’s stress fields,

ultimately leading to micro crack coalescence and macroscopic failure (Sammis and Ashby,

1986; Ashby and Sammis, 1990; Paterson and Wong, 2005; Rawling et al., 2002). Observation of

the post mortem structural characteristics are in accordance with these results (Figure 3.6) as

follows: i) At orientations β = 0◦, biotite layers deform by kinking due to the low angle towards
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the major principal stress as stated in previous works in transverse isotropic crystalline rock

(Rawling et al., 2002; Gottshalk et al., 1990; Shea and Kronenberg, 1993). At this orientation,

biotite grains are not favorably oriented for slip with respect to the applied stress field, resulting

in high peak strength and low angle fractures in the post-mortem structure (Figure 3.6a). ii) At

β = 30◦, the biotite grains and layers are the most favorably oriented for slip, reason why the

failure plane follows almost flawlessly the orientation of one given micaceous plane (Figure

3.6b). In accordance, yield and peak stresses, were lowest at β =30◦. iii) At orientations β =

45 and 60◦, the “en-echelon” structure of the fractures have been previously related to the

nucleation and propagation of wing cracks originating at the tips of biotite grains. Such wing-

cracks generate tensile stress concentrations on Quartz and Feldspath minerals allowing the

fractures to “jump” from one biotite layer to the next (Rawling et al., 2002). For these reasons,

at β = 45 (Figure 3.6c) and 60◦ (Figure 3.6d), yield and peak stresses remained low. Finally, at β

= 90◦ (Figure 3.6e) the biotite layers acted as barriers to the fracture propagation . In this case,

the biotite layers deformed mostly by faulting, justifying high values of the onset of dilatancy,

yield stress and, and peak stress. For comparison, in isotropic Granite, peak strengths were

close to the case where β = 0◦.

3.4.3 Residual friction

Study of the residual frictional failure envelope can bring information on rock behavior once

faults have already formed (Paterson and Wong, 2005; Gerrard., 1986). It is therefore of

importance to the mechanics of underground reservoirs because they are mostly controlled by

faults and joints (Townend and Zoback., 2000). The mechanical response of the newly formed

fractures (in failed samples) is composed of a sliding component (frictionally dominated),

and a fracturing component (fracture dominated or ‘cohesive’) as thoroughly described in

Gerrard (1986). The failed sample is therefore expected to follow a residual failure criterion

usually expressed as τ= cr +µr .σ
′
n with cr the residual cohesion and µr the residual friction.

The residual frictional stress of the failed samples at σ
′
3 =20 to 30 MPa are presented in Figure

3.9a. From those values, the parameters cr , and µr were estimated from the failure criterion in

the (σ
′
1,σ

′
3) plane where the residual axial stress at failure can be expressed as σ

′
1 = mr .σ

′
3 +

σcr . Then, we get cr = σcr
2.
p

mr
and µr = tan

(
arcsin

(
mr −1
mr +1

))
. The residual friction angle (Figure

3.9b left axis) showed again a “type-U” anisotropy with maxima of ∼37 ◦ at β = 0◦ and minima

of ∼25 ◦ at β = 45 ◦. For comparison, isotropic granite had a residual friction angle ∼32 ◦ being

an intermediate value between the range of β in CGn. The residual cohesion (Figure 3.9b

right axis) presented again a maximum ∼22 MPa at β = 0◦ and a minimum ∼5 MPa at β = 30◦.

Nevertheless, with increasing angles from 45 to 90◦, cr was close to constant (∼20 MPa). This

value was similar to the cr of isotropic granite. It is interesting to notice that, while the residual

friction angle follows again a clear U-type anisotropy, the residual cohesion seems to reach a

plateau for angles 45, 60, and 90◦. At all these angles β, the fractures followed an “en-echelon”

structure probably the reason why the residual cohesion was similar on these failed surfaces.
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3.5. Physical properties

Figure 3.9 – Residual strength of failed samples function of the foliation angle. a. Values of
residual differential stress with increasing confining pressures. b. Calculated residual friction
angle (left y-axis, squares) and residual cohesion (right y-axis, diamonds).

3.5 Hydraulic transport and seismic properties of transverse isotropic

rock

In order to calculate an underground reservoir’s fluid extraction/injection capacity, it is of

outmost importance to properly assess the porosity and permeability evolution of the reservoir

rock in response to stress changes during stimulation and operation. The following discussion

will first focus on the porosity changes and acoustic emission surges during triaxial deforma-

tion after the initiation of damage. Then, the effects of confinement pressure and brittle failure

on permeability and P-wave velocities will be discussed.

3.5.1 Porosity changes and acoustic emission activity prior to macroscopic fault-
ing

It is accepted that inelastic volume changes (e.g irreversible porosity change) during rock

deformation are a proxy for the evolution of its microstructure (Paterson and Wong, 2005).

In particular, in the brittle regime, dilatancy in compact rock occurs when it has undergone

irreversible damage due to the nucleation and propagation of micro cracks (Brace et al.,

1966; Rawling et al., 2002; Zoback and Byerlee., 1975; Violay et al., 2015b; 2017). Acoustic

emission monitoring can bring crucial information on micro crack propagation (and therefore

damage) inside the confined rock samples because their dynamics are usually correlated with

volumetric and inelastic deformation during faulting (Lei et al., 2004; Lockner., 1993; Noël

et al., 2019). It is in this sense that the acoustic emission activity and porosity changes (e.g

volumetric deformation) in our experiments will be discussed together in this subsection.

The cumulative number of AE’s follow a concave upward shape at intermediate foliation

orientations (β = 30, 45, and 60◦) (Figure 3.10a). The cumulative AE’s at C’ are always < 20 in

number. Indeed, during crack closure and compactant deformation (e.g with negative porosity

79



Chapter 3. H-M Coupling in anisotropic rocks

changes), the samples accommodate deformation in a purely elastic manner, therefore no

radiated energy (i.e AE) is expected from microcrack nucleation or propagation while porosity

decreases with increasing deformation. The increase in AE’s between yield and peak stress

suggests that most of the crack propagation occurs only after the yield stress is passed and

not when the onset of dilatancy is passed. In terms of porosity change, it follows this time a

concave downward shape (inverse “U-type”) at intermediate foliation orientations (β = 30,

45, and 60◦), contrary to the mechanical properties and acoustic emissions. It was observed

(Figure 3.10b, dark grey circles) that total porosity change was ∼0 at yield stress. In other words,

at yield stress, the newly created porosity due to nucleation and propagation of micro cracks

nearly compensated micro crack closure by differential stress. The concave-downward shape

of the porosity change at intermediate β (30, 45 and 60◦) can be qualitatively predicted by the

volume change in one single wing-crack oriented at β. In fact, the opening volume (Vwi ng ) of

3-D wing cracks growing in compression has a dependency on the orientation of the crack

towards the major principal stress as (Dyskin et al., 1999):

Vwi ng = 3(1−ν)σ3.a4.
(
2E

(
1−ν2)K 2

1c

)
.
((

sinβ
)2 .cosβ.

(
1− tanβ. tanφ

))3
(3.3)

with ν the sample’s Poisson’s ratio, σ the applied stress on the sliding crack, a the sliding

crack’s half length, E its Young’s modulus, K1c its fracture toughness, and φ its internal

friction angle (note that in Dyskin et al. (1993), the orientation towards the major principal

stress is called α and the internal friction angle is called µ). Normalizing the expression of

the wing crack volume by 3(1−ν)σ3.a4.
(
2E

(
1−ν2

)
K 2

1c

)
(e.g by the amount of deformation)

shows that the normalized volume of the wing crack’s dependence on β (Figure 3.10b, right

y-axis) has a concave-downward shape for intermediate angles. This qualitatively predicts

our experimental observations, showing an “inversed U-shaped” behavior at intermediate

foliation angles, and confirms that the porosity change in CGn is due to the nucleation and

propagation of wing cracks as is the case for isotropic crystalline rocks (Brace et al., 1966;

Zoback and Byerlee, 1975a). Note that for angles 0 and 90◦, the deformation processes related

to crack initiation and propagation are slightly different (biotite kinking and faulting instead

of wing crack propagation (Rawling et al. (2002)) therefore no attempt is made to predict the

porosity change at those angles.

Based on the previous observation, it is safe to assume that most of the volumetric change

at β= 45◦ is due to the Mode I opening of wing cracks. It is therefore not surprising that the

total number of AE’s recorded at the yield and peak stresses is lower in that experiment than

in experiments at other β. In fact, Mode I crack nucleation and propagation is expected to

generate no (or very few) AE’s while Modes II and III fracture propagation are associated to

high AE rates (Glaser and Nelson, 1992).
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Figure 3.10 – Acoustic Emissions and porosity changes at different stages of triaxial defor-
mation. a. Cumulative number of acoustic Emissions recorded at onset of dilatancy, yield
stress and peak strength. b. right y-axis shows total porosity change measured at onset of
dilatancy, yield stress and peak strength (negative porosity change reflects overall compaction
(grey area) and positive reflects overall dilation). Left y-axis shows normalized 3-D wing crack
volume function of their orientation (Dyskin et al., 1999) for different internal friction values.

3.5.2 Apparent permeability of intact and failed transverse isotropic rock

Apparent permeability of intact samples decreased with increasing σ
′
1 =σ

′
3 for all foliation

angles (Figure 3.4g-l). The decrease of permeability with isostatic confinement is due to

closure of the micro crack network as well as to closure of the contacts between foliation

layers. The latter reduces the matrix and interlayer volume and the rock’s capacity to transport

fluid (Mitchell and Faulkner, 2008; Brace et al., 1968) and therefore its permeability. Apparent

permeability decreased with increasing foliation angle (β) at all stresses (Figure 3.5b). This

observation reflects primarily the tortuosity of the hydraulic path (Paterson, 1983; Walsh and

Brace, 1984; Huenges et al., 1997; Faulkner and Rutter, 2000; Arch and Maltman, 1990; Kawano

et al., 2011; Brace, 1980). At orientations of 0◦, the preferential fluid paths (parallel to the

biotite layers) are oriented in the sense of fluid flow, allowing large flow rates. At orientations

of 90◦, the preferential fluid paths are perpendicular to the flow. In this case, the foliation acts

as a barrier rather than as preferential fluid path (Kawano et al., 2011). It is noticeable that

permeability at β= 90◦ were the lowest but still ∼4 times higher than those of intact isotropic

granite.

Apparent permeabilities of CGn measured under failed-residual conditions (Figure 3.5b, grey
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triangles) were usually larger than those measured under intact-isostatic conditions due to

the formation of fractures. At β = 0◦, apparent permeability did not drop after reduction of the

differential stress because the newly formed sub-vertical fractures were not closed. Indeed the

normal stress (σN = 1
2 [ (σ1+σ3)−(σ1 −σ3)cos(2θ) ]) calculated on the fractures (oriented at θ

towards the vertical, Figure 3.6b) remained low at β = 0◦ (σN ∼ 40 MPa). At β=30◦, permeability

did not increase after failure. In fact, at this orientation, the main fracture followed very closely

the foliation and did not create any connection between different mineral layers (Figure 3.6)

suggesting that, because the differential stress remained high (σN ∼ 70 MPa), the new fracture

remained closed. This is further supported by the increase in permeability of ∼3 times after

the decrease in differential stress. At all other orientations the fractures showed “en-echelon

structures”, creating connections between the mineral layers, increasing permeability after

faulting.

Many studies dealing with the permeability of anisotropic rocks have measured it in one or

two directions, mainly perpendicular and parallel to the main foliation direction (Morrow

et al., 1994; Orellana, 2018; Evans et al., 1997). Most numerical models have thus relied on

theoretical analyses of the full permeability tensor (Bernabé, 1992; Renard et al., 2001) to

extrapolate rock permeability to two or three dimensions. In theory, the permeability tensor

for transverse isotropic rock as function of the angle to the fluid flow (here β) can be simplified

in two dimensions as(Bernabé, 1992; Renard et al., 2001; Zhang et al., 1996):

k(β) = k0◦ .cos2β + k90◦ .sin2β (3.4)

where k0◦ and k90◦ are the apparent permeabilities at 0 and 90◦ (necessarily the maximum and

minimum permeabilities respectively). Comparison of our results with the permeability tensor

(Figure 3.11a) shows that the theoretical prediction is valid within less than a factor 2 error for

the intact samples under isostatic stress (black circles). Nevertheless, when considering the

failed samples, we observe that the prediction fails at all intermediate foliations (grey circles

and triangles in Figure 3.11a) with more than an order of magnitude difference. This large

difference arises from the very different failure structure at β = 0◦ which strongly enhances

fluid flow with respect to all other experiments. In fact, modifying the permeability tensor to:

k(β) = k30◦ .cos2β+k90◦ .sin2β (3.5)

taking k30◦ as the maximum apparent permeability yields a much better prediction to the

experimental permeability in failed samples (Figure 3.11b). This result demonstrates that

measurements of parallel and perpendicular permeability are not sufficient for the estimation

of the full permeability tensor in fractured rock. This is especially valid when the fracture

structure depends on the foliation angle. In fact, our results suggest that the estimation of

permeability in transverse isotropic rock is highly sensitive to i) fracture structure (direction

with respect to flow, geometry and roughness) ii) fracture connectivity (e.g experiment at 90◦),

iii) stress applied on the fractures (Sarout et al., 2017) and therefore the orientation of the
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stress field.

It is noteworthy that in our experiments, we study each time a single tensor component of the

full permeability tensor. Our results compare the failure structures along 5 different damage

paths which produce 5 different damage states with respect to the orientation towards the

foliation axis. Further experiments under true triaxial stress states and multidirectional flow

paths could allow overcoming this experimental bias.

Figure 3.11 – Comparison of experimental and theoretical apparent permeability. a. Exper-
imental versus theoretically predicted apparent permeability through k

(
β
)= k0◦ .cos2

(
β
)+

k90◦ . sin2
(
β
)

where k0◦ is the permeability of the sample with foliation orientation paral-
lel to fluid flow. b. same graph as a. this time theoretical estimation is done through
k

(
β
) = k30◦ .cos2

(
β
)+ k90◦ . sin2

(
β
)

where k◦
30 is the permeability of the sample with folia-

tion oriented at 30° towards fluid flow. Black circles correspond to measurements of intact
samples under isotropic stress state (σ

′
1=σ

′
3=20 MPa). Grey triangles correspond to failed

samples at residual stress state (σ
′
1 » σ

′
3). Grey circles correspond to measurements of failed

samples under isotropic stress state (σ
′
1=σ

′
3=20 MPa).

3.5.3 P-wave velocity of intact and failed transverse isotropic rock

During isostatic confinement, for each foliation orientation, P-wave velocities increased with

increasing σ
′
1 =σ

′
3 (Figure 3.5a-f). Such behavior has been observed in igneous (Nasseri et

al., 2009; Wang et al., 2013), sedimentary (Ahrens et al., 2017; Pimienta et al., 2017b), and

metamorphic rocks (Christensen, 1965). Increase in V p is due to closure of the micro cracks

present in the rock with increasing pressure. At stresses > 50 MPa, compressional velocity is

expected to reach a maximum in particular in igneous (Nasseri et al., 2009) and metamorphic

rocks (Christensen, 1965) as cracks become fully closed. In this study, the experiments were

performed under stresses representative of underground reservoirs (σ
′
3= 20 MPa), we expect

that cracks are not fully closed when deformation started. With regards to foliation angle, Vp

decreased with increasing β at all confinements (Figure 3.2). Such effect is expected since Vp is

highly dependent on the orientation and length of foliation structures in the rock (Christensen,
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1965; Walsh., 1965). In addition, 90◦ samples are expected to have higher axial compressibility

than 0◦ samples due to layering of stiff minerals (Quartz, Feldspar) with compliant ones

(Biotite) (Walsh, 1965), thus lower compressional velocities (Kawano et al., 2011).

The observation that Vp was usually lower under failed-residual conditions (Figure 3.5a, grey

triangles) than under intact-isostatic conditions (Figure 3.5a, black circles) indicates that

the presence of the macroscopic fracture and its structure towards the wave path excerts a

control on the velocity field. Nevertheless, the fact that Vp were largest under failed-residual

conditions (e.g when differential stress was still high) than under failed-isostatic conditions

(Figure 3.5a) suggests that the major control of Vp is not only the presence of macroscopic

fractures but the stress acting on them (Zoback., 2010).

3.6 Discussion and implications for Enhanced Geothermal Systems

Two types of properties based on the response to foliation angle can be distinguished from

our study. The first group of properties are those that follow a “U-type” of anisotropy. In

this group, we can classify all the mechanical properties in terms of stress (at C’, and yield

stress) and strength (peak and residual strength). Here can also be included the changes in

porosity during deformation (at intermediate foliation angles) with an “inversed U-shape”.

The “U-type” anisotropy of these properties with increasing foliation angle is due to the fact

that all of them are ‘friction’ controlled. To rephrase, the mechanical properties are controlled

by the frictional response of weak planes (biotite layers or grains) and therefore depend on the

deformation mode of the weakest elements. As shown in sections 3.4 and 3.5, such properties

can be accurately predicted by anisotropic wing crack models. The second group are the

properties that follow a “decreasing order shape” (Nasseri et al., 2003; Donath, 1961) with

increasing foliation angle. In this group, we can classify the apparent permeability and P-wave

velocity. These properties are instead controlled by the changes in microstructure of the whole

sample volume. It is important to distinguish between these two types of properties because

usually, geophysical exploration of EGS and other Geo-energy activities relies on the use of

surface measurements (seismic reflection and refraction) as well as borehole measurements

(wellbore seismics and injectivity logs) (Cornet, 2015).

On the one hand, surface and wellbore seismics rely on the propagation of seismic waves

to determine the reservoir properties. As shown in Sections 3.3 and 3.5 of this study, wave

propagation across anisotropic crystalline rocks is highly dependent on i) the direction of

propagation with respect to the main foliation, ii) the rock’s stress state, and iii) the damage

state of the reservoir. As an example, one can observe from Figure 3.4a, that Vp ∼5591 m.s−1

at β=0◦ under 5 MPa effective isostatic confinement. Nevertheless, the P-wave velocity is

also equal to 5606 m.s−1 at β=90◦ under 25 MPa confinement at the residual stress with

the presence of a macroscopic fracture. In addition, during EGS stimulation and operation

phases, monitoring of induced seismicity requires a good knowledge of the velocity field in

the reservoir which can be delicate to establish (Baisch et al., 2006; Deichmann et al., 2014;

Diehl et al., 2017; Kim., 2013; Kwiatek et al; 2018; 2019). In transverse isotropic crystalline
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rocks, Vp shows an almost monotonic decrease with increasing foliation angle (Figure 3.2a-f

and Figure 3.5a) but an increase with isotropic confinement and deviatoric stress. In addition,

the presence of a fracture does not necessarily result in a sharp decrease of P-wave velocity if

the differential stress on the fracture is high (Figure 3.5a). Such effects could compensate each

other and add further difficulties to the characterization of the reservoir’s velocity structure.

The measurements provided in this study and especially the shape of the velocity profile with

respect to foliation angle can be used as reference for estimation of the anisotropic velocity

structure of the reservoir if the local stress field is known.

On the other hand, wellbore injectivity measurements rely on fluid percolation through a rock

mass which can be highly anisotropic and damaged. In the light of our results, reservoirs

whose foliation is oriented at 45◦ towards the major principal stress (or the largest stress

change) could present i) higher increases in porosity with respect to reservoirs with other

foliation orientations as a response to external forcing and ii) lower seismicity related to high

increases in porosity due to preferential Mode I fracture development. Note nevertheless that

these results are valid for intact rock and not for faults where the mechanics and hydraulic

transport properties are rather controlled by the fracture, thus the permeability tensor must

be used with care in estimating reservoir hydraulic transport properties.

Speculation on the apparent permeability results of intact and faulted rock (Figures 3.2 and 3.5)

implies that fluid injections in lightly fractured (or intact) gneissic reservoir rocks are highly

dependent on the direction of the injection well with respect to the reservoir’s foliation and

also towards the stress field. Rock foliation is expected to contribute to permeability anisotropy

due to i) preferential formation of faults along foliation planes ii) permeability reduction for

un-sheared optimally oriented faults (e.g case of 30◦). iii) Increase in permeability by fracture

connectivity if failure planes are not optimally oriented (e.g β= 45, 60, 90) (for example by the

formation of en-echelon fractures). In this case the reservoir’s volume is expected to largely

increase compared to the 0◦ and 30◦ case. Such results should be taken into account in addition

to the anisotropic permeability resulting from stress. Finally, the hydro-mechanical coupling

between anisotropic rock fractures and geo-fluids should be taken into account. In fact, the

strength of the continental crust, which is largely composed of igneous and metamorphic

rocks (e.g. granitic composition, isotropic and non-isotropic), is mostly controlled by the

strength of fractures present in the rock (Zoback, 2010; Townend and Zoback, 2000). In turn,

the formation of fractures and their mechanical properties are controlled by preferential

orientation of minerals and foliation present in the initially undeformed rock (Rawling et al.,

2002; Gottschalk et al., 1990; Shea and Kronenberg, 1993; Donath, 1961). The combined use of

damage initiation, intact rock failure (for details on many different anisotropic failure criteria,

refer to (Jaeger, 1960; Walsh and Brace, 1984; Gottschalk et al., 1990; Shea and Kronenberg,

1993; Donath, 1961; Hoek, 1964; Donath, 1964; McCabe and Werner, 1975; Nasseri et al.,

1997) and residual friction can be readily used as inputs for reservoir models as long as the

scale dependence of rock failure is taken into account (Zoback, 2010; Shea and Kronenberg,

1993). Nevertheless, geological characterization of the fractures in the reservoir (i.e if the

fracture planes follow the foliation or if they present “en-echelon” structures) is needed. A
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good knowledge of the reservoirs’ anisotropic structure is of outmost importance to estimate

reservoir integrity, hydraulic transport through it, and the related seismic hazard.

Several studies have demonstrated close links between the rock microstructure and its hy-

draulic transport capacity (Faulkner and Rutter, 2000; Morrow et al., 1994; Wibberley and

Shimamoto., 2003; Evans et al., 1997; Cavailhes et al., 2013). In crystalline rocks, the main

control on fluid flow anisotropy is the creation of porous structures due to shear induced

cataclasis. In foliated rocks, we can conclude that well before the occurrence of cataclasis,

porosity can be created due to damage initiation on preferentially oriented microcracks (e.g

dilation at β =45◦), inducing fluid flow anisotropy. In turn, preferentially oriented porosity

changes in geo-energy reservoirs can highly affect i) directional permeability, thus affecting

the injection-extraction capacity of the reservoir and ii) it can generate oriented stress changes

modifying induced seismicity rates (Fryer et al., 2019). A comprehensive analysis of foliation

orientation towards tectonic regime and wellbore orientation is needed to further assess this

issue.

In terms of induced seismicity in geo-energy reservoirs, there is an ongoing debate on the

shape of the seismicity clouds triggered by anthropogenic activity (Baisch et al., 2006; De-

ichmann et al., 2014; Diehl et al., 2017; Kim, 2013; Kwiatek et al; 2018; 2019). In fact, during

reservoir stimulation, the seismicity clouds can be oriented either towards the major principal

stress (in Basel EGS stimulation (Deichmann et al., 2014); in the Aspo Hard Rock Laboratory,

Sweden (Kwiatek et al., 2018); in the Helsinki EGS stimulation, Finland (Kwiatek et al., 2019));

or towards the optimal fault orientation (e.g ∼30± 5◦ to the major principal stress). For ex-

ample, in the Cooper Basin stimulation (Hunt and Morelli, 2006); and deep well injection

in Youngstown, Ohio (Kim, 2013). We can speculate that the observed patterns of fracture

formation in anisotropic crystalline rock can be related to both these situations. On the one

hand, if the foliation angle is low with respect to the major principal stress, the fracture for-

mation will be oriented in the sense of σ1. The fracture network as well as the interlayer pore

space are preferential conduits for fluid, thus the seismicity cloud would grow in the sense

of the major principal stress. Then, at intermediate angles (∼30◦), the fractures are expected

to form in angles close to optimally oriented towards the stress field. There, the seismicity

cloud should propagate approximately towards the optimally oriented direction. Finally, at

higher angles (45 to 90◦), the formation of en-echelon fractures can lead to a combination of

both processes and generate branching in the propagation of seismicity clouds, potentially as

observed during the Basel geothermal stimulation (Deichmann et al., 2014). Nevertheless, to

confirm this analysis further work is needed.

3.7 Conclusions

The design and implementation of geo-energy reservoirs requires appropriate knowledge and

control of the mechanical and hydraulic transport properties of the host rock which is usually

anisotropic in the case of EGS in central Europe. From our experiments conducted under
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geo-energy reservoir conditions, the main observations are as follows:

• The mechanical properties of transverse isotropic gneiss (onset of dilatancy, peak

strength, and residual failure envelope) follow a “U-shaped” anisotropy with respect to

foliation orientation with maxima at 0 and 90◦ and minima at 30◦. These properties can

be explained by anisotropic wing crack models dominated by the foliation orientation.

• The porosity increase during stress induced damage is highly dependent on foliation

orientation and is largest at 45◦ towards the major principal stress, following an “inverse

U-shape” at intermediate foliation angles. This behaviour is due to large volumetric

changes associated with tensile opening of anisotropic wing cracks and can thus be

predicted by analytical models.

• The total number of Acoustic Emissions during deformation also depends on foliation

orientation, being minimum at 45◦. This observation is compatible with the majority

of damage generated in tensile mode (rather than shear modes) by the propagation of

anisotropic wing cracks at this angle.

• Apparent permeability is the largest when the foliation is parallel to the fluid flow and

progressively decreases with increasing angle of foliation to fluid flow. Changes in

permeability in fractured rock cannot be estimated through the permeability tensor

relying solely on measurements parallel and perpendicular to the main foliation. In fact,

permeability is highly dependent on i) the orientation of the fracture with respect to

fluid flow, ii) the fracture structure (e.g “en-echelon” structures are more permeable),

and iii) on the stress acting on the fractures.

• P-wave velocity is largest when the foliation is parallel to the wave propagation direction

and progressively decreases with increasing angle of foliation. Changes in P-wave

velocity (e.g. increase, due to differential stress, and decrease due to fracturing) are of

similar magnitude at all foliation angles.

Such results will help design and implement geo-energy reservoirs hosted in transverse

isotropic granitic formations in particular in central Europe.
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4 Hydraulic transport through faults
with customized roughness

This chapter is submitted for publication in a peer reviewed journal as:

Acosta. M., Maye. R., Violay., M., Hydraulic transport through faults with customized rough-

ness: Effects of normal and shear loading. Journal of Geophysical Research: Solid Earth.

Candidate contribution: Conceptualization (with M.V. and R.M), Design of experiments,

Conducting experiments (with R.M.), Data processing (with R.M.), Formal analysis (model

running and adaptation by the candidate. The numerical procedure was developed mostly by

R.M. with input from the candidate), Manuscript Writing (validated by M.V. and R.M).

Chapter rationale: This chapter ‘s main objective is to study the effects of mechanical (normal and shear)

loading on fluid transport properties (transmisssivity) of Carrara marble fractures with customized fault roughness

to assess the best strategies for ‘enhancing’ the reservoir’s (originally low) permeability.

Carrara marble is today one of the most well-known rock standards due to its homogeneity, fine grain size, simple

mineralogy, low alteration degree, and isotropic physical and mechanical properties. Its low matrix permeability

allowed to fully isolate flow through the fractures without having to pass by a cement casting procedure as is the

case of many previous studies in the literature. Finally, its low hardness ( 3-4 in the Mohs hardness scale) makes it

easily machinable. It was therefore the perfect material to develop the novel roughness customizing technique.

The tri-axial permeameter used in this chapter was fully developed during this thesis. The normal stresses (20 – 70

MPa) chosen for the study of transmissivity are well representative of the stresses found in EGS (∼ 1- 4 km depth).

In addition, at such stresses, the matrix deformation remains in the purely brittle domain. The very low strain

rates used in the experiments allowed drainage of the fractures during shear.

All the experimental results of this chapter are coupled with a numerical procedure composed of three open-source

models that simulate i) rough fracture surfaces ii) contact under normal stress iii) fluid flow through the resulting

aperture field.
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Key Points:

• Calcite marble fractures with customized roughness are used to study how roughness

parameters affect fluid flow under upper crustal conditions

• Fracture transmissivity under normal stress shows a non-monotonic dependence with

RMS roughness and macroscopic wavelength.

• Reversible elastic shear loading doesn’t change transmissivity. Irreversible displacement

correlates with fracture geometry at low normal stress.

Keywords: Fractures, Faults, Hydraulic transport, Transmissivity, Shear and Normal loading,

Enhanced Geothermal Systems

Abstract

Understanding fluid flow in rough fractures is of high importance to large scale geologic pro-

cesses and to most anthropogenic geo-energy activities. Here, we conducted fluid transport

experiments on Carrara marble fractures with a novel customized surface topography. Trans-

missivity measurements were conducted under mechanical loading conditions representative

of deep geothermal reservoirs (normal stresses from 20 to 70 MPa and shear stresses from 0 to

30 MPa). A numerical procedure simulating normal contact and fluid flow through fractures

with complex geometries was validated towards experiments. Using it, we isolated the effects

of roughness parameters on fracture fluid flow. Under normal loading, we find that i) the

transmissivity decreases with normal loading and is strongly dependent on fault surface geom-

etry ii) the standard deviation of heights (hRMS) and macroscopic wavelength of the surface

asperities control fracture transmissivity. Transmissivity evolution is non-monotonic, with

more than 4 orders of magnitude difference for small variations of macroscopic wavelength

and hRMS roughness. Reversible elastic shear loading has little effect on transmissivity, it can

increase or decrease depending on the combined contact geometry and overall stress state

on the fault. Finally, irreversible shear displacement (up to 1 mm offset) slightly decreases

transmissivity contrary to common thinking. The transmissivity variation with irreversible

shear displacements can be predicted numerically and geometrically at low normal stress

only. Finally, irreversible changes in surface roughness (plasticity and wear) due to shear

displacement result in a permanent decrease of transmissivity when decreasing differential

stress. We discuss the implications for Enhanced Geothermal Systems stimulation.

4.1 Introduction

Fluids are pervasive in Earth’s crust. They interact with rocks, modifying their physical prop-

erties and deformation mechanisms. In turn, host rocks control the way fluids migrate in

the crust either due to natural forcing or to anthropogenic activities (Sibson, 1994; 1996).
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Rock masses in the brittle-crust are pervasively fractured and have permeabilities ranging

from around 10−16 to 10−17 m2 (Townend and Zoback, 2000; Faulkner et al., 2010). These

permeability values are more than two to three orders of magnitude larger than those of the

intact rock matrix (10−21 to 10−19 m2) at depths ranging from ~2 to 15 km. Most of the fluid

flow needs therefore to be controlled by single fractures or fracture networks. Thus, it is of

outmost importance to understand how fractures and faults transport fluids in the subsurface.

This is particularly valid for the safe, and clean development of underground anthropogenic

geo-energy activities such as geothermal energy exploitation (Breede et al., 2013; Violay et al.,

2015; 2017). Indeed, a popular strategy for enhancing fluid transport in Enhanced Geother-

mal Systems (EGS) is fracture hydro-shearing, by fluid injection. It consists on reactivating

pre-existing faults to increase the deep crystalline reservoir’s permeability (Cladouhos et al.,

2010; Breede et al., 2013, Cornet, 2016). Nevertheless, the enhancement of fluid flow following

stimulations in such reservoirs remains poorly predicted. A too low subsurface production

flow rate results in economic losses while too high flow rates can lead to fluid leak off and

reactivation of faults located far from the injection wells. This was probably the case of the

St.Gallen geothermal project (Zbinden et al., 2019) and possibly of several other injection

induced seismicity cases (Ellsworth, 2013; Lengliné et al., 2014; Goebel and Brodsky, 2018;

Yeck et al., 2016; Kim et al., 2018; Grigoli et al., 2017). The poorly estimated flow rates partly

arise due to the difficulties in detecting the fracture networks in the underground, and partly

due to the difficulties of estimating fluid flow through rough fractures with complex surface

topographies, submitted to large stresses. To estimate the fluid transport capacity of a rough

crack, it is useful to consider its transmissivity (kt in m3 ) which is the product of the fracture’s

permeability (k in m2) and the effective thickness (t in m) of the fluid layer that flows through

it. In that sense, the permeability corresponds to the transmissivity of a meter-thick layer

of fluid conducting material (Rutter and Mecklenburgh, 2018). The effective thickness of

the conducting layer is in turn strongly dependent on the surface properties of the fracture’s

half-surfaces in contact, and on in-situ stresses (Zimmermann and Bodvarsson, 1996).

Natural rock fractures show self-similar roughness properties (Brown and Scholz, 1985; Power

et al., 1987; Brown, 1987; Candela et al., 2009; 2012; Renard et al., 2013) at all scales. In addition,

exhumed fault walls often show grooves parallel to the main slip direction (Petit, 1987; Means,

1987; Power et al., 1987; Power and Tullis, 1989; Engelder and Scholz, 1976; Yamashita et al.,

2015; Toy et al., 2017; Tesei et al., 2017). These features result in surfaces with high elevation

zones (peaks) and low elevation zones (valleys). Several methods exist for quantifying the

statistical properties of rough surfaces (Brown and Scholz, 1985; Grasselli and Eger, 2003;

Candela et al., 2009; 2012; Renard et al., 2013; Jacobs et al., 2017; Yastrebov et al., 2017). As two

fracture surfaces come in contact they form a three-dimensional distribution of local contacts

(asperities) and voids (apertures) which in turn determine how fluids can circulate through

the fracture.

The geometrical aperture distribution is strongly dependent on the contact geometry and

on the stress applied on the fracture. In turn, they both affect the equivalent hydraulic

aperture, through which fluids can flow (Zimmerman and Bodvarsson, 1996). Complex
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contact geometries can also lead to flow channeling in fractures (Watanabe et al., 2009; Kang

et al., 2016), drastically affecting their hydraulic transport capacity. Most experimental works

have been performed either at low stresses (Patir and Cheng, 1978; Witherspoon et al., 1980;

Park and Song, 2013; Tanikawa et al., 2010; Wenning et al., 2019), or on faults with constant

roughness (Watanabe et al., 2008; Faoro et al., 2009; Rutter and Mecklenburgh, 2017; 2018).

The application of normal stress has been shown to increase the real contact area between

the two fracture walls, and to reduce the geometrical aperture and hydraulic transmissivity

(Witherspoon et al., 1980; Walsh, 1981; Renshaw, 1995; Brown 1987; Brown et al., 1998;

Pyrak-Nolte and Morris, 2000; Watanabe et al., 2008; 2009; Kang et al., 2016; Rutter and

Mecklenburgh, 2017; 2018). After passing a stress value (percolation threshold) the fracture

reaches a configuration where further increases in normal stress result in small changes of the

hydraulic aperture (thus of transmissivity). Then, fracture transmissivity remains constant due

to the formation of preferential channels in between the highly stressed asperities (Brown et al.,

1998; Pyrak-Nolte et al., 1988; Watanabe et al., 2008; 2009; Kang et al., 2016). The influence of

reversible shear loads (in the elastic domain) has been rarely studied experimentally. In some

few observations, it is seen that reversible shear loading (elastic loading, with no displacement)

can cause a slight decrease in fracture transmissivity (in relatively smooth fractures of hard

rock; Faoro et al., 2009; Rutter and Mecklenburgh, 2017; 2018). Most of the efforts have

been put to determine the effect of irreversible shear displacement on fracture transmissivity,

usually considering large displacements (more than 1-20 millimeters) at low stresses (usually

lower than 20 MPa), and/or on rock fractures generated by tensile or shear fracturing as well as

on artificial rock proxies (Carey et al., 2015; Ishibashi et al., 2012; Lee and Cho, 2002; Yeo et al.,

1998; Pyrak-Nolte et al., 1988; Olsson and Brown, 1993; Esaki et al., 1999; Wenning et al., 2019;

Chen et al., 2000; Watanabe et al., 2008; 2009). From such studies, the usual knowledge with

respect to the influence of shear displacement on transmissivity is that it strongly increases

hydraulic transport on the fault. In contrast, recent studies (Rutter and Mecklenburgh, 2017;

2018) have shown that, for displacements inferior to 1 mm, on real rock samples with smooth

surfaces, at high stresses (up to 100 MPa normal stress), the transmissivity rather decreases or

remains fairly constant with increasing shear displacement. These types of studies seem more

relevant to fault reactivation due to anthropogenic activities (in EGS stimulation for example)

particularly because the reactivation of reservoir faults needs to target small displacements to

avoid large magnitude seismicity.

In this work, we developed an experimental technique to customize the roughness of hard-

rock fracture surfaces by imposing different macroscopic wavelengths in sub-orthogonal and

sub-parallel directions with respect to the sense of fluid flow. Then, the fluid flow through the

wavy-rough fractures was experimentally measured both under normal loading only (up to

40 MPa) and under reversible shear loading (up to shear and normal stresses close to 30 and

70 MPa respectively). The fractures loaded in shear were then submitted to irreversible shear

displacement (up to 1 mm total offset). A numerical procedure that first simulates the normal

contact between wavy-rough surfaces and then fluid flow through them was developed and

verified with the experimental results. It is noteworthy that the numerical procedure consists
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on a combination of open-source models. Through the use of the calibrated numerical

procedure, we isolated the effects of roughness parameters on fracture transmissivity under

normal load. The numerical procedure was also used to isolate the influence of reversible

elastic shear loads on the experimentally measured transmissivity. Finally, we evaluated how

the small transmissivity changes during irreversible shear displacement can be predicted by a

change in geometry of the fracture surface for different applied normal stresses.

4.2 Experimental materials and methods

4.2.1 Starting samples with customized roughness

The samples were 75 mm long cylinders (36 mm diameter) of Carrara marble. Carrara marble

has a well characterized mineralogy (~99 vol% calcite), low porosity (~1%), fine grain (average

grain size <0.5 mm), and high homogeneity and isotropy (Chen, 1995; Pieri et al., 2001;

Delle-Piane et al., 2015). Its mechanical properties (Young’s modulus ~30 GPa; and uniaxial

compressive strength ~160 GPa; Edmond and Paterson 1972; Paterson and Wong, 2005) make it

a standard in rock mechanics and an ideal material for laboratory testing. For normal loading

experiments, two semi-cylinder’s vertical flat faces were ground prior to sample coring, to

obtain a perfect semi-circular geometry. For shear loading and reactivation experiments, the

cylinders were cored first, and then saw-cut at 30◦ towards the cylinder’s long axis to create

an oriented fracture. The fracture’s faces were ground flat to ensure perfect contact. Finally,

an injection/extraction borehole of 2mm diameter was drilled in each half sample from the

horizontal flat surface (in contact with the top/bottom anvils) to inject/extract fluid directly

into/from the fracture. In saw cut configuration, the resulting fracture was of elliptical shape

with long axis 2ae = 72mm and short axis 2be = 36mm. The elliptical contacting fracture

surfaces had a nominal area A ∼ 2036mm2. Prior to loading, the distance between boreholes

centers was of 60mm.

For all experiments, a customized fracture roughness was imposed to each flat surface of the

half-samples using a vertical-axis milling machine. The machine is composed of three main

elements: i) A table where the half samples were locked and leveled to a horizontal position.

ii) A rotary milling cutter mechanically linked to a rotating spindle whose spin is controlled by

a motor. The rotary cutter can be lowered to enter in slight contact with the half sample. iii)

An automatically advancing arm mechanically fixed to the rotary cutting tool. As the rotary

cutting tool advances, it periodically removes rock material over the tool blade’s edge, making

arc shaped grooves on the sample’s surface. The grooves’ wavelengths are smaller for faster

advancement speeds and larger for slower ones, resulting in customized roughness depending

on the chosen advancement speed.

The different experimental geometries tested here are detailed in Table C1 and sketched in

Figure 4.1b. In the sample’s names, the first subscript denotes large or small macroscopic

wavelength (L or S, corresponding to wavelengths of 1.7 and 0.9 mm respectively) and the
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second subscript denotes the sense of fluid flow with respect to the macroscopic grooves (P

for sub-parallel and O for sub-orthogonal). Finally M f denotes the sample with no imposed

macroscopic wavelength where the roughness was manually imposed through #80 grit. In all

experiments, fluid flow occurred following the y-axis (fracture’s long axis). In experiments with

shear loading and displacement, shear occurred along the y-axis (vertical in the rest of this

articles’ figures).

4.2.2 Roughness measurement and data processing

The measurement of surface roughness was performed using a 3D optical profilometer (Con-

tour GTI-3D Optical Microscope by Bruker Nano surfaces Division). The tool uses green light

interferometry to determine the surface topography of the sample with an accuracy down

to ~100 nm. The green light pulse has an area of ~1 mm2. A motorized base allows sample

movement in the x and y directions (minor and major axis of the fracture respectively). The

tool allows automatic scanning of large surfaces by performing several measurements with a

given overlap (here of 20%) which are later stitched together to reconstruct a larger surface

topography.

Under this configuration, two overlapping areas of sample MLO were analyzed. The first area

had a surface of 1 cm*1 cm and the second area had a 3 cm * 3 cm area. The measurement

results showed that the surfaces’ statistical properties (radially averaged 2-Dimensional power

spectral density of heights (PSD)) are transitionally invariant. Hence, it is assumed that

taking only a portion of 1 cm2 of the sample’s surface instead of taking the whole area gives

statistically the same result. Thus, for time purposes, only an area of 1 cm2 was analyzed on

the profilometer for all other samples.

The following corrections were then applied to the measured data (x,y,z topography maps):

i) Tilt removal. The intrinsic tilt due to levelling error at measurement was removed. ii)

Interpolation of missing points. Missing values are a specific consequence of rough surface

optical measurements because the reflected light path can be cut when large slopes are

encountered (Jacobs et al., 2017). A 2D nearest neighbor interpolation technique (Pingel

et al., 2013) was used to interpolate the missing data points. iii) Correction for sampling

artifacts. The sampling theorem states that the minimum wavenumber to be considered

in spectral analysis should be smaller than the Nyquist frequency fN = N
2Lm

where N is the

total number of points in the sampled domain (N = 5044) and Lm=10 mm is the length of the

measured domain. Thus, the cut-off wavector (e.g the maximum wavevector analysed) should

be qcut = 2.5e5m−1. A low-pass Gaussian filter was applied to remove all wavevectors higher

than qcut in the data. Finally, to evaluate the properties of rough surfaces (Figure 4.6) a radially

averaged 2D Power Spectral Density analysis with radially symmetric Welch windows was

performed to avoid artifacts (Jacobs et al., 2017; Kanafi, 2019).

It is important to notice that in the rest of the manuscript the roughness parameters are

evaluated with the available data. For example, the Hurst exponent is evaluated on windows
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smaller than one order of magnitude thus leading to an intrinsic error related to the availability

of the data (more data could be obtained through higher/lower resolution measurements to

complement the dataset). Similar difficulties arise on the estimation of the roll-off wavevector

for the experimental samples. Notwithstanding the estimated intrinsic errors, the same

technique was applied for all the measured samples. Thus, the comparative analysis presented

remains robust even though the absolute values of these parameters might not be as accurate

as desired.

4.2.3 Experimental set-ups and flow through experiments

The experimental set up was an oil-medium tri-axial Hoek-cell (Figure 4.1a) of the Laboratory

of Experimental Rock Mechanics (LEMR) at EPFL, Switzerland. The cell can hold 70 MPa (+-

50 kPa resolution) in confinement pressure (σ3 =σ2). For flow through experiments, the top

and bottom anvils were specifically designed to allow controlled fluid pressures and volumes

independently at the top and bottom ends of the samples (Figure 4.1a). The pressure/volume

controllers have a capacity of 200 cm3 (+-1mm3 resolution) in volume and 30 MPa (+- 10 kPa

resolution) in pressure.

One experiment was performed to evaluate the matrix permeability of Carrara marble and

have a point of comparison for the fracture fluid flow experiments. Due to the low permeability

of the rock matrix, an oscillatory fluid flow method was used under the same experimental

set-up. Details of the oscillatory fluid flow method can be found in Bernabé et al. (2006) and

Acosta and Violay (2020). Matrix permeabilities ranged from ~5.99 e-19 m2 at σ′
3=8 MPa to

4.92e-20 m2 at σ′
3=20 MPa (Annex Figure 4.131) and the exponential decay seems consistent

with previous literature studies of the permeability of Carrara marble (Chen, 1994; Zhang et

al., 2014; Delle-Piane et al., 2015) even if, in this study, measurements at low effective stress

were not performed for time purposes.
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Figure 4.1 – Experimental set-up and surface roughness sketches. a. The Hoek-cell tri-axial
set-up with customized fluid pressure system for flow through experiments (After Noël et
al., 2019). Two types of sample geometries were used for different experiment types (under
normal and shear loading). b. Sketches of the sample’s surface roughness. Sample MLO , large
wavelength (λ~ 1.7mm) with grooves sub-orthogonal to fluid flow and shear direction. Sample
MSO , small wavelength (λ~ 0.9 mm) with grooves sub-orthogonal to fluid flow and shear
direction. Sample M f , no imposed macroscopic wavelength. Sample MLP , large wavelength
(λ~ 1.7mm) with grooves sub-parallel to fluid flow and shear direction.

4.2.3.1 Experiments under normal loading

The half cylinders were clamped together and let to saturate in a vacuum chamber for a mini-

mum of one-week. Following this, samples were confined to σ3 = 5 MPa and fluid pressure

(p f ) to 1 MPa during a minimum of 120 minutes for additional (pressurized) saturation. Once

fluid and confinement pressures and volumes reached an equilibrium, σ3 was increased to

the target pressure of 43 MPa and p f was changed stepwise to study the effect of effective

normal stress (σ
′
N = σ

′
3 = σ3 −p f = 28, 30, 32, 34, 36, 38, 40 MPa; Figure 4.2a). At each step,

a differential pressure ∆p f = 0.3 MPa was imposed between the top and bottom ends of the
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sample and the steady state fluid flow rate (Q in m3.s−1) was measured (Figure 4.2a,b, insert in

panel b shows one example of the steady state flow rate). Because the flow rate on the fracture

was more than 3 orders of magnitude larger than in an intact marble cylinder (Annex Figure

4.131), it is reasonable to assume that all the flow occurred through the fracture.

For eachσ
′
N step, the fluid flow through the rectangular fractures was quantified by the product

of the permeability (k in m2) and the effective thickness (t in m) (Rutter and Mecklenburgh;

2017; 2018). kt is called the fracture’s hydraulic transmissivity (kt in m3) which can be

estimated directly from Darcy’s law as:

kt = µ f .Q

w.∆P
L

(4.1)

with µ f the dynamic viscosity of the fluid, w the fracture’s width and L its length.

4.2.3.2 Experiments under shear loading

The procedure to saturate the samples, place them in the cell, and take them to isostatic

loading (σ
′
1 =σ′

3) was the same as for normal loading experiments. For the shear experiments,

confining pressure σ3 was either 15 or 35 MPa and p f was 5 or 15 MPa respectively (so that

the effective confinement σ
′
3 = 10 and 20MPa). Then, the axial displacement was increased

by steps of 0.1 mm at a displacement rate of 10−6 mm.s−1. Such a low displacement rate was

used to allow fluid pressures equilibrium on the fault during shear loading (i.e fault drainage).

Under saw-cut configuration, both shear and normal stresses on the fault increased with

increase of axial displacement and were calculated as:

τ=
(
σ′

1 −σ′
3

)
2

sin(2θ) (4.2)

And

σ′
N = σ′

1 +σ′
3

2
− σ′

1 −σ′
3

2
cos(2θ) (4.3)

with θ the angle between the saw-cut and the vertical.

The final axial displacement in our experiments was of ~1.1 or 1.2 mm. As fault reactivation

(e.g. departure from elasticity and initiation of sliding) occurred often slightly after ~0.1 mm

displacement, the final shear offset was of ~1 mm in most experiments. At every displacement

step, the piston’s position was held constant. The differential stress naturally relaxed as the

piston stopped. When the differential stress reached a steady-state, a differential fluid pressure

of 0.3 MPa was imposed between the injection and extraction boreholes to measure sample’s

transmissivity (Figure 4.2c, d).

The steady state flow-rate Q (Inserts in Figure 4.2b and Figure 4.2d) was determined and the
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hydraulic transmissivity was estimated from the flow lines in a perfect elliptical surface using

the dipole image method of Rutter and Mecklenburgh (2017; 2018) such that the transmissivity

(product of permeability and equivalent hydraulic aperture) writes (Rutter and Mecklenburgh,

2017; 2018; Passelègue et al., 2020; Almakari et al., 2020):

kt =
Q.µ f . log10

(
2ae
r0

−1
)

B.π. dP
d x

(4.4)

with ae the half distance between the injector and extractor boreholes; r0 the borehole di-

ameter; dP
d x the spatial pressure gradient between the boreholes; and B a constant close to

unity.

It is noteworthy that here, no corrections for the changes in elliptical surface geometry were

made (see Tembe et al., 2010) because the total displacement on the saw/cut was < 1.2mm,

resulting in a change in nominal contact area lower than 8% which would result in less than

0.5% change in transmissivity.
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Figure 4.2 – Example experiments. a.,b. Normal loading experiments. Axial stress and
confining pressure were fixed at 43 MPa. The changes in mean fluid pressure led to a change in
effective normal stress applied on the fracture. a. Upstream and downstream fluid pressures
versus time. b. Upstream and downstream volumes versus time. The imposed differential
pressure resulted in a symmetric volume rate at the pressure/volume controllers which was
held until achieving a steady state. Insert shows zoom on one example of the flow rate versus
time. c,d. Shear loading experiments. c. Axial force (black) and axial displacement (grey)
versus time. The increase in axial displacement led to a spontaneous evolution of the axial
force (therefore of shear and normal stress) applied on the 30◦ saw-cut fracture. d. Fluid
pressures (left x-axis) and volumes (right y-axis) versus time. A differential pressure of 0.3
MPa was imposed at every displacement step to measure transmissivity in steady state. Insert
shows a zoom on one example of the flow rate versus time. The example in panels c. and d. is
given for an experiment at 10 MPa effective confinement.
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4.3 Experimental results

In all figures, a schematic legend is presented to show the customized sample’s roughness. We

note that the samples prepared for flow-through experiments under normal loading are not

the same as those for experiments under shear loading, thus, slight differences between the

sample’s roughness can be found for a same nomenclature.

4.3.1 Fluid flow through single fractures: normal loading

Figure 4.3 shows the results of flow-through experiments obtained in terms of transmissivity

as function of effective confining pressure. The dashed lines represent a first cycle where σ′
3

was decreased from 40 MPa to 28 MPa ( by increasing fluid pressure). The full lines represent a

second cycle where the effective confinement was increased from 28 to 40 MPa. Note that the

measured transmissivities were always higher whenσ′
3 was decreased (first loading) than those

of the increasing cycle (second loading). To avoid issues related to this hysteretic behavior

of the fractures, the transmissivities that will be used hereafter are those of the increasing

effective confinement cycle (second loading) because they are supposed to be representative

of the fracture’s transmissivity under elastic behavior (Iwai., 1976; Witherspoon et al., 1980;

Rutter and Mecklenburgh, 2017; 2018). It is noteworthy that in these experiments, we did not

perform more (3 or 4) effective pressure increase and decrease cycles to assess the reversibility

of transmissivity. Instead, we assume that the second cycle is representative of an elastic

behavior of the fractures with loading-unloading cycles, as has been shown in previous studies

(Rutter and Mecklenburgh, 2017; 2018).

The experimental sample MLO (e.g large wavelength sub-orthogonal to fluid flow), showed

transmissivities ranging from 3.05e-18 m3 at σ′
3=28 MPa down to 0.76 e-18 m3 at σ′

3=40 MPa.

Then, MSO (e.g small wavelength sub-orthogonal to fluid flow), showed transmissivities half

an order of magnitude smaller than those of MLO (ranging from 0.49e-18 m3 down to 0.17

e-18 m3 at σ′
3=40 MPa). The sample with no imposed macroscopic wavelength, M f had

transmissivities ranging from 0.23e-18 m3 down to 0.15 e-18 m3. The transmissivities were

close to those of MLO and MSO but the decay with increasing confinement was smaller in this

experiment with respect to the samples with macroscopic wavelength. The sample MLP (e.g

large wavelength sub-parallel to fluid flow), had transmissivities ranging from 0.48e-18 m3

at σ′
3=28 MPa down to 0.20 e-18 m3 at σ′

3=40 MPa. The transmissivities were almost half an

order of magnitude lower than those of MLO and close to those of MSO.
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Figure 4.3 – Experimental results of normal loading experiments. Experimental fracture
transmissivity function of the applied effective normal stress. Dashed lines represent effective
pressure decrease (first cycle) and full lines represent effective pressure increase (second
cycle).

4.3.2 Fluid flow through single fractures: shear loading

4.3.2.1 Stress-displacement evolution

Figure 4.4 (left axis) shows the shear stress versus axial displacement curves of all the con-

ducted experiments. In all cases, shear stress first increased elastically (i.e. in a reversible

manner) in response to increases in axial piston displacement (notice that due to the fault ori-

entation and loading configuration, the normal stress also increased (in a reversible manner)

on the fault during elastic loading). During this stage, the faults were fully locked (Byerlee and

Summers, 1975; Ohnaka, 2013; Scholz et al., 1972; Acosta et al., 2019). Then, once the shear

strength of the faults was reached, reactivation (i.e. initiation of motion) occurred and shear

stress versus displacement curves showed a roll-over (at displacements dr o ∼ 0.11−0.20 mm)

until reaching a steady-state where shear stress stayed close-to-constant with increasing axial

displacement. During this stage, the faults were unlocked and slipped at a near-to-constant

rate. It is noticeable that, because axial displacement was increased step-wise to measure

transmissivity, the fault showed an increase of shear strength at the start of every new displace-

ment step. This re-strengthening behavior usually represented less than 10% stress change

with respect to fault’s shear strength. The peak values of stress and its relaxation are due to

the time dependence of the fault’s real contact area (Dieterich, 1979; Dieterich and Kilgore,

1994). It is also noteworthy that all samples with an imposed macroscopic wavelength showed

a near constant increase in shear stress with displacement after reactivation occurred (Figure

4.4a,b,d) at friction values (τ/σ
′
N ) close to 0.5 (Table C1). The sample without macroscopic
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wavelength first showed a (very slow) stress drop at reactivation and then a near-constant

increase in shear stress with increasing axial displacement (Figure 4.4c).

The steady state shear strengths (τss) in experiments conducted at σ
′
3 = 10 MPa were τss ∼

14±2 MPa with a maximum of 15.7 MPa for the sample MLO and a minimum of 12.3 MPa

for the sample MLP . At σ
′
3 = 20 MPa, τss were in the range of 24 ± 3 MPa with a maximum

of 27.0 MPa for MLO and a minimum of 22.0 MPa for MLP . The steady state effective normal

stress in experiments conducted at σ
′
3=10 MPa ranged from 34.0 to 37.5 MPa. At σ

′
3=20 MPa

the effective normal stresses on the fault ranged from 58.7 to 66.3 MPa. As a result, all the

experiments presented state friction values in the range fss ∼ 0.54to0.61±0.02, in agreement

with Byerlee’s Rule (Byerlee, 1978). It is noteworthy that the ‘steady-state’ friction did not show

any significant trend with respect to the sample’s roughness configuration. A compilation of

the values is given in Table C2.

4.3.2.2 Transmissivity results

The transmissivities measured during shear loading experiments are shown in Figure 4.4 (right

axes). In experiments conducted at σ
′
3=10 MPa (lighter colors), the initial transmissivities (kt0;

e.g. with no applied deviatoric stress and at zero axial displacement) ranged from ~2.33.10−16

to 2.42.10−18 m2 with maxima and minima for samples MLO and MLP respectively. With

increasing axial displacement, transmissivity sharply decreased during reversible elastic fault

loading (usually of more than one order of magnitude). For the experiments MLO and MLP , it

dropped to values of 1.27.10−17 and 2.60.10−19 m2 (e.g. of ~1 order of magnitude) at the onset

of reactivation respectively (For details regarding what is considered as reversible loading and

irreversible shear displacement, refer to Figure 4.16). During irreversible shear displacement,

transmissivity usually slightly decreased overall; with local rises (to kt max
ss ) and drops (to

kt mi n
ss ) of lesser magnitude than the decrease during elastic loading. Finally, after unloading,

transmissivity (ktunl ) slightly increased in most cases (Except for sample MLP deformed at

σ
′
3 = 20 MPa) but was far from being recovered to kt0. Transmissivity after unloading (e.g.

under no applied differential stress) was usually close to the value found at the onset of

reactivation. For experiments conducted at σ
′
3=20 MPa, kt0 were 3 to 42 times larger than at

σ
′
3=10 MPa (except for MLP where kt0 was surprisingly two orders of magnitude higher at σ

′
3 =

20 MPa). At the onset of reactivation, ktss(σ
′
3 = 20 MPa) were 13 to 392 times lower than ktss at

σ
′
3=10 MPa). Finally, at unloading ktunl was 11 to 105 times lower at larger confining pressure.
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4.4. Microstructures

Figure 4.4 – Coupled evolution of fault’s normal stress, shear stress, and transmissivity in
response to axial loading. In all panels, left y-axis shows Stress (normal or shear as indicated
by the labels), right y-axis shows fault’s transmissivity (circles) and x-axis is the axial displace-
ment. Darker and lighter colors represent experiments conducted at 20 and 10 MPa effective
confining pressure respectively. a. Experiments on sample MLO . An example is given of what
is considered as reversible shear load and irreversible shear displacement. b. Experiments on
sample MSO . c. Experiments on sample M f . d. Experiments on sample MLP .

4.4 Microstructures

The surface topography maps of intact samples are presented in Figure 4.5a-d, and of sheared

samples for experiments conducted at σ
′
3= 10 MPa in Figure 4.5e-h, and of sheared samples

for experiments conducted atσ
′
3= 20 MPa in Figure 4.5i-l. The radially averaged 2D PSD curves

are given in Figure 4.6a-c.
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Figure 4.5 – Coupled evolution of fault’s normal stress, shear stress, and transmissivity in
response to axial loading. In all panels, left y-axis shows Stress (normal or shear as indicated
by the labels), right y-axis shows fault’s transmissivity (circles) and x-axis is the axial displace-
ment. Darker and lighter colors represent experiments conducted at 20 and 10 MPa effective
confining pressure respectively. a. Experiments on sample MLO . An example is given of what
is considered as reversible shear load and irreversible shear displacement. b. Experiments on
sample MSO . c. Experiments on sample M f . d. Experiments on sample MLP .
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4.4. Microstructures

4.4.1 Initial surface roughness

Figure 4.6a shows the PSD curves for the initial experimental surfaces (shown in Figure5a-d as

surface topography maps). The 2D PSD curves presented 2 sections: A first, ‘flatter’ part where

the power spectral density was close to constant with increasing wavenumber until the roll

off wavenumber qr . In this first part, the macroscopic wavelengths constitute a peak in the

PSD curves. With increasing wavenumber, a second part, presenting a power law dependence

on wavenumber was observed. The slope in a log-log plot is −2(H + 1) with H the Hurst

exponent (Candela et al., 2012; Jacobs et al., 2017). The Hurst exponent characterizes the

power law decay of PSD with increasing wavelength. In that sense, H usually characterizes

the fractal dimension of a surface (Candela, 2012; Jacobs et al., 2017 and references therein).

Finally, the area under the PSD curves represents the Root Mean Square height (hRMS) which

is the standard deviation of the heights distribution (Candela., 2012; Jacobs et al., 2017 and

references therein).

Prior deformation, for q< qr , the samples MLO had PSD amplitudes (C(q<qr ) ~ 2.10−19 m4),

and the samples MSO and MLP had smaller PSD amplitude prior to roll off (C(q<qr ) ~7-

8.10−20 m4). Finally, the sample with no macroscopic wavelength -Mf- had the smallest PSD

amplitudes prior to roll-off (C(q<qr ) ~1.10−20 m4). The roll of wavenumbers were the smallest

for MLO, MLP and MSO (qr ~6900 rad.m−1). qr were larger for the sample with no macroscopic

wavelength Mf (qr ~10000 rad.m−1) (Table C2). Regarding Hurst exponents determined from

the slope of the PSD curves, the samples MLO and MSO had H respectively 0.47 and 0.60.

The sample with no macroscopic wavelength Mf had lower H~0.44 and finally MLP had

H~0.59. The largest hRMS were calculated for MLO and MSO (~9.0 and 8.0 µm respectively).

Then, Mf had lower hRMS ~4.5 µm and finally MLP had hRMS~7.5 µm. The sample MLO had

a macroscopic wavelength λ= 1.7 mm with while the MSO surfaces had λ= 0.9 mm. Both

samples had an imposed wavelength amplitude of 11 µm. Finally, MLP had λ= 1.7 mm with

an amplitude of ~9 µm. The results are summarized in Table C2.

4.4.2 Post-deformation surface roughness

Fault surface roughness visibly changed in sheared samples. The topography maps after

deformation are shown in Figure 4.5 (at low confining pressure in panels e-h and at high

confining pressure in panels i-l). Note that a different sample was used for each confining

pressure experiment to initiate loading under similar conditions. Overall, the post-mortem

samples showed evidence of striation (grooves in the sense of shear), as well as changes in the

height distributions (Figure 4.5, one column can be observed for comparison). Evidence was

found of gouge formation during shearing with pervasive presence of microscopic particles in

low height zones. Larger amounts of gouge were generated in experiments at higher confining

pressure. It is noticeable that at both effective confinements, the samples MLP (e.g. with

grooves sub-parallel to the shear sense), showed very large changes in the surface characteris-

tics (Figure 4.5d, h, l). There, the initial macroscopic wavelengths were unrecognizable from
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topography measurements while in all the other experiments, the initial surface topography

could be partly recognized.

To study the statistical properties of these surfaces, the PSD’s were computed again on post-

mortem topography maps and analyzed in the same manner as those of intact surfaces (Figure

4.6b, c). The PSD curves showed a change in shape. Indeed, the previously ‘flat’ part of

the PSD’s showed an overall slope after deformation, adding additional complexity to the

estimation of the roll-off wavevector for post-mortem samples. The results are compiled in

Table C2 and summarized in Figure 4.6d-f. The root mean square of heights hRMS decreased

after shearing in all cases (except for the sample MLP deformed at σ
′
3 30 MPa) (Figure 4.6d).

No tendency was observed regarding hRMS with respect to the confining pressure at which the

samples were deformed. qr was here estimated where the slope of the PSD curves changed.

With that (rough) estimation of qr , an overall decrease was observed for all samples after

shearing with the measurements converging on all samples towards values of ∼ 5000−8000

rad.m−1 (Figure 4.6e). Finally, the Hurst exponent also showed an overall decrease after

shearing for all samples with slightly lower values of H in experiments at higher effective

confinement (Figure 4.6f).
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Figure 4.6 – Surface roughness parameters. a-c. Results of surface roughness measurements
for all the experimental samples. Radially averaged 2D-Power spectral density of heights
distribution for a. Initial surfaces, b. post-mortem surfaces of experiments conducted at 10
MPa effective confinement. c. post-mortem surfaces of experiments conducted at 20 MPa
effective confinement. d-f. Estimated surface roughness parameters. Circles represent initial
surfaces with the estimated error. Upward triangles represent post-mortem samples deformed
at 10 MPa effective confinement and downward triangles represent experiments at 20 MPa
effective confinement. d. root mean square of heights parameter. e. roll-off wavevector. f.
Hurst exponent. Bottom panel is the legend showing colors and symbols.

4.5 Numerical Modelling of fracture transmissivity (under normal

loading only).

4.5.1 Numerical Methods

4.5.1.1 Generation of artificial surfaces.

Artificial wavy-rough surfaces were independently generated through use of the algorithm by

Kanafi (2018). The algorithm uses the roughness parameters (measured on the experimental

samples with the profilometer) from the power spectral density of surface heights (hRMS , H

and qr ) to generate an artificial randomly rough surface with the corresponding properties. In
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addition to the randomly generated rough surface, the experimental samples had a customized

macroscopic wavelength (see section 4.4) which represents a singularity at a given wavevector

in the radially averaged PSD’s (Jacobs et al., 2017). The macroscopic wavelength and the

corresponding amplitude were evaluated through the profilometer measurements (Table C2,

and Figure 4.5). The final surfaces are the resultant of a random roughness created from the

artificial surface generator on top of a sinusoidal macroscopic wavelength estimated from the

experimental samples (Figure 4.7a). The total roughness was adjusted so that the hRMS of the

sum of the two surfaces is equal to the true hRMS measured on the experimental sample.

4.5.1.2 Surface contact under normal stress.

To simulate contact of two opposing surfaces resulting from lithostatic pressure in Geo-energy

reservoirs (represented by σ′
3 in the experiments), a half-space based, dry contact model from

Tribonet was used (Lubrecht and Ioannides, 1991; Akchurin et al., 2015; Tribonet). The model

uses the artificially generated surfaces discretized to either 2048*682 (for model calibration) or

768*256 nodes (for parametric analysis). Solid material properties were assigned to the contact

bodies (which can differ but are here taken equal) described by a saturating elastic stress-strain

relationship (e.g. the deformation is purely elastic until a stress threshold is reached, then

stress remains constant with increasing strain). The parameters used here are the material’s

Young’s modulus E (here 30.2 GPa) and the Poisson’s ratio ν ( here 0.3) for elasticity (measured

from a Marble deformation experiment shown in Annex 1); and the yield stress σy (here 0.2

GPa; Violay et al., 2014) which describes the limit of plasticity (or saturation threshold). The

simulated load applied between the half spaces corresponds to the macroscopic normal stress

(hereσ′
3) over the nominal contact area An = L·w (see Table C1). The contact problem is solved

under plane-strain boundary conditions and takes into account the mechanical interactions

between micro contacts by the use of a double-continuum convolution integral (Polonsky

and Keer, 1999). It calculates how the deflection at each mesh node affects the surrounding

nodes. The calculation iterates until convergence of the deflection at all nodes (Lubrecht and

Ioannides, 1991; Polonsky and Keer, 1999; Akchurin et al., 2015; and Tribonet). This calculation

allows for fairly realistic simulation of real contact area evolution under normal load. In that

sense, the roughness of each half surface is allowed to change under the application of normal

load. As outputs, two-dimensional real contact area (Ar ) maps and geometrical aperture

(em(x, y)) maps were recovered at each studied effective confining pressure (Figure 4.7b). Note

that, in the aperture maps, a zero-aperture value is not allowed in our procedure. Thus, the

contacting zones were replaced with apertures more than ten orders of magnitude smaller

than the mean aperture to avoid numerical issues for fluid flow calculation.

4.5.1.3 Fluid flow calculation.

Finally, once that the contact area and geometrical aperture maps were extracted under

different normal loads, the flow through the rough fractures was resolved (Figure 4.7c). A finite

volume formulation (Crandall et al., 2017; Brush and Thompson, 2003) was used to solve the
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Reynolds lubrication equation (Reynolds, 1886). To apply the Reynolds lubrication equation

(here simplified to the local cubic law (Zimmerman and Bodvarsson, 1996)) in the fracture, the

main assumption is that the variations in aperture occur gradually in space over the fracture

plane (smoothness hypothesis). This hypothesis seems reasonable because i) hRMS
λ ¿ 1, thus

the vertical variations of roughness with respect to macroscopic wavelength are small, and

ii) L
λ > 10, thus the aperture due to macroscopic wavelength is small compared to the total

fracture length. The Reynolds boundary layer approximation can therefore be expressed as

(Brown, 1987; Zimmerman and Bodvarsson, 1996; Jaeger et al., 2007; Watanabe et al., 2008;

2009):

∫
s
ρ.

[
e3

m

12.µ
.∇p

]
.n̂.dS = 0

where ρ and µ are the fluid density and viscosity respectively, em(x,y) is the local mechanical

(or geometrical) aperture in the vertical direction (Brush and Thompson, 2003), S is the

domain’s surface and n̂ is the outward unit normal vector to the local element. Details on the

discretization and resolution of the mass conservation equation above can be found in Brush

and Thompson, (2003) and Crandall et al. (2017). The imposed boundary conditions on the

top and bottom ends of the sample (y-axis) are Dirichlet (constant flow) pressure conditions

p f =± 0.15 MPa at y= 0 and p f =± 0.15 MPa at y =L. The sign of the fluid pressures is opposed

in all cases and they depend on the flow sense that needs to be applied (top to bottom or

bottom to top). Neumann boundary conditions (no-flow) are applied at the lateral fracture

boundaries x=0 and x= w. (See Figure 4.7 for details on the fracture geometry). The results

from the finite volume code were validated by comparison with a homemade finite difference

code for flow calculation and with a finite element code used with the commercial software

Comsol multiphysics (Annex 3).
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Figure 4.7 – Numerical modelling of fluid flow through rough surfaces. a. Example of one
artificially generated surface, colorbar accounts for the height distribution. b. results from
contact simulations. Zoom on a 10 mm*5 mm part of the surface representing the contact
area between two rough surfaces. Different confining pressures are shown (28, 34, 40 MPa are
respectively the thin red, blue, and thick turquoise contours) c. Example of a flow through
experiment performed with the contact area at σ

′
N =28 MPa as input. Colorbar shows the flow

rate magnitude through the fracture in logarithmic scale. d. Difference of heights between the
initial surface and surfaces shifted of 0.6; 0.7 and 0.8 mm (left to right panels). Blue bar in the
center of the zoomed surface shows a position reference in the middle of the fracture.

While few studies have managed to simulate normal stresses in rough faults followed by the

fluid flow through them (Kang et al., 2016), to our knowledge, this is the first study to use

a combination of open-source numerical models for i) generating wavy, rough surfaces, ii)

simulating the contact under effect of normal stress and iii) the study of fluid flow through the

fractures.This procedure was used due to the relatively low computational needs if compared
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to a full monolithic coupled computation of deformation and fluid flow (see Shvarts and

Yastrebov., 2018a, 2018b; and Shvarts, 2019 for details on such approach).

4.5.2 Validation of the numerical simulations towards experimental data.

The hydraulic transport properties of rough fractures submitted to normal stress are highly

dependent on the surface geometry and roughness parameters (Section 4.3; and Chen et al.,

2000; Watanabe et al., 2008; 2009; Patir and Cheng, 1978; Iwai, 1976; Pyrak-Nolte et al., 1988;

Walsh, 1981; Witherspoon et al., 1980; Rutter and Mecklenburgh, 2017; 2018). We now study

the flow through wavy rough fractures submitted to normal loading only in this subsection. As

described in section 4.5.1, first artificial surfaces with roughness parameters similar to those

measured experimentally were generated. Then, the contact between the surfaces at given

loads was simulated, and finally the flow through the fractures was computed. The numerical

results are presented in Figure 4.8a corresponding to the samples tested experimentally.

For all samples, two types of numerical simulations were conducted. One where the large

wavelengths were in peak-to-peak contact (e.g non-mated surfaces, Figure 4.8 triangles). In

those cases, the resolved numerical transmissivities were more than two orders of magnitude

larger than those measured experimentally (Figure 4.3). Another set of numerical simulations

was conducted where the large wavelengths were in peak-to-valley contact (e.g fully mated

surfaces, Figure 4.8a circles). In this case, the resolved numerical transmissivities ranged from

0.50e-18 m2 at σ′
3=28 MPa down to 0.20e-18 m2 at σ′

3=40 MPa, for sample MLP as an example.

The fully mated transmissivity results are in strong compatibility with experimental results.

This highlights the strong influence of flow channeling on fracture hydraulic transport capacity

which cannot be neglected in the analysis (Watanabe et al., 2009; Shvarts and Yastrebov, 2018a;

Shvarts, 2019). Note that in the experiments, the surface mating was difficult to control when

setting up the half-fractures in the tri-axial cell. Nevertheless, the strong compatibility with

mated numerical simulations highlights that the experimental surfaces were close to fully

mated during experiments.

We observe that for all samples, the numerical transmissivity has a near-to exponential decay

with increasing normal stress (the plot is log-normal) as kt
(
σ

′
N

)
= a.e−bσ

′
N , with a and b two

fitting parameters. Note that here, we tested normal stresses that are representative of geo-

energy reservoirs, therefore the lower range of stress (<28 MPa) was not explored. The sample’s

initial surface geometry seems to condition the parameters a and b. With larger values of

the b parameter in samples MLO (bMLO =0.190) and MSO(bMSO =0.198). Then, an intermediate

value of b is found for sample M f (bM f =0.103) and the smaller one for MLP (bMLP =0.099). To

summarize, samples with grooves perpendicular to fluid flow are more sensitive to normal

stress than samples with no roughness which are in turn more sensitive than samples with

grooves sub-parallel to fluid flow. The transmissivity decay with increasing normal stress has

been seen with i) near exponential decays (Iwai, 1976; Witherspoon et al., 1980; Pyrak-Nolte et

al., 1988), ii) logarithmic decay (Walsh, 1981), or iii) through more complex decays depending

on heterogeneous topographies (Watanabe et al., 2008; 2009) and loading paths (Iwai, 1976;
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Witherspoon et al., 1980; Rutter and Mecklenburgh, 2017; 2018).

From the numerical procedure developed in this work, one can expect a near exponential

decay of transmissivity at the working experimental normal stresses for the modeled carbonate

rock. In turn, the experimental results show a small scatter towards the exponential decay

predicted by the model. Which can be due to i) the loading path (e.g. hysteresis; Iwai, 1976;

Witherspoon et al., 1980; Rutter and Mecklenburgh, 2017; 2018); ii) imperfections in the exper-

imental contacts with respect to the numerical model (e.g. not perfectly mated experimental

surfaces); or iii) small non-linearities in fluid flow in real sample surfaces (Zimmerman and

Bodvarsson., 1996) which are not considered in the Reynolds lubrication approximation for

the simulations. Overall, the numerical results are remarkably consistent with the experi-

mental data, as shown by the small deviation of data from the 1:1 slope in Figure 4.8b. In the

numerical simulations, more than 90% of the points are contained within a factor 2.5 from the

experimental data.

Figure 4.8 – Flow through numerical results (under normal stress only). a. Numerical frac-
ture transmissivity function of effective normal stress applied on the fracture. The top equation
shows the form of the exponential fits for all simulations. Parameters a and b are reported in
panel a for each roughness configuration. b. Numerical transmissivity function of experimen-
tal transmissivity. In both panels, triangles represent the numerical results from samples with
an un-mated configuration and circles represent a mated configuration. In panel b. the black
lines represent a slope of 1 and a deviation with a factor 2.5 to that line. Note that more than 90
% of the mated data points were contained within that factor. The numerical model developed
gives good agreement with the experimental hydraulic transport properties measured under
normal loading.

4.5.3 Influence of roughness parameters on fracture transmissivity under nor-
mal loading.

The goal of the following section is to isolate the roughness parameters that have stronger

control on hydraulic transport properties through a parametric analysis of the numerical

procedure. First, the parameters are isolated in absence of macroscopic grooves and then, the
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effect of the large-scale wavelength with grooves perpendicular to the fluid flow is studied.

4.5.3.1 Flat rough surfaces (absence of macroscopic grooves).

First, the roughness properties are analyzed for rough surfaces without imposed wavelength

to avoid bias from the macroscopic grooves on all other parameters (H ; qr ;hRMS). Artificial

surfaces with L = 75 mm (length) and W =25 mm (width) with 768*256 nodes were created

and tested through the same numerical procedure described in section 4.5.1. The steady

parameters (the parameters that do not change when only one of the other parameters is

varied) are [H] = 0.6, qr = 8000 rad.m−1 and hRMS = 8 µm. Hurst exponents are varied from 0.5

to 0.9 (values that can be found in natural and experimental faults; Brown and Scholz, 1985;

Candela et al., 2009), roll-of wave-vectors are varied from 1000 to 10000 rad.m−1 and hRMS are

varied from 2 to 8 µm. Results are shown in Figure 4.9.

- Changes from 0.5 to 0.9 in Hurst exponent alone (Figure 4.9a), do not show large changes

in transmissivity (30 to 60 % lower for the lowest tested Hurst exponent) of the simulated

fractures.

- From Figure 4.9b, qr has a strong influence on transmissivity only for qr < 5000 rad.m−1.

Under our experimental conditions qr is often comprised between 5000 and 10000 rad.m−1

(Table C2). In that range, qr variation has little influence over the transmissivity response.

- From Figure 4.9c, we observe that hRMS has the largest influence over the transmissivity

response of the flat-rough fractures. Increase of 2 to 8 µm results in over three orders of

magnitude difference transmissivity. The lower hRMS height, the flatter the surfaces, hence,

under normal load, the better they match to each other and the smaller their mechanical and

hydraulic apertures.
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Figure 4.9 – Parametric analysis. a-c. For flat rough surfaces. All panels show fracture
transmissivity function of the simulated effective normal stress. Error bars correspond to a
factor 2.5 in transmissivity which is taken here as the model’s accuracy. a. Variation of the
Hurst exponent alone. b. Variation of the roll-off wave vector alone. Note that a wavevector
of 1000 rad.m−1 is widely out of the range from experimental samples. c. Variation of hRMS.
The base values for this parametric analysis are given in the text. e-g. Parametric analysis
for wavy-rough surfaces. e. Variation of the Hurst exponent alone. f. Variation of the roll-off
wavevector alone. g. Variation of the whole hRMS . h. Variation of the macroscopic wavelength.
The base values for this parametric analysis are given in the text. Insert shows a sketch of flat
rough surfaces, and of wavy rough surfaces and the flow direction. Note that in panels b. and
e.; as well as in c. and f., the parameters chosen for the analysis can differ. This has been done
to explore a narrower parameter range in presence of macroscopic grooves.

4.5.3.2 Wavy rough surfaces (in presence of macroscopic grooves).

To study the effect of the macroscopic wavelength on fracture’s transmissivity, artificial surfaces

were generated by overlaying a surface with a macroscopic wavelength and a flat rough surface

such that the overall hRMS equals the targeted value. The steady parameters are H = 0.6, qr

= 7000 rad.m−1 and hRMS = 4 µm and wavelength λ = 1.7 mm. These reference values are

taken from experimental observations. Hurst exponents are varied from 0.5 to 0.9, roll-of

wave vectors are varied from 4000 to 10000 rad.m−1, hRMS are varied from 3 to 5 µm and

wavelengths λ from 0.9 to 2.5 µm. Results are shown in Figure 4.9d-g. For qr and hRMS , the
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parameter range explored here is narrower than for flat rough surfaces presented above.

Figures 4.9d,e show again that H and qr alone have little influence on the transmissivity of

wavy rough surfaces (changes of 30 to 60% in transmissivity for a change of 0.4 in H and 3

to 5 times increase in transmissivity for a variation of 6000 in qr ). On the other hand, hRMS

has strong control over the fracture’s transmissivity (Figure 4.9f). Indeed, at σ′
3 = 35 MPa, the

transmissivity is more than 3 orders of magnitude larger from hRMS ~3µm to 5µm. We observe

that for a change in λ from 0.9 to 2.5 cm, at σ′
3= 35 MPa, the increase in transmissivity is more

than 3 orders of magnitude (Figure 4.9g) highlighting the strong control of the wavelength on

the hydraulic transport capacity of the rock fracture.

We performed thirty-six additional simulations to explore the combined effects of wavelength

and standard deviation of heights on fracture’s transmissivity (these simulations were per-

formed with σ
′
N = 28 MPa, and for grooves sub-orthogonal to fluid flow as examples). The

results are shown in Figure 4.10. The evolution of transmissivity is strongly non-monotonic

in this parameter space. A combination of small λ and low hRMS naturally results in low

transmissivities. Nevertheless, low λ (500 -1000 µm) and intermediate hRMS (10 µm) can

result in regions of lower transmissivities than its surroundings. At intermediate λ (~1500 µm),

an increment of hRMS results in less increase in transmissivity than at higher λ (~2100 µm) for

example. We conclude from this analysis that, for complex topographies, the transmissivity of

wavy rough fractures from averaged height values (hRMS only for example) needs to be eval-

uated with care (Renshaw, 1995; Zimmerman and Bodvarsson., 1996; Brown, 1987; Hakami,

1989; Piggott and Ellsworth., 1992; Patir and Cheng, 1978).

Figure 4.10 – Contour plot of transmissivity of rough wavy surfaces (grooves sub-
orthogonal to fluid flow). The fault’s transmissivity (in log scale) is computed as function
of the root-mean-square roughness (hRMS) and the macroscopic wavelength for artificial
wavy-rough surfaces. Effective pressure considered for this plot is 28 MPa.
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4.6 Effect of shear on transmissivity: extrapolation of the numeri-

cal procedure

As observed in the previous section, the numerical procedure developed here predicts well the

transmissivity of rough fractures submitted to normal stress. It allows therefore to explore the

influence of each surface roughness parameter on the hydraulic transport properties of the

fractures. It is noticeable that the contact model does not include a shear stress component

analysis nor a wear analysis. From our knowledge, integrating an elasto-plastic shear compo-

nent and wear components to the analysis is not a straightforward task and is out of the scope

of this study (Aghababaei et al., 2016; Milanese et al., 2019; Molinari et al., 2018; Frérot et al.,

2019). In the following subsection, we use the developed numerical procedure to simplify the

shear loading problem and study the influence of reversible shear loading and irreversible

shear displacement on fracture transmissivity.

4.6.1 The effect of reversible shear loading on transmissivity (prior the onset of
sliding)

Before the shear strength was reached, the faults were fully locked (Byerlee and Summers,

1975; Ohnaka, 2013; Scholz et al., 1972; Acosta et al., 2019), during that phase, the faults were

loaded elastically (in a reversible manner, grey shades in Figure 4.16) in response to increases

in axial piston displacement. Elastic loading strongly decreased transmissivity under all tested

conditions. The change in transmissivity is due to the increase in both normal and shear stress

on the fracture prior to sliding (note that this type of loading is more common in natural faults

than a shear loading at constant normal stress). In order to isolate the effect of reversible shear

load, we now compare the results from the validated numerical model (for fractures submitted

to normal stress only) to the experimental results obtained under both shear and normal stress.

To do this, the model results of fracture transmissivity function of normal stress were fitted

with an exponential decay as kt
(
σ

′
N

)
= a.e−bσ

′
N (full colored lines in Figure 4.11). The values

of a and b are given in Figure 4.11 (top of the panels). Then, we compare the model values to

experimental results (measured or interpolated) of fracture transmissivity submitted to both

normal and shear stress during reversible elastic loading (filled circles in Figure 4.11; darker

colors for higher effective confinement). Note that, assuming that the model predicts well

the experimental transmissivity under normal stress, all deviations from the (normal loading)

model result from the effect of shear loads in this configuration. We observe that reversible

elastic shear load has very little effect on transmissivity. It either increases or decreases fault

transmissivity with respect to the case where only normal load was applied. When the sample

had no macroscopic roughness (M f , Figure 4.11c), the transmissivity mostly decreased, in

particular when high (normal and shear) stress was applied (experiment at σ
′
3= 20 MPa).

Similar observations were observed in smooth hard-rock surfaces at high stresses (Rutter and

Mecklenburgh, 2017; 2018). In the case of sample MLO (Figure 4.11a), transmissivity rose of

almost two orders of magnitude under all stress conditions. For sample MSO (Figure 4.11b),

transmissivity was not affected by shear stress at low confinement (first two circles from left to
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right, in lighter color) but increased at high confining pressure (3rd and 4th points from left to

right). Finally, for sample MLP (Figure 4.11d), the transmissivity usually decreased except for

one point that seems to be an outlier in the transmissivity evolution (Figure 4.4d, displacement

< 0.1 mm).

An increase in transmissivity due to the application of reversible shear load alone should be

due to a decrease of the real contact area with increasing shear stress because the hydraulic

aperture (h[H ]) is a function of the real contact area (Ar ) as (Walsh, 1981):

hH = hM .

(
1− Ar

1+ Ar

) 1
3

(4.5)

where hM is the geometrical aperture of the fracture surface. The evolution of the real contact

area with increasing shear in a frictional contact is today a controversial issue in the contact

mechanics community. On the one hand, several studies have shown a decrease of the real

contact area with increasing shear stress prior to (and at the onset of) sliding in mortar rock

replicas (Grasselli and Egger, 2003; Park and Song, 2013); on hard polymers (BenDavid et

al., 2010; Svetlizky and Fineberg, 2014; Bayart et al., 2016); and on soft polymers (Sahli et

al., 2018). On the other hand, experiments in hard, coated polymers (Bay and Wanheim,

1976) and in polystyrene-on-glass contacts (Weber et al., 2019) have shown that the real

contact area in turn increases with shear stress and initial displacement due to a mechanical

degradation of the asperities (plastic deformation). By isolating the effect of normal stress and

shear stress separately on transmissivity, our results show that the application of reversible

shear load is not the only factor affecting fracture transmissivity but rather the combination

of geometry and stress even if its effect is small. Indeed, both samples with macroscopic

grooves sub-orthogonal to shear sense showed the largest increase of transmissivity. In

experiments similar as those conducted here but in smooth, hard- rock samples (Rutter and

Mecklenburgh, 2017; 2018), the increase of shear stress at constant normal stress led to a very

slight decrease in fault transmissivity at the onset of reactivation. There, the authors inferred

that the slight transmissivity decrease was due to asperity collapse during shear loading. In

our experiments, it seems therefore reasonable that during elastic loading only (e.g. while no

permanent changes in surface topography are expected), the transmissivity varies very little

with increasing, reversible shear load.

From this analysis, we conclude that the stress state alone does not fully determine the

hydraulic transport capacity of a rock fracture. It seems that there is an interplay between

fracture geometry and the state of stress (shear and normal stress applied on the fracture) that

determines fracture transmissivity. To examine the exact contribution of shear stress applied

on the fracture, more complex elastic-plastic models are required. First attempts going in

this direction are the models of Yastrebov et al. (2017) and those of Shvarts and Yastrebov

(2018a; 2018b) where the problem is approached through spectral boundary element methods,

and full monolithic coupling of the mechanical deformation and hydraulic transport in the

fractures. These methods should allow, in term, the extension to shear stress and plasticity
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(Frérot et al., 2019) with the geometries used in this study (grooves sub-orthogonal to fluid

flow and shear sense as well as parallel ones).

Figure 4.11 – The contribution of reversible shear stress to fault transmissivity. All panels
show transmissivity vs. effective stress applied on the fracture. Full colored lines represent
the exponential fit from the calibrated numerical models of transmissivity in faults submitted
only to normal stress. The shaded areas represent the estimated error associated to the model.
The full circles of the transmissivity measurements represent the full circles shown in Figure
4.16. (two for each experiment at a given effective confinement). The vertical lines show the
difference between the experimentally measured transmissivity (under reversible shear and
normal stress) and the numerical prediction (under normal stress only), thus representing
contribution of shear stress only to transmissivity. Panels a., b., c., and d. represent the sam-
ples MLO ; MSO ; M f ; and MLP respectively. Darker and lighter colors represent experiments
conducted at 20 and 10 MPa effective confinement pressure respectively.
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4.6.2 The effect of irreversible shear displacement

Once that irreversible shear displacement started and the fault reached a ‘steady state’ sliding

condition (see inset of Figure 4.11), with near constant shear and normal stresses, the fault’s

transmissivity varied only slightly, usually of less than one order of magnitude (Figure 4.4).

Our experimental results of transmissivity change during shear sliding are plotted as full lines

(with empty circles as markers, left y-axes) in Figure 4.12. There, transmissivity is normalized

by the mean fracture transmissivity during shear sliding.

In order to simulate the effect of shear displacement on fracture transmissivity we simplified

the problem to the shift between the two (initially mated) opposing artificial surfaces of a

given displacement (Figure 4.7d). For this model, two artificial rectangular surfaces (32 mm*64

mm; equivalent to the ellipsis area to simplify the problem) were generated with shifts of 0.1

mm in the y-direction and put into contact using the procedure described above. For each

sample, a total of 10 surface pairs was computed to evaluate the evolution of transmissivity

with increasing displacement up to 1 mm total displacement. In this case, the applied load on

the shifted fracture surfaces corresponds to the mean experimentally measured normal stress

during shear sliding (σ
′
N ss in Table C1). The numerical results from the model are plotted as

thick transparent areas (with filled triangles as markers, right y-axes) in Figure 4.12. Again, the

values are normalized by the mean fracture transmissivity during shear sliding. On the one

hand, in experiments conducted at low confining pressure (σ
′
3 = 10 MPa; Figure 4.12a-d), the

general tendency of transmissivity change is fairly well captured by the simplified model even

though the absolute values can be off by more than an order of magnitude. On the other hand,

at high confining pressures (σ
′
3 = 20 MPa; Figure 4.12e-h), the simplified model is far from

capturing the tendency of transmissivity change with ongoing shear slip. We interpret these

differences at low and high confining pressure as due to strong changes in surface roughness

(due to plastic deformation and wear) with ongoing slip. Indeed, the model presented here is

extremely simplified because it does neither consider the evolution of an applied shear stress

on the fracture’s macroscopic wavelengths nor the production of wear particles (Aghababaei et

al., 2016; Milanese et al., 2019; Molinari et al., 2018). The plasticity (Frérot et al., 2019) and wear

(Archard., 1959; Yamashita et al., 2015; Tesei et al., 2017; Molinari et al., 2018) processes should

be enhanced by higher applied normal and shear stresses, thus generating larger changes in

surface topography in our experiments at high confining pressures. In turn, the generation of

a third body during frictional sliding is expected to highly contribute to i) the frictional sliding

process (Yamashita et al., 2015; Tesei et al., 2017;; a review is given in Scholz, 2019) and ii) the

fracture transmissivity (Faoro et al., 2009; Tanikawa et al., 2010; Rutter and Mecklenburgh.,

2017; 2018).

We note that, a more refined model should consider not only the deformations due to shear

stress (Park and Song, 2013) but mostly to wear processes and the formation of a third body

(Aghababaei et al., 2016; Milanese et al., 2019; Molinari et al., 2018).
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Figure 4.12 – Transmissivity change during irreversible shear displacement. All transmis-
sivity values are normalized by the mean transmissivity during shear to show the change with
increasing displacement. Empty circles (full lines) represent experimental results and full
triangles (transparent lines) represent numerical results as described in section 4.6.1. a-d.
Experiments at 10 MPa effective stress. The simplified model captures the overall evolution
of transmissivity with ongoing displacement. e-h. Experiments at 20 MPa effective stress. At
high normal stress, the simplified model fails to capture the transmissivity change.
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After shearing, the axial stress on all samples was decreased (i.e both normal and shear stress

were decreased to isostatic stress conditions) and transmissivities measured again under

isostatic stress conditions (σ
′
1 = σ

′
3). The transmissivities after unloading (ktunl ) slightly

increased with respect to the values measured at the end of the shearing stage (last points

in Figure 4.4). Nevertheless, the transmissivity was far from being recovered to the isostatic

initial transmissivity (kt0). The difference between kt0 and ktunl was usually larger than

an order of magnitude, meaning that after shearing, the faults hydraulic transport capacity

was much lower even if the stress state was the same. This result can be attributed to the

production of wear products (thin gouge) which can obstruct fluid flow in the fault, increasing

the contact area and reducing the hydraulic aperture at given stress conditions (Faoro et al.,

2009; Tanikawa et al., 2010; Rutter and Mecklenburgh, 2017, 2018). In our experiments, this

is further supported by the evolution of surface roughness maps after shearing (Figure 4.5

and Figure 4.6). Similar observations have been made by Molecular Dynamics simulations

of frictional sliding (Spijker et al., 2013) where roughness decreased exponentially during

sliding in hard metals. In natural faults, this effect is difficult to quantify. On the one hand,

shear reactivation can decrease fault transmissivity due to the formation of wear products at

small displacements. At large displacements, the wear products can become large enough

that the transmissivity is in turn increased depending on fault roughness, sliding conditions

(stress, slip velocity, power density, etc. . . ); and rock properties (Yamashita et al., 2015; Tesei et

al., 2017; Molinari et al., 2018; Milanese et al., 2019). On the other hand, shear reactivation

can increase transmissivity on ‘healed’ faults (e.g. if the fault’s core is composed of glassy

products and or consolidated fault gouge), due to porosity unclogging (Elkhoury et al., 2011)

or macroscopic dilatancy (Crawford et al., 2008; Faulkner et al., 2010; Cox, 2010; Zoback and

Gorelick, 2012; Tesei et al., 2017; Jeanne et al., 2018). It is possible that in faults with large scale

roughness and heterogeneity, large displacements (larger than the characteristic wavelength)

lead to macroscopic dilation and increased fracture aperture (Chen et al., 2000; Watanabe et

al., 2008; 2009; Ciardo and Lecampion, 2019). It is noteworthy that natural faults that have

seen several slip episodes, present grooves in the shear sense which become more marked

with increasing slip (Candela et al 2009; Sagy et al., 2007). Nevertheless, the periodicity of such

grooves might not show a clean periodicity as the one imposed on our initial surfaces (Tesei et

al. 2017). Further experimental work dealing with the evolution of fault roughness, and its

relation to the mechanics of frictional sliding is needed to understand how the production of

wear products interacts with mechanical and hydraulic aperture changes.

4.6.3 Discussion and implications for geo-energy reservoirs

In our experiments, the fault’s transmissivity first strongly decreased due to the application of

normal stress, the sensitivity of fault’s transmissivity to normal stress depended on fracture

geometry (Figures 4.3, 4.4, 4.9, 4.10). When shear stress was applied, its influence was very

small and was conditioned by the interaction between stress and fault geometries. Then,

once faults were submitted to shear sliding (up to 1 mm), the transmissivity changes were

small (often less than one order of magnitude) and its evolution could be predicted by the
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fault’s geometry in experiments at low normal stress only. During the stimulation of deep

geothermal reservoirs for example, one stimulation strategy to increase the production flow

rate is to reactivate faults in shear, expecting that the shear displacement permanently in-

creases transmissivity (Cladouhos et al., 2010; Breede et al., 2013, Cornet, 2016). The strategy

consists in injecting pressurized fluids into the fractured reservoir in order to decrease the

effective normal stress on the fault, leading to reactivation. From the results in our study, we

can observe that the reduction in normal stress can indeed increase the fault’s transmissivity

and that the magnitude of increase will depend on the fault surface geometry. If faults are

flat but rough, the transmissivity increase will be smaller than if faults present some kind of

macroscopic wavelength and heterogeneous topography (Watanabe et al., 2008; 2009 present

somewhat similar observations in granitic rocks). In addition, decreasing the fault’s effec-

tive normal stress will increase the shear-to-normal stress ratio (friction), thus transmissivity

should change under the effect of shear stress, depending on the fault’s geometry. This remains

valid only if the overpressure in the reservoir is somehow maintained during the stimulation

and production phases, reducing the reservoir’s effective stress.

The usual idea regarding fault reactivation influence on transmissivity is that slip on rough

faults generates a permanent increase in hydraulic transport on the fault (Carey et al., 2015;

Guo et al., 2013; Ishibashi et al., 2012; Lee and Cho, 2002; Yeo et al., 1998; Zambrano et al., 2018;

Pyrak-Nolte et al., 1988; Olsson and Brown, 1993; Esaki et al., 1999; Wenning et al., 2019). In

most of those studies, the shear displacements were in the range of 3 to 20 mm and/or on faults

with large roughness (Chen et al., 2000; Wenning et al., 2019). Our results show that when

shear slip occurred in the fault (<1 mm), transmissivity remained close to constant with very

slight changes, in strong contrast to the usual understanding of shear reactivation described

above. Very few other experimental studies have reported decrease in hydraulic transport

properties with shear displacement (Rutter and Mecklenburgh, 2017; 2018; Faoro et al., 2009;

Tankikawa et al., 2010). In deep geothermal reservoirs, stimulations that generate large shear

displacements are usually associated with the occurrence of large magnitude seismic events.

In the light of our results, inducing small shear displacements will not significantly increase

the reservoir’s fluid transport capacity. However, if the reservoir’s fractures and faults are

‘clogged’ (due to the presence of frictional wear products or by mineral precipitation), it is

highly possible that shear reactivation, followed by an unclogging treatment (chemical or

hydraulic for example) does increase the fractures transmissivities (Elkhoury et al., 2011). This

should be studied in future work.

We can conclude that changing the state of stress will improve fluid production in a larger

scale than generating significant offsets in the fault (which can be technologically difficult).

This can be done for example through stress preconditioning (Fryer et al., 2018; 2019).

A novelty from our study is the ability to ‘predict’ the shape of transmissivity changes with fault

reactivation at low normal stress. Indeed, as shown in section 4.6.1, it seems that knowledge of

fault surface geometry (even though this is a difficult measure to obtain) on faults submitted

to small normal stresses can help estimate the shape of transmissivity change with shear
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displacement. Further work is nevertheless needed to estimate at which stress levels this

prediction stops being accurate and to predict the change at high normal stress. Indeed, by

preconditioning the reservoir (reducing the effective stress on it; Fryer et al., 2018; 2019), the

predictions of transmissivity should become more accurate. We can speculate that the use

of more complex models that include shear stress and wear processes can strongly improve

the prediction of transmissivity with shear displacement (Aghababaei et al., 2017; Milanese et

al., 2019; Molinari et al., 2018; Frérot et al., 2019; Yastrebov et al., 2017; Shvarts and Yastrebov,

2018a, ;2018b; Shvarts, 2019). The results obtained for a single rough-fault could then be input

into Discrete Fracture Models (DFM) to evaluate the hydraulic transport in fracture networks

(McClure and Horne, 2013).

4.7 Conclusions

In this study, we developed an experimental technique to customize the surface roughness of

real-rock samples which can be representative of engineered geothermal reservoirs (and more

generally of underground carbonate reservoirs; Delle-Piane et al., 2015; DiPippo, 2012). The

resulting surfaces had a fully controlled geometry which was precisely measured and analyzed

using the radially averaged Power Spectral Density of heights (Figures 4.5, 4.6). Then, single

fractures of Carrara marble with customized roughness were experimentally loaded under

deep reservoir conditions (both under normal and shear loading) to study fluid flow through

the wavy-rough fractures (Figures 4.3 and 4.4).

A numerical procedure was developed to simulate wavy-rough contacting surfaces (Section

4.5 and Figure 4.7). It was validated with the experimental data, and it allowed isolating the

influence of different roughness parameters on fluid flow in fractures under normal loading.

Under normal loading, the macroscopic geometry has a strong influence on the fracture’s

transmissivity decay (here fitted to an exponential decay) (Figure 4.3, and Figure 4.8). Surfaces

with grooves sub-orthogonal to fluid flow are more sensitive to the application of normal

stress than samples with grooves sub-parallel to fluid flow and with no grooves in that order

(Figure 4.8). A parametric analysis of the numerical procedure on samples with grooves

sub-orthogonal to fluid flow showed that changes in the Hurst exponent and in the roll-off

wavevector alone have little influence on transmissivity (Figure 4.9). On the other hand,

the standard deviation of heights and the macroscopic wavelength have a strong influence

on hydraulic transport capacity (Figure 4.9). The evolution of transmissivity has a strong

non-monotonic dependence on these two parameters (Figure 4.10).

Similar experimental fractures were loaded in shear and the numerical procedure was then

used to isolate the effect of reversible shear loads on the fracture transmissivity (during elastic

deformation, Figure 4.11). The influence of reversible shear load on fault’s transmissivity is

almost negligible and its magnitude depends on the fault’s geometry, thus it is not straight-

forward to estimate how reversible shear loading affects fracture transmissivity. Finally, the

effect of irreversible shear displacement on transmissivity was studied with support on the
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numerical procedure. It was found that, increasing shear displacement (until 1 mm) generally

decreases fracture transmissivity with slight variations at each displacement step (of 0.1 mm

up to 1 mm; Figure 4.4). In that case, the transmissivity could be roughly predicted by changing

the model geometry at low normal stress (Figure 4.12a-d) probably because wear was not

too prominent. On the other hand, the geometrical model was completely off when normal

stress was high during shear reactivation (Figure 4.12e-h), probably due to prominent wear

and surface topography changes (Figures 4.5, and 4.6).

From this study, we observed that the main controls on fluid flow through rough fractures

are the surface geometry and the stress applied on the fracture (normal to the fracture plane).

Regarding surface geometry, we observed that the imbrication of the main wavelengths,

the hRMS, and magnitude of the macroscopic wavelengths had a much larger influence on

fluid flow than the Hurst exponent and the roll-off wave-vector of the power spectral density

of heights. We observed that the application of normal stress significantly reduced fluid

transport capacity compared to the application of shear stress. Finally, small irreversible shear

displacements (< 1mm) did not increase the fluid transport capacity of the rough fractures.

Further work is needed to develop a numerical procedure that allows simulating fractures

under both normal and shear stresses. The target model should also include examination

of shear induced plastic deformation and wear processes. This would allow coupling the

evolution of fault roughness with the hydraulic transport properties as shear reactivation

occurs.

In the light of our results, during EGS stimulations, small shear displacements will not sig-

nificantly increase the reservoir’s permeability (unless porosity unclogging occurs). In turn,

reducing the effective stress on the reservoir’s fractures and faults will generate large perme-

ability increases and improve the ability to predict its evolution.
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4.8 Supplementary material

4.8.1 Permeability of intact Carrara Marble

Figure 4.13 – Permeability of intact Carrara marble cylinder function of effective stress.
Black dots represent the experimentally measured values. Empty symbols represent data from
the literature.

4.8.2 Deformation of intact Carrara Marble

Figure 4.14 – Experimental deformation of Carrara Marble. Differential stress versus axial
strain. The data was used to determine the contact model parameters (E= 30 GPa).

125



Chapter 4. H-M Coupling in single fractures

4.8.3 Fluid flow model validation

Figure 4.15 – Fluid flow model validation. Pressure distribution obtained for the flow through
parallel smooth plates. Three different models were tested for solving the Reynolds boundary
lubrication approximation. a. Home-made finite difference model run on Matlab. b. Finite
element model run on COMSOL multiphysics. c. Finite volume model.

4.8.4 Reversible elastic shear loading and irreversible shear displacement

Figure 4.16 – Typical stress-displacement curve and the associated transmissivity. The
shaded areas represent what is considered as ‘reversible loading’ in the text. The black dots
correspond to the transmissivity measurements reported in Figure 4.11
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5 Influence of fluids on earthquake
nucleation

This chapter is published in a peer reviewed journal as:

Acosta. M., Passelègue. F., Schubnel. A., Madariaga. R., Violay., M., 2019. Can precursory

moment release scale with earthquake magnitude? A view from the laboratory. Geophysical

Research Letters, 46(22).

Candidate contribution: Conceptualization (with M.V., F.P, and A.S), Design of experiments

(With M.V.), Conducting experiments (with F.P.), Data processing, Original Idea, Formal anal-

ysis (note that F.P. designed the theoretical approach with input from the candidate and

validation from M.V, A.S, and R.M. The literature approach for external experiments and natu-

ral earthquakes was developed by the candidate), Manuscript Writing (validated by M.V., F.P,

A.S., and R.M).

Chapter rationale: This chapter aimed to study the influence of fluids (and fluid pressures) on spontaneous

earthquake nucleation. Laboratory stick-slip experiments were conducted on Westerly Granite saw-cut samples,

under simulated tectonic loading (rather than through fluid injections) to understand fundamental aspects of

seismicity in presence of pressurized fluids.

Westerly Granite is perhaps the most well-known rock standard that represents the upper continental crust. It

is simple in composition, has very fine grain, is perfectly homogeneous, isotropic and has very low alteration.

Initially it has a very low permeability (∼10−20 - 10−19 m2) reason why the samples were thermally treated to allow

reasonable saturation times for the experiments.

The experiments were conducted at ENS Paris’s Laboratorie de Géologie, where the tri-axial apparatus and related

instruments were set-up and operational. The confining pressures used in this study are representative of the

stresses found in EGS (∼ 2.5- 5.5 km depth), allowing realistic stress conditions. Finally, a diversity of fluid

pressures was used to study its effect on the nucleation phase. During the experiments, many instruments were

deployed as described in the methods section. They allowed i) recording seismicity emitted from the faults during

the nucleation phase, ii) near fault stresses at low and high sampling frequencies, iii) sample and apparatus

displacement, and iv) far field stresses.

The experimental observations are coupled with a theoretical approach that constrains a relation between the

total moment released prior to the mainshock to its final magnitude. In addition, a compilation of external data

from laboratory earthquakes and natural observations complement the theory and experiments.
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Key Points:

• Temporal evolution of precursory slip, foreshocks and fault coupling during laboratory

earthquake nucleation depend on fluid pressure and slip history.

• The observed precursory moment release during nucleation scales with the mainshock

moment release independent of fault conditions.

• A scaling relationship quantitatively predicts the experimental data. An extrapolation is

proposed for natural earthquakes.

Keywords: Earthquake Nucleation, Precursors, Fluid pressure, Scaling law, Fault Coupling,

Foreshocks, Effective fracture energy

Abstract:

Today, earthquake precursors remain debated. While precursory slow slip is an important

feature of earthquake nucleation, foreshock sequences are not always observed and their

temporal evolution remains poorly constrained. We report on laboratory earthquakes con-

ducted under upper-crustal stress and fluid pressure conditions. The dynamics of precursors

(slip, seismicity and fault coupling) prior to the mainshock are dramatically affected by slight

changes in fault conditions (fluid pressure and slip history). A relationship between precursory

moment release and mainshock magnitude is systematically observed, independent of fault

conditions. Based on nucleation theory, we derive a semi-empirical scaling relationship which

explains this trend for laboratory earthquakes. Several natural observations of earthquakes

ranging from Mw 6.0-9.0 where precursory moment release could be estimated seem to follow

the extrapolation of the laboratory-derived scaling law. Notwithstanding spatio-temporal

complexity in natural seismicity, some moderate to large earthquake magnitudes might be

estimated through integrated seismological and geodetic measurements of both seismic and

aseismic slip during nucleation.

Keywords: Earthquake Nucleation; Laboratory Earthquakes; Fault Coupling; Precursory Mo-

ment Release.

Plain Language Summary:

Understanding the preparation phase that precedes earthquake ruptures (nucleation) is cru-

cial for seismic hazard assessment because it might provide information on the impending

earthquake. Here, we show that the temporal evolution of laboratory earthquake precursors

(precursory slow slip, precursory seismicity, and fault coupling) is of little use in assessing

an impending earthquake’s size. Nevertheless, independent of fault slip behavior (seismic

or aseismic) and environmental conditions (stress state; fluid pressure and slip history), the
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amount of moment released during the preparation phase scales with the earthquake’s magni-

tude. This property is demonstrated by laboratory observations and earthquake nucleation

theory and seems compatible with several natural observations of earthquakes ranging from

Mw 6.0 to Mw 9.0. As a consequence, if earthquakes exhibit a preparation phase, it could be

possible that this phase is larger or longer for higher magnitude earthquakes and consequently,

more likely to be detectable.

5.1 Introduction

The study of recent well-instrumented moderate and large magnitude earthquakes has high-

lighted that several ruptures were preceded by precursory slip, linked or not with foreshock

sequences (Bouchon et al., 2013; Kato et al., 2012; Socquet et al., 2017; Tape et al., 2018; Voss et

al., 2018). Theoretical and numerical models using either slip-weakening laws (Campillo and

Ionescu, 1997; Ida, 1972; Ohnaka, 2010; Uenishi and Rice, 2003) or rate and state friction laws

(Rubin and Ampuero, 2005; Lapusta and Rice, 2003; Noda et al., 2013; Dublanchet, 2018; Yabe

and Ide, 2018) predict that earthquake rupture is preceded by a nucleation phase. Once the

shear stress on the fault is high enough (corresponding to the static friction coefficient of the

fault), a local patch of the fault (where the shear strength is lower than in its surroundings)

begins to slip. The rupture accelerates over that growing fault patch until it reaches a charac-

teristic length Lc , at which point dynamic rupture propagation initiates if enough elastic strain

energy is dissipated at the rupture tip (Campillo and Ionescu, 1997; Ohnaka, 2010; Uenishi

and Rice, 2003). Nucleation theory under slip-weakening laws predicts that Lc is a function

of the earthquake’s effective fracture energy (breakdown work, G ′) suggesting a link between

earthquake nucleation and propagation. While the nucleation phase has been studied in the

laboratory (BenDavid et al., 2010a; Byerlee and Summers, 1975; Dieterich, 1978; Latour et

al., 2013; McLaskey and Lockner, 2014; Ohnaka, 2010; Passelègue et al., 2017; Scholz et al.,

1972; Yamashita et al., 2018), natural observations of nucleation phases are scarce and remain

debated.

In natural observations, two end-member models for nucleation coexist (Gomberg, 2018).

First, the pre-slip model states that a background stable slip event triggers foreshocks until

the main rupture can propagate (Tape et al., 2018). Second, the cascade model states that

foreshocks trigger one another randomly up to the main rupture (Ellsworth and Bulut, 2018).

To this day, nucleation remains unresolved because the temporal evolutions of earthquake

precursors seem contradictory from one earthquake to another. In fact, observations of pre-

cursory slip prior to large magnitude earthquakes show different slip and foreshock evolutions

up to the mainshock. As examples, for the 2011 Mw 9.0 Tohoku-Oki earthquake, Kato et al.

(2012) observed foreshock acceleration and growth of the slipping zone followed by a seismic

quiescence phase resulting in a large magnitude foreshock and the mainshock. On the other

hand, Socquet et al. (2017) observed that an 8-month long slow slip event preceded a large

foreshock and the 2014 Mw 8.1 Iquique earthquake. In general, temporal evolution of pre-

cursory slip and seismicity can be dramatically different for different earthquakes. This wide
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range of observations might be reconciled at the laboratory scale, where rupture propagation

is recorded under well-controlled conditions.

Here, we closely study laboratory earthquake nucleation and propagation. We observe that,

while the temporal evolution of precursors dramatically changes with variations in fault

conditions, a straightforward relationship could link the precursory and co-seismic moment

release in the laboratory. We extrapolate this relationship to natural earthquakes.

5.2 Methods

Here, we carefully analyzed the nucleation phase of 150+ laboratory stick-slip events con-

ducted under triaxial stress conditions (Supplementary Figure 5.5) representative of the upper

seismogenic crust. Confining pressures (σ3) ranged between 20 to 100 MPa and pore fluid

pressures (p f ) from 0 to 60 MPa.

5.2.1 Experimental set-up

The samples were 30◦ saw-cut Westerly Granite cylinders of 40 mm diameter and 88 mm

length (Supplementary Figure 5.5c). Samples were first loaded isostatically (e.g axial=radial

effective stress) to the targeted σ3 and p f . They were then axially loaded at constant axial

strain rates 10−5s−1. During axial loading, p f was kept constant at the target pressure. Far

field (e.g external to the confining chamber) axial and radial effective stresses (σ′
1 and σ′

3

respectively), p f , and displacements were monitored at 100 Hz sampling frequency. Fault

displacement was computed by projecting axial displacement corrected both from apparatus

stiffness and sample elasticity. For details on the experimental methods and loading procedure,

see Supplementary materials 5.6.1 and Figures 5.5, and 5.6.

5.2.2 Acoustic emission monitoring

15 piezoelectric acoustic emission sensors were deployed on the sample. Sensors were moni-

tored with two set-ups (Supplementary Item 5.6.1). High amplification and sensor position

(∼1 mm away from the fault, Supplementary Figure 5.5b) allowed for monitoring of the spon-

taneous microseismicity surging from the fault during deformation in a triggered mode at 10

MHz sampling frequency (Passelègue et al., 2017).

5.2.3 Near fault stress monitoring

Samples were instrumented to monitor near-fault stress evolution at low and high sampling

frequency (100 Hz and 10 MHz) through 350 Ohm strain gauges located ∼1 mm away from

the fault (Supplementary Figure 5.5b). Sensor orientation allowed for the direct recording

of differential strain further calibrated to differential stress (σ1 −σ3). Triggered sampling of
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near-fault differential stress allowed for good estimations of dynamic stress drops during the

main ruptures in our experiments (Passelègue et al., 2016a; Acosta et al., 2018).

5.3 Experimental Results

In sections 5.3.1 - 5.3.3, we present the experimental results for two experiments conducted

at the same σ′
3 where the only difference was p f (one nominally dry, conducted under room

humidity conditions and one at 1 MPa water fluid pressure). In section 5.3.4 we present

the whole experimental dataset compiled in Table D1. Hereafter, we assume that the main

instabilities that give rise to sudden large stress drops and displacements are earthquake

analogs (Brace and Byerlee, 1966). The observed frictional and seismic behavior of the fault

preceding the main instabilities is therefore considered as part of the precursory nucleation

phase (such assumption is further detailed in section 5.4.2 and Supplementary Item 5.6.2).
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Figure 5.1 – Stick-slip experiments and temporal evolution of earthquake precursors. a to
c. Dry experiment, d to f. Experiment at fluid pressure p f = 1 MPa. a,d. Shear stress vs. on-fault
slip for experiments run at confining pressure σ′

3=70 MPa. b,e. Shear stress (black line), fault
slip (red line in log scale) and AE’s (black dots) for one stick slip cycle vs. time to mainshock
(0=t0). Inset in b. shows a close-up of AE’s from t0-4 s with exponential fit. In d. the only
acoustic emission arrival was the mainshock. Inset shows an exponential fit to the slip over
time for the first nucleation stage from t0-15s to t0-5s as: u (t ) = 0.015.exp

( t0−t
23.8

)
in green. In

addition, in blue, a power law fit from t0-5s to t0 as: u (t ) = u (t0 −5s)−0.0116∗ t 0.254. c,f Fault
coupling vs. time to mainshock for experiments at σ′

3= 70 MPa. The darkest traces correspond
to later events. The fluctuations at long times before the mainshock can be due to slip and slip
velocity measurements close to the sensor resolution.
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5.3.1 Temporal evolution of stress and slip prior to the mainshock

In all experiments, the displacement versus near fault stress curve (Figure 5.1a,d) revealed an

initial elastic loading phase until a stress state τs , in agreement with static friction of rocks

(Byerlee, 1978). Then, the fault started to slip in a slow-stable manner (Ohnaka, 2010; Scholz

et al., 1972; Byerlee and Summers, 1975). When precursory slip (upr ec ) finished, the fault’s

maximum shear strength (τ0) was reached and the instability propagated with fast co-seismic

slip (ucos) and a sudden stress drop (∆σ)down to a final stress value (τ f ). When co-seismic

slip arrested, as constant loading continued, a new elastic loading phase ensued, repeating

the stick-slip cycle (Figure 5.1). Comparing a nominally dry experiment and an experiment

conducted at 1 MPa water fluid pressure shows large differences in slip behavior prior to the

main rupture. Under dry conditions (Figure 5.1b), upr ec (red curve) reached ∼10 microns with

a steady acceleration up to the mainshock. In the presence of 1 MPa water pressure, upr ec

presented two different acceleration phases and reached ∼ 20 microns before the mainshock.

5.3.2 Temporal evolution of acoustic emission precursors (foreshocks)

Comparing the same experiments described in section 5.3.1, we observe that, in dry experi-

ments, precursory slip is systematically related to Acoustic Emission (AE) occurrence (Figure

5.1b). Remarkably, AEs do not start from the beginning of the precursory slip acceleration but

seem delayed in time until few seconds before the mainshock. Increasing cumulative fault

displacement (subsequent stick-slip events) led to an increase of the total AEs recorded over

single stick-slip cycles (from 31 in cycle number 1 to 79 in cycle number 10). Under all fluid

pressurized conditions (p f = 1 to 60 MPa), we recorded no AEs (Figure 5.1e) even though the

triggering set-up and sensor position was exactly the same as in dry experiments.

5.3.3 Fault (un)coupling temporal evolution during the precursory slip phase

An important earthquake precursor is fault coupling (FC ) (Métois et al., 2012, Savage, 1983).

Here, we computed FC as a function of time-to-mainshock during earthquake sequences

recorded both in dry and 1 MPa water-pressurized conditions (Figure 5.1c,f respectively). FC

is defined as the ratio between the estimated fault slip rate to the imposed displacement rate

when the fault is fully locked. Thus, we first computed the fault’s slip rate (u̇ f ) recorded using

external gap sensors with 1 s centered time windows such that:

u̇ f (t ) = u (t +0.5 s)−u (t −0.5 s)

(t +0.5 s)− (t −0.5 s)
(5.1)

Due to fast strain rates imposed in our experiments compared to tectonic loading rates, we

assumed that all deviations in strain rate from a fully coupled fault resulted from slip along the

fault and not from bulk deformation of the surrounding rock (for details on this assumption

see Supplementary Item 5.6.2 and Scholz et al., 1972; Byerlee and Summers, 1975). Then,
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we defined the mechanical coupling of the fault as the ratio between the estimated fault

slip rate to the imposed displacement rate when the fault is fully coupled u̇0, note that this

is the displacement rate during fully elastic deformation of the entire sample) such that:

FC =
(

u̇0
u̇ f

)
. This estimation of the fault coupling is comparable with the one derived from

geodetic measurements along natural faults (Métois et al., 2012, Savage, 1983, Moreno et al.,

2010). The evolution of fault coupling directly reflects the roll-over of the stress displacement

curves (Figure 5.6).

As expected, the faults remained strong (FC∼1) during elastic loading. In dry conditions, at the

onset of the mainshock, fault coupling decreased to ∼0.85- 0.7 when upr ec accelerated. With

subsequent events, FC at the onset of the mainshock decreased (Figure 5.1c. darkest traces).

With pressurized fluids, FC decreased to ∼0.5 at the onset of the mainshock. No influence of

cumulative events (e.g sliding history) was noted under pressurized fluid conditions (Figure

5.1f).

5.3.4 Magnitudes of the precursory and coseismic stages

After applying a correction for the apparatus’ and sample’s elasticity, we compiled the precur-

sory (all inelastic slip prior to the mainshock) and co-seismic slips (all slip starting from the

mainshock until the fault reloads in an elastic manner). Values are reported in Supplementary

Table D1. We suggest that the precursory slip recorded corresponds to all the inelastic dis-

placement of the faults because i) the stress needed for fault reactivation in our experiments

is considerably lower than the onset of bulk rock damage; ii) the frictional stress for fault

reactivation corresponds to the static friction of rock (Byerlee, 1978); iii) no damage of the

bulk was recorded while the faults’ surfaces accommodated all the inelastic deformation; and

iv) during the elastic loading phase, no acoustic emissions were recorded (for details refer to

Supplementary Item 5.6.2). From Figure 5.2b, we can observe that upr ec ranges from ∼1 to 50

µm and ucos ranges from ∼15 to 350 µm.

As observed in previous studies (Passelègue et al., 2016a; Acosta et al., 2018), the amount

of slip induced during the co-seismic stage is a function of the initial stress acting on the

fault (Figure 5.2a, squares), independent of fluid pressure. The larger the initial shear stress,

the larger the resulting static stress drop and ucos . While this trend is expected due to the

control by the stiffness of the apparatus, a similar relationship is observed for upr ec (Figure

5.2a, circles). Large co-seismic events (i.e. bigger laboratory earthquakes) are consistently

preceded by a larger upr ec than small co-seismic events (Figure 5.2b). Note that this trend is

clearer in dry experiments than in fluid-pressurized experiments, because the presence of

fluids and the initial fluid pressure modify co-seismic weakening, i.e. the energy budget of

laboratory earthquakes (Violay et al., 2013; 2014a; Acosta et al., 2018, Cornelio et al., 2019a).
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Figure 5.2 – Compilation of experimental data. a. Precursory (circles) and co-seismic
(squares) fault slip as a function of peak shear stress in our experiments. Blue filling ac-
counts for experiments in the presence of fluid pressures and grey filling for nominally dry
experiments. b. Co-seismic fault slip as a function of precursory slip. Filling is the same as in
panel a. All other symbols account for external data reported in Table D2.

5.4 Discussion

5.4.1 Temporal evolution of earthquake precursors

Our experimental results suggest that the magnitude of the precursory stage, and particularly

the amount of slip released prior to the mainshock, could scale with the final co-seismic slip,

i.e. the size the earthquake which is going to rupture. Importantly, we observed that the growth

of this upr ec over time is compatible with nucleation theory (Campillo and Ionescu, 1997;

Uenishi and Rice, 2003; Ohnaka, 2003; Latour et al., 2013; Passelègue et al., 2016a). In fact,

in dry conditions, precursory slip evolves exponentially following upr ec (t ) = u0 ∗exp
(

t0−t
tc

)
),

where t0 is the time of the mainshock, tc the characteristic nucleation time (Latour et al., 2013),

and u0 is fault slip at the beginning of the acceleration phase (Figure 5.1b). In these conditions,

the precursory stage exhibits foreshock activity, which also follows an exponential increase

until (t0) (Figure 5.1b insert), consistent with the exponential acceleration of upr ec . In presence

of fluids (Figure 5.1e), the nucleation phase is characterized by two clearly distinguishable

slip acceleration stages. The first one is described by an exponential acceleration as observed

in dry conditions. However, a transition from exponential growth to a power-law in time

is observed a few seconds prior to dynamic rupture propagation (Figure 5.1e insert). This

change in acceleration of upr ec is comparable to the nucleation process observed through

high-speed photo-elasticity in transparent polymers (Latour et al., 2013). One explanation of

the absence of the second slip phase in dry experiments is that the acceleration stage can be

short; potentially the reason why it was not observed. Further experimental work is needed to

understand this behavior.
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Surprisingly, under all fluid pressures, upr ec is not associated with any AEs. It is unlikely that

the absence of foreshocks in all fluid-pressurized conditions results solely from an increased

attenuation of seismic waves since the sensors were located <1 mm away from the fault.

Previous experiments have indeed shown that AEs are systematically observed prior to the

failure of intact or thermally cracked, dry or water saturated granite specimens (Wang et

al., 2013). The absence of recorded foreshocks in all fluid pressurized experiments might

nevertheless be due to the high recording threshold of our AE triggered set-up (0.001 V).

Such a recording threshold can also possibly explain why AE bursts are recorded only a few

seconds after the onset of precursory slip in dry conditions (Figure 5.1a). Nonetheless, in

our experiments, foreshock occurrence and detection is clearly diminished in the presence

of fluids. Fault coupling decreased with subsequent events in dry conditions. This could be

due to fault surface evolution (e.g. gouge production and roughness change) as cumulative

slip is accommodated by the fault (Scholz et al., 1972). With pressurized fluids, no influence

of the sliding history and fault surface evolution was noted. Previous experiments (Violay et

al., 2014a; Cornelio et al., 2019a) have shown that the presence of water in the fault strongly

reduces gouge production, which also seems to be the case in our experiments (Supplementary

Figure 5.7).

5.4.2 Laboratory precursory and co-seismic moment scaling: experiments and
theory

The remarkable trend between upr ec and ucos (Section 5.3.4) raises the question of a possible

scaling property between the total moment released during the precursory slip phase and

the co-seismic stage. In our experiments, the precursory moment (Mp ) and the co-seismic

moment (M0) are directly related to the precursory and co-seismic slips, and can be estimated

following Mp =µsh .A.upr ec (where µsh is the shear modulus of the rock) and M0 =µsh .A.ucos ,

respectively. The main assumption is that the finite fault area in our experiments can be used

to estimate moment release during stick-slip cycles.

Two schools exist in the literature to estimate the moment release in the laboratory, either by

correcting for an equivalent asperity (Eshelby, 1952; Walsh, 1971, Thompson et al., 2005) or

by directly estimating moment assuming the experimental area that slipped (Walsh, 1971;

McLaskey and Lockner, 2014). Here, we estimate Mp and M0 directly from the experimental

area with no additional correction (e.g. Walsh, 1971, Supplementary Item 5.6.2). The remark-

able scaling between upr ec and ucos (i.e. Mp and M0) observed in our experiments can be

explained by nucleation theory. Considering that most of the precursory slip is related to

the growth of a nucleation patch on the fault, supported by the exponential growth of the

precursory slip, Mp can be written as:

M Lc
p =µsh .upr ec .L2

c (5.2)
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with Lc the critical nucleation length.

Previous theoretical (Ida, 1972; Campillo and Ionescu, 1997, Uenishi and Rice, 2003) and

experimental (Passelègue et al., 2016a) studies have highlighted that, under slip weakening

laws, the effective fracture energy (G ′) can be used in a small-scale-yielding description to

approximate the nucleation length as: Lc =β.µ
sh .G ′

∆σ2
d

with ∆σd the earthquake’s dynamic stress

drop and β a coefficient close to unity (Uenishi and Rice, 2003). In our experiments, G ′ can

be estimated following G ′ = ∆σ.ucos
2 from both static (lower bound and average values) and

dynamic stress drop (upper bound and maximum possible values) of the main instability is

a function of its seismic moment (Figure 5.3a). Such a trend was also observed in previous

experimental (Ohnaka, 2010; Passelègue et al., 2016a; Nielsen et al., 2016), seismological

(Abercrombie and Rice, 2005) and theoretical studies (Viesca and Garagash, 2015). Using

experimental values for G ′ (for details on the estimation of the effective fracture energy, and

the associated uncertainties, the reader can refer to Nielsen et al., 2016), the precursory mo-

ment release measured during our experiments can be compared to the lower and the upper

bounds predicted by nucleation theory (from equation (5.2) using both static and dynamic

stress drop for the calculation of G ′, respectively) (Figure 5.3b). The predicted precursory

seismic moment M Lc
p increases with M0 and is in good agreement with the experimental

measurements, suggesting that (i) Mp is indeed a function of Lc (estimated from co-seismic

energy dissipation), (ii) Lc in our experiments is systematically close to the experimental fault

length (L), and (iii) Mp increases with the earthquake’s G ′, i.e. the size of the earthquake which

is eventually going to rupture (Figure 5.3a colorbar).
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Figure 5.3 – Precursory and co-seismic moment release in laboratory earthquakes. a. Effec-
tive fracture energy as a function of co-seismic moment. Blue filling accounts for experiments
in the presence of fluid pressures and grey filling for nominally dry experiments. Colorbar
accounts for the measured precursory moment in our laboratory earthquakes. Error bars
show the upper and lower bounds of the effective fracture energy; marker is the mean value. b.
Comparison of the observed precursory moment release and the prediction from equation
(5.2). Black line shows a slope of 1. Marker filling is the same as in panel a. Error bars are
estimated through the upper and lower bounds of the critical nucleation length. The marker
is the mean value.

5.4.3 Comparison with natural earthquakes

While the precursory moment release remains scarcely determined in most natural seismicity,

several examples of well-instrumented earthquakes seem to follow the same trend as our

laboratory earthquakes and highlight that the Mp scales with the seismic moment of the

mainshock (Figure 5.4). Note that we tried to compile as many observations as possible (to our

knowledge) where the precursory nucleation phase could be resolved using geodetic analyses

of modeled fault displacement prior to the mainshock (Borghi et al, 2016., Kato et al., 2016,

Socquet et al., 2017; Radiguet et al., 2016; Ruiz et al., 2017; Graham et al., 2014; Voss et al.,

2018), and/or aseismic fault slip inferred from earthquake repeaters and foreshocks (Kato et

al., 2012; Huang and Meng., 2018; Ruiz et al., 2017, Kato et al., 2016; Bouchon et al., 2011).

Therefore, Figure 5.4 (details in Supplementary Item 5.6.3) should be considered carefully.

Nonetheless, the scaling relationship could be valid when geodetic and/or seismologically

inferred measurements of precursory moment release are taken into account (Figure 5.4,

black squares). In light of our results, when precursory aseismic slip can be resolved, existing

experimental and seismological observations suggest that Mp , i.e. the energy released during

the nucleation phase, increases with the seismic moment of the mainshock.

The question is then: can nucleation theory can be used to predict the natural observations?

The prediction M Lc
p (e.g equation (5.2)) applied to experimental data requires measurement
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of the precursory slip, which is known for individual natural events, but not for a large range

of seismic moments. However, upr ec can be replaced in equation (5.2) assuming that the

amount of slip is a function of the stress drop released within the slipped volume (Kanamori

and Brodsky, 2004). Then, if the fault is considered as a shear crack, the static stress drop

associated to the precursory event can be written: ∆σs =C .µsh .
upr ec

Lc
, where C is a geometric

constant dependent on the crack’s shape, and µsh the rock’s shear modulus. From these two

relations we find that the precursory moment release can be written: Mp = L3
c

C .∆σs . We thus

get a scaling between the precursory moment Mp , the static and dynamic stress drops, and

the effective fracture energy G ′:

MG ′
p =

(
βµshG ′)3

C
.
∆σs

∆σ6
d

(5.3)

Adding the additional hypothesis that upr ec is function of ∆σs results in additional scatter in

the laboratory data as shown in (Figure 5.8), mainly due to the finite experimental fault area

(Supplementary Item 5.6.2). Note nevertheless that the theoretically predicted MG ′
p remains

conservative concerning laboratory earthquakes.

Experimental (Ohnaka, 2010; Passelègue et al., 2016a; Nielsen et al., 2016), seismological (Aber-

crombie and Rice, 2005) and theoretical studies (Viesca and Garagash, 2015) demonstrated

that the effective fracture energy of earthquakes increases as a power law of their co-seismic

slip – as shown in Figure 5.3a– and can be written as:

G ′ = a.ucos
α (5.4)

where a is a scaling pre-factor and α a given power (see Figure 5.8).

Then, regarding the mainshock, the co-seismic static stress drop is∆σs =C .µsh . ucos
L (Kanamori

and Brodsky, 2004). Because the seismic moment of such earthquakes is M0=µsh .ucos .L2, with

L being the dimension of the ruptured asperity (here the radius), we find:

ucos =
∆σ

2
3
s .M

1
3

0

µsh .C
2
3

(5.5)

Combining equations 5.3-5.5, we obtain the following scaling relation between precursory

and co-seismic moments:

M M0
p =

(
a.β.µsh (1−α)

)3

C 2α+1 .
∆σ2α+1

s

∆σ6
d

.Mα
0 (5.6)
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This relationship directly shows that the larger the co-seismic moment of the earthquake,

the larger the precursory moment expected to be released, in agreement with experimental

observations and with existent natural observations. In fact, applying equation (5.6) with the

scaling proposed by Abercrombie and Rice (2005) (equation (5.4) with α∼1.28 and a= 5.25e6

and usual earthquake stress drops (∆σs∼0.1-1 MPa and ∆σd∼1-10 MPa, Twardzik et al., 2014),

the proposed scaling provides conservative estimates for natural earthquakes (Figure 5.4,

dotted lines). Note that laboratory experiments are underestimated by this prediction. Such

discrepancy can be due (i) to the difference in static and dynamic stress drops due to finite

fault area in laboratory experiments and (ii) to the different scaling power (a) with respect to

natural earthquakes (Figure 5.4 insert, lines are computed through equation (5.6) with a=1.78,

Supplementary Figure 5.8a).

Importantly, some observations fall out of the scaling law (Figure 5.4, red stars from Bouchon

et al., 2011; and Doi and Kawakata, 2012). Note that there was no significant precursory crustal

deformation with amplitude greater than noise level of a tilt-meter nearby the epicenter of the

2008 Mw 6.9 Iwate-Miyagi earthquake (Hirose, 2011). It is possible that in those observations

(and in many other earthquakes where upr ec could not be resolved), the precursory moment

release could not be fully detected. Another explanation is that such events presented a

significantly different slip behavior (cascade-like initiation for example, Ellsworth and Bulut,

2018, Noda et al., 2013) prior to rupture which does not agree with the proposed scaling

relationship. Further investigation of natural observations is needed to clarify which of these

explanations is valid.
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Figure 5.4 – Precursory and co-seismic moment release in natural earthquakes. Data from
natural and laboratory earthquakes. Full squares account for Mp inferred from an integrated
analysis of a combination of geodetic, and/or seismic precursory moment release. Red stars
correspond to observations of Mp estimated only from foreshock moment release. Dashed
lines correspond to M0 vs. Mp from equation (5.6) using the scaling from Abercrombie
and Rice (2005) with α=1.28 and a=5.25e6 and different static and dynamic stress drops.
Filled circles account for Mp and M0 from this study. Blue filling accounts for experiments
in the presence of fluid pressures and grey filling for nominally dry experiments. All other
symbols account for external data of laboratory experiments. Insert shows zoom on laboratory
earthquakes with the scaling law (full lines). The power exponent α=1.78 is then inferred from
the scaling between the effective fracture energy and the co-seismic slip from our experiments
(Figure 5.8).

5.5 Conclusions and implications for natural and anthropogenic

earthquakes

Through detailed observation of laboratory earthquake nucleation, we have observed that

the temporal evolution of slip and seismicity preceding the mainshock can strongly depend

on fault’s fluid pressures and slip history as well as stress conditions (Passelègue et al., 2017)

and fault initial roughness (Yamashita et al., 2018). Nevertheless, under all experimental

conditions presented in this study, the precursory moment release scales with the magnitude
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of the mainshock as predicted by a semi-empirical scaling relationship (equation (5.3) and

equation (5.6)). Such scaling relationships applied with the scaling between effective fracture

energy and co-seismic slip observed for natural earthquakes (Abercrombie and Rice, 2005)

provide conservative estimates for existing observations of natural earthquakes of Mw 6 to

Mw 9.

If this scaling relationship is correct, it can have strong implications for the earthquake nucle-

ation phase.

First, in the laboratory, the precursory moment release systematically follows an exponential

growth during the first acceleration phase. If it were the case in (some) natural earthquakes,

continuous monitoring of fault coupling could provide first order information about the

fault’s stability, and eventual rupture initiation. Note that in natural earthquakes, exponential

acceleration of precursory slip has rarely been detected (Voss et al., 2018).

Second, the occurrence of a large earthquake (Mw 7 or higher) does not imply that a larger

earthquake will not occur in the days following it. If the released seismic moment contributes

to the precursory moment for a bigger asperity, a larger earthquake can occur soon after,

as was the case for the 2011 Mw 9.0 Tohoku-Oki (Kato et al., 2012), the 2014 Mw 8.1 Iquique

(Socquet et al., 2017), the 2016 Mw 7.0 Kumamoto (Kato et al., 2016) and the 1960 Mw 9.4-9.6

Valdivia (Barrientos and Ward, 1990) and 2019 Mw 7.1 Ridgecrest earthquakes, all of which

were preceded by large Mw foreshocks (Supplementary Item 5.6.3).

Third, and foremost, independent of initial conditions (fluid pressure, slip history, fault cou-

pling), the larger Mp , the larger the expected M0 (Figure 5.3 and Figure 5.4) whether it is

released seismically, aseismically or by a combination of both. In fact, the dynamic propaga-

tion of the earthquake rupture needs a given amount of elastic strain energy to be dissipated

at the rupture tip (Campillo and Ionescu, 1997, Uenishi and Rice, 2003; Ohnaka, 2010). For the

fault to transition from a static or quasi-static state to a dynamic propagation state, a given

amount of energy needs to be dissipated, thus a given amount of precursory moment needs to

be released. Therefore, if an earthquake shows a nucleation phase (exponential acceleration of

slip), such a phase should be larger for a larger earthquake. Nevertheless, many earthquakes

do not seem to present a nucleation phase. This confirms that both the number of foreshocks

and their characteristic acceleration can differ for a given earthquake magnitude (Bouchon et

al., 2011, 2013, Doi and Kawakata, 2012). Moreover, fluid pressures are likely to reduce fault

coupling (Voss et al., 2018; Moreno et al., 2014) compared to dry conditions, and, in light of

our experiments, regulate (detectable) foreshock sequences.

Today, natural observations of precursory moment release are still too scarce to reach a

significant conclusion on whether precursory moment release scales with natural earthquake

magnitudes (gap in Figure 5.4). Nevertheless, this study should encourage close studies of

precursory moment release in seismogenic fault zones and deployment of instrumentation to

this end. Furthermore, closely monitoring fault displacements in anthropogenic seismicity

and decametric laboratory experiments (e.g Guglielmi et al., 2015) could possibly shed light
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on the precursory mechanisms of small to moderate earthquake ruptures.

5.6 Supplementary Material

5.6.1 Experimental methods: samples, set-up and corrections for apparatus de-
formation

Starting Samples.

Experimental samples consisted of Westerly Granite (WG) cylinders of 40 mm diameter and

88 mm length. WG is a material representative of the upper continental crust and suitable

for laboratory work due to its low alteration, low anisotropy, homogeneity, fine grain size and

simple mineralogy. The cylinders were initially heat-treated at 450◦C in order increase their

permeability by one order of magnitude (∼10−19 m2) and in consequence, to allow reasonable

fluid diffusion and saturation times. Cylinders were then saw-cut at an angle (θ) of 30◦ to the

sample’s long axis to create an artificial elliptical fault (∼80 mm length and ∼40 mm width).

The faults’ surfaces were grinded to ensure perfect contact and roughened with #240 grit paper

in order to ensure a minimum cohesion along the fault’s interface and impose a similar fault

roughness in all the specimens.

Triaxial apparatus and pore fluid system.

Experiments were performed on the oil-medium, tri-axial apparatus of the Laboratoire de

Géologie at École Normale Supérieure in central Paris. The apparatus is able to support 100

MPa in confining pressure and 680 MPa in axial stress for samples of 40 mm diameter. Both

axial and confining stresses were servo-controlled independently and recorded with 1 kPa

resolution. Fluid pressures were servo-regulated through a Quizix 20k double syringe pump

of 120 MPa maximum capacity (1 microliter and 1 kPa volume and pressure accuracy). Axial

displacements (uax ) were recorded through three gap sensors located outside the cell with a

resolution of 0.1 micron at 100 samples per second. Therefore, the recorded displacement was

that of the whole experimental column. Unfortunately, this experimental set-up did not allow

to monitor near fault displacement. The corrections for apparatus deformation are presented

below.

Acoustic emission monitoring.

During experiments, acoustic activity was monitored through 15 piezo-ceramic sensors which

consist of a PZT crystal (PI ceramic PI255, 0.5 mm thick and of diameter 5 mm) contained in

a brass casing. The sensors were glued directly on the samples with cyanoacrylate adhesive

following the sensor map in Figure 5.5b. Acoustic waveforms were recorded with two different

techniques (Passelègue et al., 2017). First, each unamplified signal was relayed to a digital

oscilloscope allowing for the recording of macroscopic stick-slip events within a time window

of 6.5 ms at 10 MHz (Passelègue et al., 2017). Second, to record low amplitude acoustic
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emissions activity, signals were amplified at 45 dB through pre-amplifiers. Amplified signals

were then relayed to a trigger logic box. Using this second system, AE’s were recorded if at least

4 sensors recorded an amplitude larger than a given threshold, that is set at 0.001 Volts. The

complete waveform catalogue was then manually analyzed to remove possible triggers from

background noise.

High-frequency stress-strain monitoring.

Four strain gauges shown in Figure 5.5b-c. were glued ∼1 mm away from the fault and allowed

a local recording of the axial (ε1) and radial (ε3) strains at 10 MHz sampling frequency. The

gauges were wired in a full (Wheatstone) bridge configuration, allowing the direct measure-

ment of ε1 −ε3 through the 4*350Ω resistors. To calibrate the gauges, we assumed a constant

Young’s modulus of the rock during the elastic loading phase of each event such that we

had direct conversion from the strain recorded at the gauge to the corresponding far field

differential stress (σdi f f ). This near-fault sensor allowed recording the dynamic character of

each stick-slip event (Acosta et al., 2018) and therefore to estimate the effective fracture energy

of the event using the same method as in the study of Passelègue et al. (2016a).

Loading procedure.

For each test, axial and radial pressures (respectively (σ1) and (σ3)) were increased up to 10

MPa. Then, in the case of pore fluid experiments, air was cautiously flushed from the sample

by increasing fluid pressure (p f ) at the lower end of the sample. Once fluid percolated through

the entire sample, fluid pressure was increased up to 5 MPa at the upper and lower ends

until pressure and volume equilibrium were reached at both ends. Experiments were then

conducted at different effective pressure conditions, where σ′ =σ−p f accounts for effective

stress. Finally, axial stress was increased imposing a constant volume rate in the axial piston

which resulted in initial strain rates- ranging from ∼1.10−5s−1 to ∼3.10−5s−1 while (σ3) and

(p f ) were held constant. Under our experimental configuration, the fault’s shear stress (τ) and

effective normal stress (σ′
N ) were computed following:

τ= σ′
1 −σ′

3

2
∗ sin2θ (5.7)

σN = σ′
1 −σ′

3

2
∗ (1−cos2θ)+σ′

3 (5.8)

Due to our experimental configuration, shear and normal stresses increased simultaneously

as σ′
1 increased. Fault displacement (u f ) was computed from the gap sensors located outside

the pressure vessel by correcting the direct measurement of axial displacement (uax ) from the

stiffness of the experimental apparatus (E ycol∼38 GPa) and by projecting the displacement

on the fault plane following:

u f =
uax − σdi f f

E ycol
.L

cosθ
(5.9)
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where L is the sample’s length; and σdi f f is the differential stress.

A summary of the 150+ recorded stick-slip events is presented in Table D1 In these experiments,

radial stresses ranged from 50 to 95 MPa and pore fluid pressures from 0 to 60 MPa.

Figure 5.5 – Experimental samples and set-up. a. Triaxial apparatus. b. Acoustic emission
sensor and strain gauge map. c. Westerly Granite saw-cut cylinder and stress distribution. d.
Westerly Granite microstructure under cross-polarized optical microscope.
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5.6.2 Equivalent precursory and co-seismic moment release in laboratory earth-
quakes: corrections for elasticity, measurement of precursory slip, and scal-
ing of effective fracture energy and co seismic slip

Corrections for elastic displacement and calculation of precursory and co-seismic moment

in laboratory earthquakes.

With increasing cumulative events (therefore cumulative slip) on the faults, the faults surfaces

changed due to gouge production and change in the initial roughness (Scholz et al., 1972).

The change of fault surfaces, resulted in turn in slight changes in the fault’s stiffness which

needed to be corrected to grasp only the precursory slip.

In all our experiments (Table D1), the corrections for elastic displacement of the sample and

apparatus deformation were performed replacing E ycol in (equation 5.9). by a new constant

E y s y stem which was computed individually for each event. Note that the constant E ycol takes

only into account the stiffness of the apparatus column (e.g pistons and top and bottom

anvils). On the other hand, the constant E y s y stem takes into account the stiffness of both

the apparatus column and the one of the sample. For the external points (Refs. Mclaskey

and Lockner, 2018; Lockner et al., 2017; Byerlee and Summers, 1975) the data was manually

recovered. Then, the data were corrected for elasticity and the shear stress –slip curves were

plotted (examples are shown in Figure 5.6). Values of maximum shear stress at the onset of

instability (τ0), shear stress drop (∆σ), precursory slip (upr ec ) and co-seismic slip (ucos) were

recovered from those curves (Figure 5.6) and reported in Supplementary Table E2. From that

table, the precursory and co-seismic moments were computed as Mp = µsh .A.upr ec and M0=

µsh .A.ucos respectively taking an average rock shear modulus of µsh=30 GPa. Note that, in our

experiments the edges of the fault are unconstrained. Some studies considered the case of

an equivalent circular asperity of radius r with elastic unloading stiffness ku (Eshelby, 1952;

Walsh, 1971; Thompson et al, 2005) such that r = 7π
16 .µ

sh

ku
. With ku = ∆σ

ucos
.

In our case, for estimation of the precursory moment, the fault’s unloading stiffness is largely

unknown, nevertheless, from the relation between stress-drop and fault slip: ∆σ=µsh .C . u
L ,

we observe that larger stress drops require largest displacements for a finite and fixed fault

area which is the case in our experiments. It results that the relation between upr ec and ucos

needs to be conserved. For the final calculation of laboratory estimated Mp and M0, we chose

not to apply the correction described previously and calculate directly Mp =µsh .A.upr ec and

M0=µsh .A.ucos as in the study of McLaskey and Lockner (2014). Note that precursory slip can

be slightly overestimated in these experiments. In fact, due to the fast strain rates used in the

laboratory (ε̇ ∼ 10−5s−1), part of the recorded precursory displacement could be due to the far

field piston displacement rate (lower than 1 µm.s−1).
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Figure 5.6 – Corrections for elasticity. a. Example of dataset from our experiments. Correc-
tions for elasticity account for the change in shear stiffness for every event. Examples are
shown of upr ec and ucos . values in the first event. Unfortunately, because the displacement
was not recorded a high sampling rates, the co-seismic phase has a low resolution in panel
a., reason why the unloading phases look like fairly parallel lines in this panel. b. Red curve,
extracted raw data for intact rock from ref (Byerlee and Summers, 1975). Blue curve: same
dataset corrected from elastic deformation to get only fault slip and on-fault shear stress. Note
that because data was extracted manually for the external data (Table D2) the corrections for
elasticity were less precise than in our experiments (the initial slope is not completely vertical
in the blue curve and is probably the reason for the scattering observed on the empty symbols
of Figure 5.4).

Determination of precursory slip.

Once the corrections for elasticity have been performed, the roll-over of the stress-displacement

curve can result from two end-member explanations:

1. bulk sample damage due to stress induced microcracking once the stress needed for

onset of damage of the bulk rock is passed.

or
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2. precursory slip on the fault which partly releases the stress on the fault as displacement

increases.

Several arguments favour the latter explanation:

1. The stress at the sample’s roll-over is significantly lower than the stress needed to create

measurable damage in the rock. Indeed, in the example of Figure 5.6a (experiment

performed at σ′
3 = 70 MPa), the differential stress at the roll-over of the stress displace-

ment curve is σr o
di f f = 2.τr o

sin2θ ∼185 MPa. Previous studies of the onset of dilatancy in

Westerly Granite have shown that the stress at onset of dilatancy (C’; e.g the initiation

of microcrack damage) in Westerly Granite is of C’∼250-360 MPa at σ′
3= 50 and 51 MPa

(Tapponnier and Brace, 1976; Wong, 1982); and C’∼350 MPa at σ′
3=100 MPa (Brace,

Paulding and Scholz, 1966). In addition, in granites of similar composition, Martin

and Chandler (1994) showed that the differential stress needed for bulk rock damage is

higher than 300 MPa at confining pressures of 60 MPa (e.g Figure 17 from Martin and

Chandler (1994)).

One might argue that the thermal treatment in our experiments (450◦C) will signifi-

cantly decrease the onset of damage under triaxial loading conditions. Nevertheless, in

experiments where the granite has undergone a thermal treatment to 700◦C (Wang et

al., 2013), the stress needed to initiate measurable rock damage at σ′
3=30 MPa ranged

from 180 to 260 MPa and was no different from the damage stress in the untreated

granite rocks. Indeed, the damage created by the thermal treatment vanishes under

confining pressure due to closure of the micro cracks present in the rock. Note also that

in the last example, i) the confining pressure is lower than half the pressure used for

our experiments (Figure 5.6a) and ii) the thermal treatment is much higher than the

one used in our experiments (700◦C). iii) The thermal treatment over the Quartz α−β
transition generates large amounts of initial damage in the samples. Therefore, at lower

thermal treatments (450◦C) the initiation of bulk damage is expected at stresses higher

than 260 MPa.

In the example of our experiments, we can therefore be sure that the roll-over of the

stress displacement curve is not due to bulk sample damage but rather to slip on the

fault.

2. At the start of the roll-over, the friction on the fault corresponds perfectly to the static

friction expected from Byerlee’s Rule (Byerlee, 1978). Indeed, taking σr o
di f f =185 MPa,

one gets:

f r o = τr o

σr o
N

=
σr o

di f f

2 .sin2θ
σr o

di f f

2 . (1−cos2θ)+σ′
3

= 0.69 (5.10)

With σr o
N and τr o the normal and shear stresses at the beginning of roll-over roll-over;
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Figure 5.7 – Photograph of a post-mortem sample. Example of post mortem samples from
experiments conducted at σ′

3= 70 MPa, under fluid pressure conditions (first image from left
to right) and under nominally dry conditions (second image from left to right). Note that
under dry conditions, much larger amounts of gouge are observed, probably explaining the
evolution of coupling with increasing total displacement.

and θ=30◦, the fault angle towards the principal stress. Therefore, one expects the fault

to start sliding exactly at the roll-over stress measured.

3. Observation of the post failure samples (Figure 5.7) shows that all the damage takes

place in the sample’s surface rather than in the bulk which remains intact after retrieval

of the sample. The sample’s surface shows pervasive presence of gouge created during

frictional sliding. The edges of the fault remain intact. Therefore, the bulk rock does not

show evidence of significant damage which should be observed if the roll-over of the

stress displacement curve was due to microcracking of the bulk.

4. Previous studies of frictional sliding have shown that precursory sliding is a universal

feature of stick slip experiments in the laboratory (Scholz, Molnar and Johnson, 1972;

Dieterich, 1978; Latour et al., 2013; Passelègue et al., 2018). In the pioneer work of

Scholz, Molnar and Johnson (1972), the authors observed that precursory fault slip

initiates as soon as the recorded displacement rate (or strain rate) becomes faster than

the imposed elastic strain rate (for details refer to: Scholz, Molnar and Johnson., 1972)

even at low stresses (τ lower than 25 MPa). In the work of Passelègue et al., 2017, the

authors used the exact same experimental set-up used in this study. Relocation of the

Acoustic Emissions in their experiments showed that all the recorded foreshocks were

emanated from the fault zone. The exponential acceleration of precursory slip and

foreshocks in dry conditions in our experiments and in those of Passelègue et al., 2016a

support the idea that the roll-over of the stress-displacement curve is due to precursory

slip on the fault.

5. During the elastic loading phase, almost no acoustic Emissions were recorded even in

dry experiments. Therefore, it is very improbable that bulk damage occurs.
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Combined, these arguments provide strong evidence that the measured displacement is due

to fault slip rather than to bulk rock damage.

Scaling between fracture energy and co-seismic moment

Figure 5.8 – Scaling between fracture energy (breakdown work) and co-seismic slip and pre-
diction of precursory moment through equation 5.3. a. Effective fracture energy function
of co-seismic slip. Blue filling accounts for experiments in presence of fluid pressures and
grey filling for nominally dry experiments. Scaling of effective fracture energy with co-seismic
slip gives G ′ = 1.22e10.u1.783

cos which is the best fit to the data points. b. Comparison of the
observed precursory moment release and the prediction from equation 5.3. Marker filling is
the same as in panel a. Error bars are estimated through the upper and lower bounds of the
effective fracture energy, marker is the mean value.

5.6.3 Precursory and co-seismic moment release in natural earthquakes

To compute the precursory and co-seismic moment release for natural earthquakes different

methods were used in the literature and are detailed below for each point of Figure 5.4 of this

chapter. The values for Mp and M0 are given in Supplementary Table D3. Note that in this

analysis, we assume that all the recorded precursory slow slip contributes to the nucleation

of the mainshock, therefore, the spatiotemporal frame taken for nucleation is the largest

possible in all cases but additional complexities related to space and time evolution of slip

and foreshocks are not considered.

• 2009 Mw 6.3 L’Aquila Earthquake from Borghi et al. (2016).

Borghi et al. analyzed continuous GPS stations and detected an SSE (Slow Slip Event)

that started on the 12 February and lasted for almost two weeks prior to the 2009 Mw 6.3

L’Aquila Earthquake. From their analysis, the authors estimated a total precursory

magnitude for the SSE of Mw 5.9 which resulted in a precursory moment release, Mp ∼
10

3
2 (5.9+6.07) = 9.02e17 N.m. For this earthquake we have M0 ∼ 10

3
2 (6.3+6.07) = 3.59e18

152



5.6. Supplementary material

N.m.

• 2011 Mw 9.0 Tohoku-Oki Earthquake from Kato et al.(2012).

In their work, Kato et al. (2012) used a waveform correlation technique on the earth-

quake catalog preceding the 2011 Mw 9.0 Tohoku-Oki Earthquake in order to identify

migrating foreshocks towards the epicenter of the mainshock. They inferred the tempo-

ral evolution of quasi-static slip on the plate interface based on small repeating earth-

quakes. From this analysis, the authors estimate a total aseismic moment release by slow

slip transients of Mw 7.1 over the area hosting foreshock distributions. In addition, the

earthquake was preceeded by a Mw 7.3 foreshock which is summed to the aseismic event

to calculate the precursory moment. This results in Mp ∼ 10
3
2 (7.1+6.07) +10

3
2 (7.3+6.07)=

1.70e20 N.m and M0 ∼ 10
3
2 (9.0+6.07) = 3.16e22 N.m.

• 2014 Mw 8.1 Iquique Earthquake from Socquet et al. (2017).

Socquet et al. (2017) analyzed the acceleration recorded at a group of GPS stations

located in Coastal Northern Chile. This acceleration started 8 months prior to the 2014

Mw 8.1 Iquique Earthquake. They showed that this acceleration corresponded to a first

Mw 6.5 slow slip event on the Chilean subduction interface, which was followed by a

large Mw 6.7 foreshock. That foreshock further generated a Mw 7.0 afterslip event which

finally ruptured the area of the Mw 8.1 mainshock. From their analysis, we estimate

the total precursory moment release as the sum of these events, resulting in Mp ∼
10

3
2 (6.5+6.07) +10

3
2 (6.7+6.07) +10

3
2 (7.0+6.07) = 7.16e18 + 1.43e19 + 4.03e19 = 6.17e19 N.m and

we have M0 ∼ 10
3
2 (8.1+6.07) = 1.80e21 N.m.

• 2014 Mw 7.3 Papanoa Earthquake from Radiguet et al.(2016).

In the work of Radiguet et al.(2016), the authors reconstructed the aseismic slip evolution

on the subduction interface of the Guerrero segment through inversion of GPS position

time series. The authors found a slow slip of total moment magnitude Mw 7.6 that

began two months prior to the 2014 Mw 7.3 Papanoa earthquake. This slow slip event

persisted for∼9 months after the Papanoa earthquake. The authors studied the temporal

evolution of moment release during the slow slip event and found that, prior to the

Papanoa earthquake, around 15% of the moment release corresponding to the Mw 7.6

slow slip event had been released at the time of the earthquake. Using the moment

magnitude scale, this results on an estimation for Mp ∼ 0.15∗10
3
2 (7.6+6.07) = 4.80e19 N.m

and M0 ∼ 10
3
2 (7.3+6.07) =1.14e20 N.m.

• 2015 Mw 8.4 Illapel Earthquake from Huang and Meng (2018).

Huang and Meng, propose that the 2014 Illapel earthquake was preceded by a progres-

sively accelerating aseismic slip phase. Such analysis is done through a matched-filter

technique which allowed for the identification of repeating earthquakes. Then, from

repeating earthquake analysis, the authors propose that an area of 50x50 km2 presented

an average slip of ∼30 cm in a time period of several months prior to the mainshock.
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Such an observation, assuming a rock’s shear modulus of 30 GPa, results in an estimated

Mp ∼ 30e9∗500002 ∗0.3 = 2.25.e19 N.m and M0 ∼ 10
3
2 (8.4+6.07) =5.07.10e21 N.m.

• 2017 Mw 6.9 Valparaiso Earthquake from Ruiz et al.(2017).

In their work, Ruiz et al. studied the nucleation phase through GPS and repeater type

seismicity of the 2017 Mw 6.9 Valparaiso earthquake. They conclude that most of the

precursory deformation phase was aseismic (80% of the precursory seismic moment)

and they estimate the precursory moment release to an equivalent Mw 6.55 event which

results in an estimated Mp ∼ 8.51e18 N.m and M0 ∼2.85e19 N.m.

• 2012 Nicoya Mw 7.6 earthquake from Voss et al.(2018).

Analyzing the slip and seismicity that preceded the 2012 Nicoya Mw 7.6 Earthquake, Voss

et al. were able to study data from 20+ GPS stations which were located in a peninsular

area and therefore close to the mainshock’s epicenter. From their analysis, the authors

propose that a Slow Slip Event started 6 months prior to the mainshock. They conclude

that the coulomb frictional stress change prior to the mainshock was low and therefore

they discard a cascade-like nucleation process. The authors estimate the precursory mo-

ment release to an equivalent Mw 6.5 event which results in an estimated Mp ∼7.16e18

N.m and M0 ∼ 3.20e19 N.m. In addition, the authors compile two additional earth-

quakes (2012 Oaxaca, Mw 7.4 and 2001 Arequipa, Mw 7.6) where precursory aseismic

slip was observed (in their supplementary Table S1) from which we have plotted the

additional points in Figure 5.4 whose magnitudes are reported in Table D3

• 2016 Mw 7.0 Kumamoto Earthquake from Kato et al., (2016).

In their work, Kato et al. studied the nucleation phase through a matched filter technique

on continuous waveform data. The authors identify migrating seismicity prior to the

mainshock which is assumed to be caused by aseismic slip (of equivalent magnitude

Mw 5.8). In addition, the authors identify two large foreshocks (Mw 6.2 and Mw 6.0) to

have preceeded the mainshock. Considering these three events, the precursory moment

release we estimate is Mp =2.54e18+1.27e18+5.69e16 = 3.87e18 N.m.

• 2016 Mw 3.7 Alaska Earthquake from Tape et al. (2018).

In their work, Tape et al. studied the nucleation phase of the 2016 Alaska through

identification of waves radiated during the nucleation stage. The power-law temporal

growth of the nucleation signal is there predicted by a model in which high-frequency

waves are radiated from the vicinity of an expanding slow slip front. The authors identify

a foreshock sequence accompanied by slow slip prior to the mainshock. Considering

these events, the precursory moment release estimated is of an equivalent moment

Mp = 6.43e14 N.m.

• 2008 M j 7.2 Iwate-Miyagi Earthquake from Doi and Kawakata (2012).

In their work, Doi and Kawakata studied the nucleation phase through calculation of

cross correlation coefficients on continuous waveform data. Their study revealed 20
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micro foreshocks whose magnitudes can be found in their supplementary materials.

The sum of the foreshocks moments was of Mp =2.46e12 N.m. Hirose (2011) reported

that there was no significant precursory crustal deformation with amplitude greater

than noise level of a tilt meter nearby the epicenter of the 2008 Mw 6.9 Iwate-Miyagi

earthquake. No slow slip event was identified before the mainshock rupture.

• 2011 Mw 7.6 Izmit Earthquake from Bouchon et al. (2011)

In their work, Bouchon et al. studied the nucleation phase of the Izmit earthquake

by detecting a series of foreshocks whose summed moment release was Mp = 2.6e11 +

1.1e12 + 2.2e10 + 3.5e10 + 1.8e11 + 1.6e11 + 2.2e11 + 2.4e11 + 1.1e11 + 4.7e11 + 2.4e11

+ 7.1e11 + 2.0e12 + 2.3e10 + 1.1e11 + 2.0e13 + 6.4e10 + 2.3e10 = 2.59e13 N.m. the Co-

seismic moment release was M0 = 10
3
2 (7.6+6.07)= 3.20e20 N.m. In the study, the authors

do not estimate the magnitude of the slow slip event which is thought to generate the

foreshock sequence.
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6 Influence of fluids on earthquake
propagation

This chapter is published in a peer reviewed journal as:

Acosta. M., Passelègue. F., Schubnel. A., Violay. M., 2018. Dynamic weakening during

earthquakes controlled by fluid thermodynamics. Nature Communications, 9.1.

Candidate contribution: Conceptualization (with M.V., F.P, and A.S), Design of experiments

(with M.V.), Conducting experiments (with F.P.), Data processing, Formal analysis (with M.V

for the analytical model and with F.P. for the numerical model, with validation from A.S.),

Microstructural Analysis (fully performed by the candidate), Manuscript Writing (with M.V.,

F.P, and A.S.).

Chapter rationale: This chapter aimed to study the influence of fluids (and fluid pressures) on spontaneous

earthquake propagation. Laboratory stick-slip experiments were conducted on Westerly Granite saw-cut samples

under simulated tectonic loading (rather than through fluid injections).

Westerly Granite is perhaps the most well-known rock standard that represents the upper continental crust. It

is simple in composition, has very fine grain, is perfectly homogeneous, isotropic and has very low alteration.

Initially it has very low permeability (∼10−20 - 10−19 m2) reason why the samples were thermally treated to allow

reasonable saturation times for the experiments.

The experiments were conducted at ENS Paris’s Laboratorie de Géologie, where the tri-axial apparatus and related

instruments were set-up and operational. During the experiments, many instruments were deployed as described

in the methods section. They mainly allowed recording near fault stresses at low and high frequencies which

in turn provided an unprecedented observation of dynamic weakening during earthquakes in presence of fluid

pressures. The confining pressures used are representative of the stresses found in EGS (∼ 2.5- 5.5 km depth),

allowing realistic stress conditions. In the design of this study, low to high fluid pressures (well below, close to

water’s critical point, and well above it) were used to study the effect of water thermodynamics on earthquake

weakening.

The experiments are here complemented i) by microstructural observations (Scanning Electron Microscope), ii) a

modified analytical model that deals with shear heating in presence of pressurized fluids, and iii) a full numerical

model developed to study thermal pressurization of pore fluids and its involvement in our experiments.
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Key Points:

• Laboratory earthquake propagation was closely studied under upper crustal stresses

and various water pressure conditions.

• Under dry conditions and low water pressures (1 MPa), the fault’s main dynamic weak-

ening mechanism is Flash Heating (thermal decomposition of highly stressed asperities)

• Under high fluid pressures (25 to 45 MPa) water acts as an energy buffer to the asperities,

hindering flash heating. This effect is attributed to the high heat buffering properties of

water close to the supercritical transition.

• The thermal pressurization mechanism operates in all water pressure cases. The contri-

bution of this mechanism to faulting is extrapolated to upper crustal depths.

Keywords: Earthquake propagation; Fluid thermodynamics; Fault lubrication; Fluid rock

interaction; Induced seismicity

Abstract:

Earthquakes result from weakening of faults (transient decrease in friction) during co-seismic

slip. Dry faults weaken due to degradation of fault asperities by frictional heating (e.g. flash-

heating). In presence of fluids, theoretical models predict faults to weaken by thermal-

pressurization of fault fluid. However, experimental evidence of rock/fluid interactions during

dynamic rupture under realistic stress conditions remains poorly documented. Here, we

demonstrate that the relative contribution of thermal-pressurization and flash-heating to fault

weakening depends on fluid thermodynamic properties. Our dynamic records of laboratory

earthquakes demonstrate that flash-heating drives strength loss under dry and low (1 MPa)

fluid pressure conditions. Conversely, flash-heating is inhibited at high fluid pressure (25 MPa)

because water’s liquid-supercritical phase transition buffers frictional heat. Our results are

supported by flash-heating theory modified for pressurized fluids and by numerical modelling

of thermal-pressurization. The heat buffer effect has maximum efficiency at mid-crustal

depths (∼2 to 5 km), where many anthropogenic earthquakes nucleate.

Plain Language Summary:

Understanding the physics of fault lubrication during earthquake propagation is of outmost

importance to assess seismic hazard. In this study, by replicating earthquakes in the labora-

tory at upper-crustal conditions, the authors show that fluid thermodynamics control fault

lubrication, specifically at man-made earthquake depths.
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6.1 Introduction

During earthquakes, fault zones often saturated with fluids are sheared over several meters at

slip rates of meter per second, under normal stresses up to hundreds of megapascal, generating

very high frictional power per unit area (Kanamori and Brodsky, 2004). This large power triggers

thermally activated weakening mechanisms (Flash-Heating (FH) and Thermal-Pressurization

(TP)) responsible for low dynamic friction(Rice, 2006; Rempel and Weaver, 2008; Goldsby

and Tullis, 2011; Hirose and Shimamoto, 2005; DiToro et al., 2011; Violay et al, 2014a, 2015a;

Passelègue et al., 2016a; Brantut et al., 2016; Sibson, 1973; Brantut and Platt, 2017; Viesca and

Garagash, 2015; Chen et al., 2017a; 2017b; Urata et al., 2015; Goldsby et al., 2016; Lockner et al.,

2017).

Theoretical models predict that TP dominates at large slips and/or above mid-crustal depths,

while FH is the dominant weakening mechanism at small slips and/or greater depths (Brantut

and Platt, 2017). However, these models rarely incorporate water thermodynamics (notably

phase transitions). Moreover, in contrast to FH, TP during seismic slip has not been established

experimentally as of yet (Violay et al., 2015; Goldsby et al., 2016), due to the difficulty of repro-

ducing spontaneous dynamic rupture under realistic stress and fluid pressure conditions in

the laboratory. In summary, fully controlled experiments studying dynamic shear instabilities

in the presence of fluid pressures (pf ) have been lacking so far and hydro-thermo-mechanical

couplings during dynamic rupture remain still unclear.

Here, we conducted stick-slip experiments (laboratory proxies for earthquakes(Brace and

Byerlee, 1966)) on Westerly Granite saw-cut samples (Supplementary Figure 6.7) under triaxial

stress conditions (principal stresses σ1 > σ2 = σ3). The experiments were done at stresses

representative of the upper continental crust (effective confining pressures σ′
3 =σ3 −p f =70

MPa). We imposed three different fluid pressure levels: dry, low fluid pressure and, high

fluid pressure, which correspond to p f =0, 1 and, 25 MPa, respectively (hereafter referred to

as dr y , Lowp f and, Hi g hp f ). Combining dynamic stress evolutions with on-fault resolved

displacements and microstructural analysis of the post-mortem specimens evidenced that

distinct dynamic weakening mechanisms (FH and TP) were activated at the different fluid

pressure levels. Further, we applied thermal weakening models to our experimental data

including the evolution of fluids thermophysical properties with pressure and temperature.

The results showed that both FH and TP were activated during co-seismic slip and that their

relative contributions are controlled by the evolution of water’s thermophysical properties at

phase transitions.

6.2 Methods

6.2.1 Starting material

Samples were Westerly Granite cylinders (WG, Figure 6.7) (40 mm diameter and 88 mm

length). This material was selected because it is simple in composition, it is representative of
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the continental crust and because of its very fine grain (< 1 mm), perfect homogeneity, isotropy,

and low alteration degree. A thermal treatment at atmospheric pressure was performed on

the samples in order to increase the samples crack density (i.e. permeability) and so, to allow

good saturation and reasonable fluid diffusion times in the samples. Samples were heated

at a gradient of 5
◦C

mi n up to 450◦C . Then, the target temperature was kept constant for 2

hours. Finally, the furnace was turn off and the samples were let to cool down overnight. The

temperature ramp imposed in the furnace allowed having no temperature gradient inside

the sample during heating. Since the thermal diffusivity of the rock is ∼ κth = 10−6m2.s−1

and, with a sample radius of r = 2.10−2 m, temperature should equilibrate in r 2

κth
= 400 s

(7 minutes). Thermal cracking arose from differential thermal expansion of neighbouring

grains thus allowing increasing both intergranular and grain boundary microcracking without

overcoming the Quartz Alpha-Beta transition (∼ 578◦C ). Permeability was measured after

thermal treatment and was ∼ 5 times higher than that of untreated samples (from 2.10−19m2

to 1.10−18m2 at 5 MPa confining pressure). The cylinders were then cut to the correct length,

the top and bottom bases grinded to ensure perfect planarity with the horizontal. Then, the

samples were saw-cut at an angle of 30◦ to the sample’s long axis to create an artificial elliptical

fault of major axis L = 80 mm and minor axis l= 40 mm. The apparent contact area being:

A =π∗
(

L
2 ∗ l

2

)
= 2513 mm2. Fault’s surfaces were then grinded to ensure perfect contact in the

fault and then roughened with #240 grit paper to ensure a minimum cohesion along the fault’s

interface and impose a constant fault roughness in all the specimens.

6.2.2 Experimental set-up

The apparatus used was the tri-axial press of ENS Paris built by Sanchez Technologies. It is a

servo-controlled oil medium confining cell with maximum confining pressure of 100 MPa.

Axial loading was controlled by a separated servo pump acting on an axial piston (maximal

stress of 680 MPa on 40 mm diameter samples). Fluid pressure regulation was assured by

a double syringe pump (Quizix 20k) able to reach 120 MPa fluid pressures (1 kPa pressure

accuracy, 1 µL volume accuracy). Under this configuration, shear stress (τ), normal stress (σN )

and slip (D f ) resolved on the fault can be expressed as:

τ=
(
σ′

1 −σ′
3

2

)
∗ sin(2θ) (6.1)

σN =
(
σ′

1 +σ′
3

2

)
−

(
σ′

1 −σ′
3

2

)
∗cos(2θ) (6.2)

where σ′ refers to effective stress as σ′ =σ−p f .
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And

D f =
D1

cosθ
= ε1s .L

cosθ
=

(
ε1ext − σdi f f

Eap

)
L

cosθ
(6.3)

where ε1ext is the measured axial strain on the whole system; ε1s is the axial strain of the

sample corrected by the stiffness of the apparatus using linear elasticity, σdi f f = σ1 −σ3

the differential stress, Eap the stiffness of the apparatus; L the sample’s length; D1 the axial

displacement of the sample and finally, D f the projected displacement on the fault.

Finally, making the reasonable assumption that confining pressure (σ3) does not change

during stick-slip events, near fault friction (µ) is calculated as:

µ=
(
σ′

1 −σ′
3

)
sin(2θ)(

σ′
1 −σ′

3

)
(1−cos(2θ))+2σ′

3

(6.4)

The recorded parameters during deformation were as follows: In the far-field, we recorded

the axial and confining pressures through pressure transducers of 0.001 MPa resolution. In

addition, axial displacement was measured by recording three Foucault current sensors of

0.1 µm resolution. The sampling rate on far field sensors was 100 Hz. These provided the

macroscopic deformation of the system (sample plus apparatus deformation). In the near-

field, we measured stress and strain through strain gages glued 3 mm away from the fault

(Figure 6.7). Gages were coated with a cyanoacrylate gel which prevented shortages due

to pressurized water. These sensors allowed a local recording of the principal strains at 10

MHz sampling frequency. A full (Wheatstone) bridge configuration gage (HBM 3/350 VY41)

allowed measuring directly the differential strain (ε1 −ε3). To calibrate the gage, we measured

the constant young modulus of the rock during elastic loading phase. Then, we had direct

conversion from the strain recorded at the gage to the corresponding far field measured stress

using the measured sample’s young modulus (differential stress (σ1 −σ3)) (Supplementary

Figure 6.8). Gages allowed to record the dynamic stress change of each stick-slip event through

an acoustic emission trigger set-up (Passelègue et al., 2016a; Brantut et al., 2016) at 10 MHz

sampling frequency. Strain gage data was recorded continuously at 100 Hz to observe the

overall evolution of near fault shear stress.

6.2.3 Loading procedure and laboratory earthquakes

Stick slip experiments were performed under nominally dry and fluid pressure conditions.

Confining pressures ranged from 50 to 95 MPa, fluid pressure from 0 (i.e. dry) to 45 MPa.

Constant strain rate was imposed at ∼ 1.10−5s−1. (See Table E1 for the detailed experimental

matrix). The experimental procedure was as follows: We first increased the confining and axial

pressures up to 10 MPa. Then, in case of pressurized fluid experiments, we carefully flushed air
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away from the sample, then, we increased the fluid pressure to 5 MPa in both upper and lower

reservoirs. We then waited for pressure and volume equilibrium between the two reservoirs.

The axial, confining and fluid pressures were increased (fluid pressure was decreased in low

fluid pressure experiments) in parallel up to their target values. Again, we waited for fluid

pressure and volume equilibrium between the reservoirs. Finally, axial pressure was increased

at constant axial loading rate while fluid and confining pressures were held constant. Both

shear and normal stresses increased with axial loading until shear stress reached the strength

of the fault. At this point, the stick-slip instability occurred and was accompanied by a brutal

release of shear stress and seismic slip on the fault plane. Such event is a stick-slip event or

laboratory earthquake.

The reproducibility of the shear stress evolution for successive events in each configuration

suggests that the possible change in surface topography with increasing number of events did

not affect the fundamental processes accounting for earthquake rupture propagation.
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Figure 6.1 – Mechanical results for experiments at σ′
3=70 MPa. a Near-fault shear stress

evolution with time. Static stress drop (∆τs = τ0−τ f ) is shown as an example. b to d. Dynamic
shear stress evolution with time. Each curve corresponds to one stick-slip event, change in
colour hue accounts for different events. In addition to τ0 and τ f , the maximum and minimum
dynamic values of shear stress, τp and τmi n , are presented as examples, defining a breakdown
stress drop (∆τb = τp −τmi n). b. Dry experiment, red curves. c. Low fluid pressure experiment
blue curves. d. High fluid pressure experiment, black\grey curves.

6.2.4 Model Methods

All the methods for the used models are given in supplementary information section of this

chapter (Section 6.4).
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6.3 Results and discussion

6.3.1 Mechanical results

Continuous records of shear stress (τ) versus time (Figure 6.1a) showed that, during a stick-slip

event, τ dropped from an initial peak static value (τ0) down to a final residual value (τ f ),

resulting in a static stress drop (∆τs = τ0 −τ f ). High-frequency records (Passelègue et al.,

2016a; Brantut et al., 2016) (Figure 6.1b-d) showed that τ first increased from τ0 up to a peak

dynamic value τp and then, abruptly dropped to a minimum dynamic value τmi n before

recovering to τ f , thereby defining a dynamic (or breakdown) stress drop (∆τb = τp −τmi n).

The dynamic rise of τ0 up to τp resulted from stress amplification (i.e., stress intensity factor)

at the rupture tip (Svetlizky and Fineberg, 2014).
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Figure 6.2 – Compiled data for experiments at σ′
3=70 MPa. Red diamonds account for dry

events, blue triangles for low fluid pressure events, and black circles for high fluid pressure
events. a. Compiled data of∆τs (static shear stress drop, empty markers) and∆τb (breakdown
shear stress drop, full markers) against on-fault resolved slip. Colour bar accounts for τ0 (Static
shear stress reached at the onset of the instability, i.e. amount of elastic energy stored in the
system). b. Dynamic friction resolved against the on-fault total event slip. Colour bar accounts
for static friction reached at the onset of instability.

Earthquakes during dry experiments presented larger ∆τs values (Figure 6.2a) (from 30 to 45

MPa versus 10 to 30 MPa and 5 to 18 MPa under Lowp f and Hi g hp f , respectively), while larger

breakdown stress drops were recorded under Lowp f . There, ∆τb was 14% larger on average

than in dry conditions and was remarkably 73% higher than at Hi g hp f . Note that τ0 (i.e. the

amount of elastic energy stored in the system) was similar at both fluid pressures but smaller

than in dry conditions. The total slip per event was similar for dry and Lowp f conditions

but was two times smaller under Hi g hp f . In all conditions, peak static frictional strength

(µ0 = τ0
σ′

N 0
) ranged between 0.6 and 0.89 (Figure 6.2b, compatible with Byerlee’s law (Byerlee,

1978) but was approximately 17% higher in dry experiments than at Lowp f and Hi g hp f . This
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indicates lower static shear strengths in the presence of fluids which resulted from a reduction

of adhesion along fault surface in the presence of water (Dieterich and Conrad, 1984) (i.e.,

to a decrease of the contacts surface energy). Regarding weakening processes, the dynamic

friction (µd = τmi n
σ′

N
, see Methods) was lower at Lowp f (from 0.02 to 0.24) than at dry (0.29 to

0.39) conditions and Hi g hp f (0.42 to 0.51). Such differences in the dynamic fault strength

(i.e. evolution of τ and µd ) in these three experiments (performed at constant σ′
3) suggest the

activation of distinct weakening mechanisms during earthquake rupture. Such mechanisms

seem less effective at Hi g hp f (i.e., smaller slip and higher µd for equivalent τ0 and ∆τs) and

slightly more effective at Lowp f (i.e., larger ∆τb and lower µd , leading to a transient, almost

total strength loss).

6.3.2 Microstructural observations

Scanning electron microscopy on post-mortem fault surfaces (Figure 6.3, Figure 6.10) revealed

∼20 µm long patches of ropy, stretched material elongated along the shear sense in both

the dry (Figure 6.3b) and Lowp f (Figure 6.3c) experiments. These structures are consistent

with melting of fault asperities during co-seismic slip and may explain the strong weakening

observed in these experiments (Passelègue et al., 2016a; Brantut et al., 2016; Lockner et

al., 2017). Conversely, such structures were not found at Hi g hp f (Figure 6.3d) where the

surfaces were covered with asperity debris of sizes ∼ 0.2-5 µm. No evidence of melt was found,

suggesting that lower temperatures were reached at the asperity contacts and confirming the

reduced efficiency of frictional heating and weakening at Hi g hp f .
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Figure 6.3 – Micrographs of the fault’s surfaces. Scanning Electron Microscope images under
secondary electron mode of half-fault surfaces. a. Initial sample. Homogeneous surfaces with
asperities of ∼2 to 20 µm. b. Surface of the dry experiment. Surfaces were covered with clasts
of sizes <5 µm. Magnification allowed observation of melted structures stretched along the
shear direction. c. Surface of the low fluid pressure experiment. Clasts of sizes <5 µm and
melted patches were also identified. d. Surface of the high fluid pressure experiment. Clasts of
sizes <5 µm were found all over the surface. No melted structures were found.

6.3.3 Flash temperature in presence of pressurized fluids

To support our experimental and microstructural results, we computed the flash temperatures

(maximal transient temperatures) reached on 20 µm radius asperities due to shear heating

(Rice, 2006; Archard, 1959) during their lifetimes (tc ) (Methods, Figure 6.4a). In the presence of

fluids, water cools asperities through heat capacity and latent heat (acting as a heat barrier) of a

finite water volume surrounding the highly stressed asperity (Violay et al., 2014a)(Figure 6.4b).

The main hypothesis of the model is that the fluid volume surrounding the asperities is at

thermal equilibrium with the asperity. This assumption should remain valid during frictional

slip i) since the thermal diffusion length (
p
π.κth .theat with κth the thermal diffusivity and

theat the heating time) is close to the asperity size at FH velocities (commonly admitted ∼10

cm.s−1 (Rice, 2006; DiToro et al., 2011; Goldsby and Tullis, 2011; Hirose and Shimamoto, 2014;

Rempel and Weaver, 2008, Violay et al., 2014a)), and ii) when the solid-solid contact starts

slipping, a liquid-solid contact forms immediately, allowing for fast temperature equilibrium

between the asperity and the surrounding fluid. Conversely to previous studies (Violay et al.,
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2014a; Rempel, 2006), we also included the isobaric evolution of water’s specific and latent

heats (cpw and Lw ), as well as density (ρw ) with temperature in the calculation (NIST) (Figure

6.4c-e, Methods, Supplementary Figure 6.13).

Given our experimental conditions, we considered water cooling of asperities as a purely

diffusive mechanism (no advection) for fault permeabilities lower than 10−17 m2 at Lowp f

and 10−18 m2 at Hi g hp f (See supplementary material 6.4, and Figure 6.11 for details). Note

that in this model we considered the maximum temperature that can be reached at asperities

affected by the cooling effect of water (Violay et al., 2014a). Such temperature differs from the

temperature history at asperities during slip.

Under dry conditions, when no buffering takes place, the flash temperature becomes the

exact solution for the one dimensional heat diffusion problem (Rice, 2006; Brantut et al.,

2016; Proctor et al., 2014) at the asperity scale (assuming the contact shear stress at asperities

rather than the macroscopic shear stress distributed along the interface). There, temperature

increased as a power law of slip (see Figure 6.12 for other asperity sizes). The FH temperature

(approximately 1000 ◦C was reached for slip rates > 10 cm.s−1 during the asperity lifetime,

as predicted by FH theories and previous experiments (Rice, 2006; Rempel, 2006; Goldsby

and Tullis, 2011; Hirose and Shimamoto, 2005; DiToro et al., 2011, Violay et al., 2014a). At

those velocities, in the Lowp f case, water-buffered temperatures were observed in the first

half of the contact lifetime, and so, flash temperatures remained lower than 179 ◦C, i.e., while

water stayed in a liquid state. Longer slips at such seismic velocities (e.g. higher frictional

heat) allowed water to overcome the liquid-vapour phase transition temperature during

tc, inducing a strong drop in ρw and cpw (roughly falling to 0.5% and 50% of their room

temperature values respectively; Figure 6.4c-d). In this case, vaporization of water enhanced

shear heating at contacts and allowed FH of asperities for slip velocities larger than ∼10

cm.s−1, as also observed in dry conditions. Conversely, at fluid pressures ranging from 25

to 70 MPa, temperature rise was strongly buffered by water cooling during tc due to the

liquid-supercritical transition. This phase change requires a distributed amount of energy

over a finite temperature range, opposed to the case of isothermal vaporization where Lw

acts as a heat barrier. Therefore, the heat capacity of water increases by 1400% during the

transition at p f = 25 MPa (Figure 6.4d) while the drop in density is smoother than in the case of

vaporization (Reference NIST) (Figure 6.4c). At high fluid pressures, water turned out to be an

extremely efficient heat buffer, inhibiting FH phenomena and hindering rises in temperature

to the liquid-supercritical phase transition temperature (∼ 373◦C at p f = 25 MPa, Figure 6.13)

at asperity contacts during their lifetime. Temperature rise was buffered even for slip rates

of 1 m.s−1 (admitted slip rate during earthquake propagation (Kanamori and Brodsky, 2004;

Rice, 2006; Goldsby and tullis, 2011; DiToro et al., 2011)). This major heat sink explains the

reduced dynamic weakening observed at Hi g hp f , and the absence of frictional melt on the

fault surfaces.

168



6.3. Results and discussion

Figure 6.4 – Flash temperature calculation. Red curves correspond to dry conditions, blue
to low fluid pressure (1 MPa) and black to high fluid pressures (25, 45, and 70 MPa). a. Flash
temperature reached at the asperity contacts versus slip (e.g. Methods). b. Schematic top view
of the considered contact geometry, in black we see the asperity contact of radius r =20 µm
stressed at a normal stressσN c and at a shear stress τc . The asperity is surrounded by a volume
of water Vw which buffers temperature. c. Temperature versus water density for the different
fluid pressures in MPa. d. Temperature versus water specific heat(NIST). (e) Temperature
versus water’s latent heat. Note that the latent heat (Lw ) decreases with rising pressure until it
vanishes at the critical point (∼22 MPa and 373 ◦C).

6.3.4 Shear heating and thermal pressurization of fluid saturated faults

The liquid-vapour transition has been thought to have strong thermal effects on faulting,

inhibiting temperature rise due to thermal pressurization during co-seismic slip (Chen et

al., 2017a, 2017b). In high velocity friction experiments (Violay et al., 2015a; Chen et al.,

2017a) TP enhanced the friction drop of ∼0.1, which is comparable to the difference observed

between the dynamic friction recorded during Lowp f and dry conditions (Figure 6.2b). Such

difference could also be due to a reduction of melt viscosity through hydration in the presence

of fluids. However, rotary shear experiments have demonstrated that the chemical compo-

sitions of melts developed after long slip times (>10 s) under vacuum, room humidity, and

fluid-saturated conditions were identical (Violay et al., 2014a), discarding the possibility of

melt-hydration in our experiments (here, the total slip time was <30 µs). TP due to fluid

pressurization could then be a candidate to explain the slightly lower dynamic friction values

observed at Lowp f while FH remains the dominant weakening mechanism.
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While FH explains the large dynamic stress drops observed in dry and Lowp f conditions, it

does not explain the small strength drops observed at Hi g hp f conditions. To explain the small

stress drops observed at Hi g hp f , we computed the temperature evolution on a bulk planar

fault in both drained (Figure 6.5a) and undrained (Figure 6.5b-c) conditions using a finite

difference numerical model (e.g. Supplementary material: Section 6.4). We considered the

full thermodynamic evolution of fluid properties with pressure and temperature (Chen et al.,

2017b; Urata et al., 2015; reference NIST).

Under drained conditions, we observed that the reached temperatures (which are a maximum

estimation of the possible temperature in the bulk fault since the shear stress for heat gen-

eration is taken as the static fault’s shear stress of our experiments) remained below rock’s

thermal degradation temperature (∼ 1000 ◦C) even for slips larger than the maximum slip

observed in the experiments (∼250 µm) (Figure 6.5a). This observation is in agreement with

our microstructural observations, since melting was not pervasive over the sample surface

but was localized at asperity scale (Figure 6.3c and Figure 6.10), as predicted by flash heating

theory. Nevertheless, under our experimental conditions, the water heat buffer effect due to

the liquid-supercritical transition was still observed for initial pore pressures higher than 22

MPa. Note that strong temperature rises on the fault due to instantaneous water vaporization

took place in a similar manner than for the flash temperature computations, confirming our

calculations at the asperity scale.

Under undrained conditions (Figure 6.5b-c), since the fault’s stress obeys the effective pressure

law, we observed an initial fast decay in friction due to TP. The decay then stabilized leading to

friction drops of ∼0.1 - 0.15 for slips of ∼20 to 150 µm in all fluid pressure conditions. Such

friction drop values are remarkably consistent with the friction drops observed in Hi g hp f

experiments (Figure 6.2b). Therefore, at Hi g hp f , TP might well be the dominant weakening

mechanism in our experiments, as supported by our microstructural analysis.
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Figure 6.5 – Bulk fault temperature model at 1 m.s−1 slip rate under experimental shear
loading. Blue curves correspond to low fluid pressure conditions (1 MPa) and black to high
fluid pressures (25, 45, and 70 MPa). Vertical dotted lines show the maximum slip in our
experiments. a. Bulk temperature reached in the fault’s slipping zone during shear heating
versus slip under drained conditions (e.g. Methods) each curve corresponds to the labelled
fluid pressure in MPa. b. Bulk temperature (left y-axis) reached in the fault during shear
heating under undrained conditions and the corresponding friction evolution due to TP (right
y-axis) versus slip (e.g. Methods) each curve corresponds to the labelled fluid pressure in MPa.
c. Fluid pressure evolution in the fault’s slipping zone during shear heating versus slip for the
different initial fluid pressures labelled in MPa.
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6.3.5 Depth dependence and implications for natural and induced earthquakes

Similar stress evolutions observed in experiments conducted at other effective stresses and

at pf =45 MPa (Figure 6.9) suggest that the observed heat buffer operates even at higher fluid

pressures, where the liquid-supercritical transition is smoother (e.g. Figure 6.4c, d and Figure

6.13). To further study the depth dependence of this heat buffer effect, we computed again the

temperature rises (in both drained (Figure 6.6a) and undrained conditions (Figure 6.6b-c))

due to TP with a depth extrapolation. The extrapolation was done for a mean stress equal

to the lithostatic overburden gradient of 27 MPa.km−1, a hydrostatic fluid pressure rise of 10

MPa.km−1, a geothermal gradient of 30 ◦C.km−1 (Lachenbruch, 1970), and an initial friction

of 0.7 (e.g. Methods). We observed that a heat buffer can operate for fluid pressures up to 45

MPa in both drained and undrained cases but its efficiency is strongly reduced when fluid

pressures reach 70 MPa (∼ 7 km depth). At large depths, higher background stress and a

smoother supercritical transition allow to overcome the transition temperature for smaller

slips when sliding at seismic slip rates (∼1 m.s−1), consistently with previous studies on the

depth dependence of weakening mechanisms (Brantut and Platt, 2017). Nevertheless, the

dynamic friction values predicted by TP theory are similar at all depths for a given final slip,

likely because at greater depths (> 7km), the background driving stress has a stronger effect

than the pore fluid pressure rise on TP at small slip.

Previous TP models considered the liquid-supercritical transition and found no significant

effect of the transition on dynamic ruptures (Urata, 2015) but did not consider the effect of FH

at microscopic level. Here, we demonstrate (1) that water phase transitions may control FH at

the asperity level by acting as a major heat buffer and so, they can control earthquake rupture

and (2) that the initial fluid pressure level is a critical parameter that cannot be neglected via

the effective pressure concept because it controls water thermodynamics. Thus, dependencies

on temperature and pressure of thermodynamic fluid properties should be taken into account

in future weakening models in particular at microscopic level (Rice, 2006; Brantut and Platt,

2017; Viesca and Garagash, 2015). Extrapolation of our results to natural conditions suggests

that the heat buffer effect has a maximum efficiency at mid crustal depths (∼2 - 5 km) where

major anthropogenic earthquakes appear (Rice, 2006; Violay et al., 2015a).
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Figure 6.6 – Bulk fault temperature model at 1 m.s−1 slip rate at upper crustal depths. Blue
curves correspond to low fluid pressure conditions (1 MPa) and black to high fluid pressures
(25, 45, and 70 MPa). Vertical dotted lines show the maximum slip in our experiments. a.
Bulk temperature reached in the fault’s slipping zone during shear heating versus slip under
drained conditions (e.g. Methods) each curve corresponds to the labelled fluid pressure in MPa.
b. Bulk temperature (left y-axis) reached in the fault during shear heating under undrained
conditions and the corresponding friction evolution due to TP (right y-axis) versus slip (e.g.
Methods) each curve corresponds to the labelled depth. c. Fluid pressure evolution in the
fault’s slipping zone during shear heating versus slip for the different initial fluid pressures.
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6.4 Supplementary Material

This supplementary material contains the additionnal figures, and methods used in this

chapter.

6.4.1 Experimental Samples

Figure 6.7 – Experimental Sample. a. Experimental sample of Westerly Granite (WG); cylinder
configuration. Grain size is inferior to 1 mm, material is homogeneous and isotropic. The
artificial fault is marked as a dotted line and is oriented 30◦ from the vertical axis. Principal
stress orientations are shown as σ′

1 and σ′
3 resulting in effective normal and shear stress in

the fault zone (σ′
N and τ respectively). Near fault full Wheatstone bridge strain gage is located

3 mm from the fault and records ε1 − ε3 directly which allow direct estimation of σ1 −σ3

through calibration during elastic loading phase of each experiment. b. Cross-polarized
optical microscope image of the intact granite (x40). WG is mostly composed of quartz,
feldspars and in minor quantities of micas.
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6.4.2 Strain gage calibration and data filtering

Figure 6.8 – Strain gage calibration procedure and data filtering. a. Strain gage calibration.
The strain gages were calibrated using low frequency stress measurements. Here, we assumed
linear elasticity. Therefore, during the elastic loading phase of the experiments, since the
young’s modulus of the rock remained constant, we directly calibrated the differential strain
recorded by the gages with the differential stress recorded by the far field sensors through a
linear regression best fit. Since the linear elasticity assumption remained valid during the
dynamic stick-slip events (Passelègue et al., 2016a), at high sampling rate, the differential
strain was also converted directly to differential stress. b. and c. Examples of data filtering
procedure. Near fault shear stress evolution on time for one event in dry conditions (b.) and
in low fluid pressure conditions (c.). The grey trace accounts in both cases for raw data and
the coloured lines account for the filtered data. The filter was set-up through identification of
the noise frequencies present before the stress drops. Such frequencies were identified to be
superior to 200 kHz so a low pass filter was applied to all the traces in order to enhance clarity
in the presented figures without compromising the data.
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6.4.3 Dynamic stress evolution at 50 MPa confinement

Figure 6.9 – Dynamic shear stress evolution of additional experiments at 50 MPa effective
confining pressure. Dynamic shear stress evolution recorded at high sampling frequency (Fs
=10 MHz). Each curve corresponds to one recorded laboratory earthquake. a. Stick-slip events
of high fluid pressure experiment at 95 MPa confining pressure and 45 MPa fluid pressure. In a
similar way to the high fluid pressure experiment at p f =25 MPa (Figure 6.1d), we observed low
dynamic stress drops and no major increase in shear stress right before the event. b. Stick-slip
events of low fluid pressure experiment at 51 MPa confining pressure and 1 MPa fluid pressure,
in a similar way to the low pore pressure experiment at p f =1 MPa (Figure 6.1c), we observed
extraordinarily high dynamic stress drops due to important increase in shear stress right before
the dynamic stress drop. Such behaviour accounts for reproducibility of our experiments and
was in perfect compliance with experiments performed at 70 MPa effective confining pressure,
its microstructural observations, the suggested model and proposed interpretations.
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6.4.4 Low magnification microstructures

Figure 6.10 – Low magnification micrographs of fault surfaces of experiments atσ′
3=70 MPa.

Scanning Electron Microscope images under secondary electron mode of the half-fault sur-
faces. Secondary electron mode allows observation of surface topography. a. Undeformed
sample surface. Initial surfaces were flat and homogeneous with asperity diameters ranging
from 2 to 20 µm under no confinement. b. Sheared surface of the room humidity experiment
(dry conditions). The sheared surfaces were covered with clasts of sizes inferior to 5 µm. The
clasts were found over and under ropy stretched material in the sense of shear. Glassy slabs
resulted from cooling of the melted asperities. c. Sheared surface of the low fluid pressure ex-
periment (p f = 1 MPa). The sheared surfaces were again covered with clasts of sizes inferior to
5 µm. Patches covered with a layer of ropy like structures stretched in the shear direction were
observed over and under the clasts. d. Sheared surface of the high fluid pressure experiment
(p f = 25 MPa). Again, clasts of sizes inferior to 5 µm were found all over the surface. This time
no ropy-like structures were found, instead the surface presented mostly clasts of diameters
ranging from 0.5 to 5 µm evidence of brittle failure of asperities.
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6.4.5 Flash temperature computation

Flash temperature is the maximum transient temperature responsible for fast weakening of

fault frictional strength during sliding (Archard, 1959). Flash temperature is reached at an

asperity for the lifetime of contacting asperities (tc ) and depends on slip rate v in (m.s−1),

material properties (in particular thermal diffusivity κth in (m2.s−1) and asperity radius r in

(m).

Strong frictional weakening happens when the temperature rise at the contacting asperity

reaches values close to the melting or thermal decomposition temperature of the rock which

can be taken equal to 1000 ◦C for many rock lithologies (Rice, 2006; Rempel, 2006; Goldsby

and Tullis, 2011).

We considered a frictional interface where the real contact area (Ar ) is only a fraction of the

nominal contact area (A (Archard, 1956; Persson and Spencer, 1999)). The major part of the

contact is held by asperities that deform mostly plastically and are stressed closely to their

yield strength (Archard, 1956; Persson and Spencer, 1999). For simplicity, we considered

rounded asperities of radius (r ) and height (h). In the presence of fluid pressure, we defined a

volume of water (Vw ) that interacted thermally with the highly stressed asperities such that

Vw corresponded roughly to the volume of water displaced by the contact sliding during its

lifetime. Such volume of water is in convective contact with the asperity and is defined (Violay

et al., 2014a) as Vw = h ∗π∗ (
(2r )2 − r 2

)
(Figure 6.4b).

To compute the temperature elevation per unit surface at a contacting asperity during slip

acceleration, we consider that this elevation is due to diffusion of a heat source rate τc .v where

τc is the shear stress at the contact and v is an arbitrarily increasing slip velocity. As argued

by Rice (2006), the heat input per unit surface over the contact time (and so, until weakening

takes place), is directly related to time of contact defined as: tc = r /v . Then, we define the

flash temperature rise as a heat input term due to shear at the slip rate v and a temperature

buffering term (Violay et al., 2014a) due to the volume of water surrounding the asperities vw

as defined in the geometry and shown in Figure 6.4b such that:

T f l ash = f (τc , v)− g
(
T,ρw (P,T ) ,cpw (P,T )

)
.

Notice that in this simple model we did not consider the evolution of density or specific

heat of solid asperities with temperature (see final equation) and that possible dynamic

changes of contact hardness and other material properties due to the flash temperature

rise (Noda, 2008) were neglected. Here, the fluid pressurized in the fault zone is water.

The isobaric evolution of water’s specific heat and density with temperature at the exper-

imental pressures were taken from NIST database for thermophysical properties of fluids

(http://webbook.nist.gov/chemistry/fluid; based on the IAPWS97 industrial thermodynamic

formulation) at different imposed fluid pressures.
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The following considerations were used for this model:

Asperities of radius r and height h.

In a frictional interface, the real contact area of the two surfaces involved is substantially

smaller than the apparent contact area (Bowden and Tabor, 2001; Persson and Spencer, 1999).

Therefore, the load supported by each contacting asperity is considerably higher than the

normal stress applied to the apparent surface. In our experiments, microstructural analysis

(6.3) showed initial asperity sizes of 2 to 40 µm (6.3a). After deformation, the melted patches

in dry and low fluid pressure experiments had maximal sizes of ∼20 µm x 20 µm. Therefore,

we defined the maximum asperity size of a radius r =20 µm and, an asperity height h = r = 20

µm.

Applied forces considered: Shear and Normal Stress.

Here, peak shear stress considered for all simulations matched the average peak static shear

stress found during low and high pore pressure experiments,τ0=70 MPa. The peak friction

reached was averaged to µ0=0.7 respecting "Byerlee’s rule" (Byerlee, 1978). Therefore, the peak

static normal stress considered in this model was: σN 0 = τ0
µ0

=100 MPa. If α= Ar
A is the ratio

between real contact area and nominal contact area, it writes α = Pm
σN 0

(Bowden and Tabor,

2001). Where Pm=6 GPa is the estimated penetration hardness of WG taken as a weighted

average of hardnesses of the minerals present in the granite (Passelègue et al., 2014). The shear

stress held by a single asperity writes then τc =α.τ0=4.2 GPa.

Pure diffusion in the vicinity of the contacts surrounded by pressurized fluid.

The question arises, if the cooling process by convection of water surrounding the asperities is

a purely advective, mixed advective/diffusive or purely diffusive process. Due to the intense

and fast heating developed at the highly stressed contacts, the interacting water volume Vw

was considered instantaneously in thermodynamic equilibrium prior to weakening. The

temperature of the fluid is therefore that of the contacts.

We then calculated the ratio between the time needed for temperature at asperities to equi-

librate with water by advection (tad v ) and the time needed for temperature at asperities

to diffuse in water (theat ) (Supplementary Figure 6.11). In the same water volume, the ra-

tio: tad v
theat

is expressed as the inverse ratio of hydraulic and thermal diffusivities respectively.

Dhy = k.
(
η.β

)−1 is the hydraulic diffusivity where k is the in plane fault’s permeability, η∗ is the

fluid viscosity and β the storage capacity of the interacting volume. D th =λ.
(
ρw .cpw

)−1 is the

thermal diffusivity of the fluid volume, where λ∗ is the thermal conductivity of the fluid, ρ∗
w is

the fluid density, and c∗pw is the fluid specific heat. All values marked with ∗ are dependent

on temperature (reference NIST). The higher the ratio tad v
theat

, the more the cooling process is

diffusive. On the other hand, for low values of this ratio (lower than 1), the cooling process

should be highly enhanced by fluid circulation in the fault and so, it becomes an advective
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process. These calculations showed that the heating process is purely diffusive in the low

pressure case (1 MPa) for fault permeabilities lower than 10−17m2 in the whole temperature

range. At high fluid pressure (25 MPa), the process is purely diffusive for permeabilities lower

than 10−18m2.

At the normal stresses developed in our experiments, in the absence of fault gouge, we estimate

that the permeability of the fault was close to that of the surrounding material and so, close to

values probably inferior to 10−18m2. We conclude that a purely diffusive model represents well

the cooling effect of water during flash heating in the vicinity of asperities. Thus, the model

assumed that a finite volume of water in the vicinity of the asperity interacted thermally with

the later through heat capacity and latent heat of vaporization (Figure 6.4c-e). Calculations

presented in Supplementary Figure 6.11 are in agreement with the experimental results while

fault permeabilities are higher than 10−17m2 for low fluid pressure. In the case of high fluid

pressure experiments, the cooling process should be enhanced by advection around the

contacts at the temperature of the liquid/supercritical transition for fault permeabilities

reaching 10−19m2.

Figure 6.11 – Heating regime of the interaction volume. Calculation of the ratio between
advection time (tad v ) and heat diffusion time (theat ) in the interaction volume shown in
Figure 6.3b. a. Calculations of the ratio tad v

theat
as a function of temperature for different fault

permeabilities (k) considering the isobaric evolution with temperature of η,λ,ρw , andcpw

at 1 MPa fluid pressure (reference NIST). b. Similar calculations but this time considering
isobaric evolution of the parameters at the experimental pressure of 25 MPa. The heating
process is purely diffusive in the low pressure case (1 MPa pore fluid pressure) for fault
permeabilities lower than 10−17 m2 in the whole temperature range. At high fluid pressure (25
MPa); the process is purely diffusive for permeabilities lower than 10−18 m2 but the cooling
process should be enhanced by advection around the contacts at the temperature of the
liquid-supercritical transition for fault permeabilities reaching 10−18 m2.
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Finally, using the stated parameters and considerations, a heat balance per unit area at the

asperity where the heat stored in the asperity (Vasp .ρ.cp .T f l ash) equals the heat produc-

tion at the asperity (τc .v.tc .Aasp ) minus the heat buffer due to the interacting water volume

(Vw .ρw .
(
cpw ∗T +Lw

)
yields:

Vasp .ρ.cp .T f l ash = τc .v.tc .Ac −Vw .ρw .cpw ∗T +Lw (6.5)

where, Vasp = Aasp .
p
κ.π.tc is the heated solid volume, and Aasp =π∗ r 2 is the heated area of

the asperity. Therefore, we computed the flash temperature rise at the contacts at equilibrium

following:

T f l ash =
(

1

ρ.cp .
p
κ.π

)(
τc .v.

√
tc − Vw .ρw (P,T )

tc .π.r 2

(
T.cpw (P,T )+Lw (P,T )

)
.
√

tc

)
(6.6)

Where water density (ρw ), specific heat (cpw ) and latent heat (Lw ) evolved with pressure and

temperature through the thermophysical evolution interpolated from data of NIST, shown in

Figure 6.4c-e. κth is the rock’s thermal diffusivity. Parameter values are given in table E2.

This idealized model accounted for temperature buffering from asperities by the fluid volume

in purely diffusive interaction with it. Table E2 presents the values used for calculations that

resulted in the flash temperatures of Figure 6.4a.

The following limitations are noticeable: First, this idealized model, does not account for

reduction of normal stress due to thermal pressurization of fluid. Instead, we imposed a con-

stant normal stress with increasing slip in order to observe the theoretical flash temperature

reached at the asperities. In our experimental conditions, since the laboratory earthquakes

nucleated and arrested spontaneously, we expect slip rates to increase during the dynamic

stress drop (from τ0to τmi n), accommodating most of the event slip. Then, a deceleration of

the slipping zone is expected to occur during the healing phase (from τmi n to τ f ) and so a

very fast reduction of shear heating is expected until temperatures slightly higher than room

temperature. Our model accounted only for the first phase, where the fault slips at constant

slip rate. During the rupture arrest phase, the reversibility of the vaporization process should

account for fast cooling of the melted asperities and significant reduction of the pressurized

volume with an increase in normal stress, arresting fault weakening and increasing fault’s

strength. Second, further considerations of permeability, porosity, and other properties of

the rock during mechanical changes induced by seismic slip and the rupture passage are

not considered in our calculations (Noda, 2008). Nevertheless, combining the mechanical

results recorded dynamically during earthquake rupture, the observed microstructures and

our idealized models bring major insights to the interaction between fault fluids and the

weakening mechanisms activated thermally during seismic slip.

Note that here, vaporization of fault water is reflected in the jump in latent heat which acts
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as a heat barrier (Figure 6.4e), therefore, the notion of kinetics of this phase transition is not

taken into account in this model.

182



6.4. Supplementary material

Figure 6.12 – Flash temperature computation for other asperity sizes. a., b., .c., d., e. cor-
respond to 2 µm asperities and f., g., h., i. , j. correspond to 200 µm asperities. The graphs
for 20 µm asperities are shown in Figure 6.4 in the main text. Red curves correspond to dry
conditions (p f =0 MPa), blue to low fluid pressure (p f =1 MPa) and black to high fluid pres-
sure (full trace corresponds to p f =25 MPa and dotted traces to 45 and 70 MPa). a., f. Flash
temperature versus slip for different slip velocities. (v= 0.01, 0.1, 1 m.s−1). b., g. Schematic
top view of the considered contact geometry. c., h. Temperature versus water density (NIST)
each curve corresponds to the labelled pore pressure in MPa. d., i. Temperature versus water’s
specific heat (reference NIST ) each curve corresponds to the labelled pore pressure in MPa. e.,
j. Temperature versus water’s latent heat each curve corresponds to the labelled pore pressure
in MPa. 183
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6.4.6 Bulk fault temperature model

We considered a one dimensional macroscopic fault critically stressed at an initial normal

stress (σ′
N ) with a friction coefficient of 0.7 (Byerlee, 1978). The fault is sheared at a constant

shearing rate v over a thin slip zone of thickness w sz (Rice, 2006; Chen et al., 2017b) where

the temperature, and fluid pressure increase with shear displacement. Note that, in the

manuscript, the results presented are for a shear zone thickness of 5 µm. For a finite amount of

frictional slip (δ), the generated heat (q = τ. v
w sz
2 ) induces a temperature rise T in the slip zone

and then diffuse into the surrounding rock wall. If the bulk fault shear heating phenomenon is

drained, we will assume that the fluid pressure in the fault is equal to the initial imposed pore

pressure. Conversely, if the conditions are undrained, the generated heat will induce a pore

pressure rise (∆p f ). Therefore, the thermophysical properties of fault water (ρw ,cpw , their

derivatives, and η) evolve with pressure and temperature (NIST). In this model, no chemical

reactions are investigated.

In order to quantify the water volume in the fault, a given fault porosity ϕ is imposed and

so, the specific mass capacity of the bulk fault is a function of porosity such that (Chen et al.,

2017b):

ρb .cb = (
1−ϕ)

.
(
ρ.cp

)+ϕ.
(
ρw .cpw

)
(6.7)

In this model, we considered the energy and fluid mass conservation equations (in a similar

manner as that of Chen et al. (2017b) for the energy and fluid mass conservation in the

presence of fluids such that:

∂T

∂t
= 1

ρb .cb
.µ0.

(
σN −p f

)
.

v

w sz
+αth .

∂2T

∂y2 (6.8)

And,
∂p f

∂t
= λ f −λn

β f −βn
.
∂T

∂t
+αhy .

∂2p f

∂y2 (6.9)

Whereαth = lw .
(
ρw .cpw

)−1 is the thermal diffusivity of the fluid, and lw is the thermal conduc-

tivity of the fluid. λ f and λn are respectively the isobaric thermal expansion coefficients of the

fluid volume and of the solid pore space. β f andβn are respectively the compressibilities of the

fluid volume and the solid pore space. And finally, αhy = k.
(
η.β

)−1 is the hydraulic diffusivity

of the fault, with k the fault’s permeability, η the fluid’s viscosity and β the compressibility of

the fluid volume.

Note that, as discussed by Chen et al.(2017b), the latent heat (here Lw ) being constant for

pressures lower than that of the supercritical phase transition, it vanishes when deriving the

energy conservation equation since
∂(ρw .hw )

∂T = ∂(ρw .cw .T+Lw )
∂T = ρw .cw . With hw the water’s

enthalpy.
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In addition, this model does not consider the kinetics of the vaporization transition but rather

an instantaneous phase change when temperature is high enough to overcome this transition.

We solve equations 6.7- 6.9 by an explicit finite difference method. On the spatial boundaries,

we impose a no-flow condition. The spatial size of the fault and space step (following y axis)

is taken such that pressures and temperatures have reached a constant value far from the

boundaries at final time.

When fault slip is a purely drained phenomenon, pore fluid pressure is constant in time on

the fault during slip. In this case, our model accounts for the temperature rise at a shear

stress across the fault taken equal to the shear strength reached in our experiments (τ0 =70

MPa). Then, the main assumption is that the shear stress follows the effective stress law such

that: τ= µ0.
(
σN −p f

)
, therefore if the deformation is drained, the stress remains constant.

This constant shear stress assumption is not fully realistic but it gives an upper bound to the

temperatures reached during fault slip. The results of this model are presented in Figure 6.5a.

When shear heating due to fault slip is a purely undrained-adiabatic phenomenon, pore fluid

pressure evolves with time in the fault during slip, and so, the thermophysical properties of

pore fluid evolve with rising temperature and pressure. In this case, the shear stress along the

fault once again follows the effective stress law described before. Therefore, any increase in

pore fluid pressure induces a reduction in effective stress. This case gives us a lower bound

for the reached temperature rise if thermal pressurization is the only weakening mechanism

activated during slip. The results of this model are presented in Figure 6.5b-c.

6.4.7 Methods: Extrapolation to upper crustal depths

In order to extrapolate the model to upper crustal depths, we substituted the experimental

stress used in the heat source term of equation 6.8 for a mean stress taken as the lithostatic

overburden gradient of 27 MPa.km−1 with a fluid pressure gradient of 10 MPa.km−1, an initial

friction of 0.7, and a geothermal gradient of 30 ◦C.km−1 (Lachenbruch, 1970). The results of

this extrapolation are presented in Figure 6.6 and commented further in the text.

The following limitations are noticeable: The kinetics of the vaporization reaction are not

considered in this model. For details on some attempts to constrain such kinetics refer to Chen

et al. (2017b). Instead, we have considered that the vaporization reaction is instantaneous

and that the latent heat acts as a heat barrier. In the case of the supercritical transition, the

terms concerning the kinetics of the reaction vanish (Chen et al., 2017b; Urata et al., 2015). In

addition, all heterogeneities that exist in fault zones (in terms of, thermal, mechanical, and

hydraulic properties normal and parallel to the fault plane) are neglected in this model.
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6.4.8 Thermophysical properties of water

Figure 6.13 – Thermophysical properties of water function of pressure and temperature.
All values are extracted from NIST a. Water’s density. b. Water’s specific heat. c. Water’s
viscosity. d. Water’s enthalpy.
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7 Conclusions and perspectives for
future work

7.1 Summary and main findings of the study

This thesis aimed at investigating two-way couplings between mechanical deformation and

hydraulic transport in Enhanced Geothermal Systems, mainly through a laboratory approach.

The two major issues that EGS development faces today are i) understanding and predicting

the fluid flow that can be used for heat extraction from the reservoir. And ii) understanding

and mitigating injection induced seismicity during the stimulation phase. Therefore, the

thesis was naturally divided in two main parts. The first one (Chapters 3 and 4) approached

the influence of mechanical deformation on the hydraulic transport properties of i) transverse

isotropic rocks (Chapter 3), and ii) fractures with customized surface roughness (Chapter 4).

The second part was aimed at understanding the effects of fluid pressures on the earthquake

cycle (Chapters 5 and 6). The influence of fluids on earthquake nucleation was studied in

Chapter 5 and on earthquake propagation in Chapter 6. The major results from this study are

the following:

7.1.1 Effect of mechanical deformation on hydraulic transport in EGS

EGS reservoir host rocks are usually anisotropic in the case of central Europe. In Chapter 3, we

conducted rock deformation experiments on transverse isotropic, homogeneous Cresciano

Gneiss under geo-energy reservoir conditions (σ′
3= 25-40 MPa). During the experiments, we

monitored stress-strain evolution, porosity changes, and acoustic emissions. In addition,

permeability and P-wave velocity surveys were performed during isostatic loading, as well as

prior and after deformation. The experimental observations were coupled with anisotropic

micro-mechanical models and showed the following:

1. The mechanical properties of transverse isotropic gneiss (onset of dilatancy, peak

strength, and residual failure envelope) have maxima at 0 and 90◦ and minima at ∼30◦

foliation orientation with respect to the major principal stress. These properties can

be understood through anisotropic wing crack models. The porosity increase during
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stress-induced damage is highly dependent on foliation orientation and is largest at 45◦

towards the major principal stress, with minima at 30 and 60◦. This behaviour is due

to large volumetric changes associated with tensile opening of anisotropic wing cracks

and can thus be predicted by micro-mechanical models. The total number of Acoustic

Emissions during deformation also depends on foliation orientation, being minimum

at 45◦. This observation is compatible with the majority of damage generated in tensile

mode (rather than shear modes) by the propagation of anisotropic wing cracks at this

angle.

2. Apparent permeability is the largest when the foliation is parallel to fluid flow and pro-

gressively decreases with increasing angle of foliation to fluid flow. Permeability changes

in fractured rock cannot be estimated through the permeability tensor relying solely on

measurements parallel and perpendicular to the main foliation. In fact, permeability

is highly dependent on i) the orientation of the fracture with respect to fluid flow, ii)

the fracture structure (e.g “en-echelon” structures are more permeable), and iii) on the

stress acting on the fractures. P-wave velocity is largest when the foliation is parallel

to the wave propagation direction and progressively decreases with increasing angle

of foliation. Changes in P-wave velocity (e.g. increase, due to differential stress, and

decrease due to fracturing) are of similar magnitude at all foliation angles.

In Chapter 4 of the thesis, we studied fractured reservoirs. We show that the main discontinu-

ities have a strong control on fluid flow for heat extraction. We developed a novel experimental

technique to customize the surface roughness of Carrara marble fractures. We performed

experiments aimed to study hydraulic transmissivity under normal and shear loading condi-

tions (reversible and irreversible deformation). The experimental results were coupled with a

numerical (open-source) procedure that simulates normal contact between rough surfaces

and then the fluid flow through the fracture plane. Transmissivity results on single fractures

with customized roughness revealed the following:

1. Under normal loading, the macroscopic geometry has a strong influence on the frac-

ture’s transmissivity decay. Surfaces with grooves sub-orthogonal to fluid flow are more

sensitive to the application of normal stress than samples with grooves sub-parallel

to fluid flow and with no grooves, in that order. A parametric analysis of the validated

numerical procedure on samples with grooves orthogonal to fluid flow showed that

changes in the Hurst exponent and in the roll-off wavevector alone have little influence

on transmissivity. On the other hand, the standard deviation of heights and the macro-

scopic wavelength have a strong influence on transmissivity. Transmissivity showed a

strong non-monotonic dependence on these two parameters.

2. Under shear loading, it is seen that the influence of reversible shear load on fault’s

transmissivity is almost negligible and that its magnitude depends on the fault’s geom-

etry. The effect of irreversible shear displacement on transmissivity was studied with
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support on the numerical procedure. It was found that increasing shear displacement

(until 1 mm) generally decreased fracture transmissivity with slight variations at each

displacement step (of 0.1 mm). In that case, the transmissivity could be roughly pre-

dicted by changing the model geometry at low normal stress. On the contrary, at high

normal stress, wear effects become important during shear, impeding prediction of

transmissivity changes with ongoing displacement.

From this study, we observed that the main controls on fluid flow through rough fractures

are the surface geometry and the stress applied on the fracture (normal to the fracture plane).

Regarding surface geometry, we observed that the imbrication of the main wavelengths,

the hRMS , and magnitude of the macroscopic wavelengths had a much larger influence on

fluid flow than the Hurst exponent and the roll-off wave-vector of the power spectral density

of heights. We observed that the application of normal stress significantly reduced fluid

transport capacity compared to the application of shear stress. Finally, small irreversible shear

displacements (< 1mm) did not increase the fluid transport capacity of the rough fractures.

7.1.2 Effect of fluids on mechanical deformation across the earthquake cycle: the
case of induced seismicity

Induced seismicity is one of the major problems that Enhanced Geothermal Systems face

today. In this work, we performed experiments designed to study the role of fluids on fault

deformation across the earthquake cycle. The experiments were aimed to understand fun-

damental physics driving induced earthquakes. The approach of this second part slightly

differed from the actual injection-induced seismicity mechanism. In our studies, fluid pres-

sure was kept constant and the laboratory earthquakes were generated by simulating tectonic

loading rather than by injecting fluids. Nevertheless, this simplification unravelled that our

understanding of earthquakes under simple mechanisms are far from being complete.

The stick-slip experiments (laboratory earthquakes) were performed on isotropic Westerly

Granite, 30◦ saw-cut cylinders. By deploying state-of-the-art instrumentation on the samples,

we were able to monitor i) the precursory slip and seismicity during earthquake nucleation,

and ii) the near-fault stress evolution during dynamic fault weakening. The main findings are:

During earthquake nucleation (Chapter 5), the temporal evolution of slip and seismicity

preceding the mainshock can strongly depend on fault’s fluid pressures and slip history. Yet,

under all experimental conditions (fluid and confining pressures), the precursory moment

release scales with the magnitude of the mainshock. This observation is predicted by a semi-

empirical scaling relationship. This relationship in turn relies on fundamental earthquake

scaling laws and the empirical scaling between earthquake’s effective fracture energy and co-

seismic slip. The scaling relationship is in good agreement with existing observations of natural

earthquakes of Mw 6 to Mw 9. Our study highlights that, independent of initial conditions

(fluid pressure, slip history, fault coupling), the larger the precursory moment released, the
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larger the magnitude of the mainshock whether it is released seismically, aseismically or by

a combination of both. Therefore, if an earthquake shows a nucleation phase (exponential

acceleration of slip), such a phase should be larger for a larger earthquake.

During earthquake propagation (Chapter 6), the fluid pressure plays a strong role in the

mechanical evolution of faults aside from the effective stress law. During spontaneous, high-

speed frictional sliding, it is shown that the fluid pressure has a strong control on the thermal

evolution of the heated asperity contacts. By coupling the laboratory observations with

microstructural analyses and with analytical and numerical models of weakening mechanisms,

we show that their effect is as follows:

1. At low pressures, fluids can vaporize and allow for melting of the contacts (flash heating)

which in turn leads to large magnitude earthquakes because resistance to shear disap-

pears. In that case, an additional (smaller) weakening due to thermal pressurization is

observed.

2. At relatively large fluid pressures, as shear heating increases, water can act as an efficient

thermal energy buffer to the heated contacts. Close to the liquid-supercritical transition,

this effect is so strong that melting of the contacts is impeded, leading to smaller magni-

tude earthquakes with little dynamic weakening, mostly due to thermal pressurization

of pore fluid.

7.1.3 Implications for EGS

We expect that careful applications of these studies open the path for safer, better controlled

hydraulic stimulation procedures in EGS as follows:

The first part of this thesis can allow better estimations of the fluid flow properties of a fractured

reservoir. Indeed, by taking into account the interactions between the injection direction,

the stress field, and the orientation of the anisotropy, numerical models could improve the

predictions of fluid transport and mechanical response of the reservoir. On the other hand, by

accounting for fracture transmissivity changes as response to i) effective normal load changes

(e.g. transmissivity increase during fluid injections) and ii) shear stress and shear displacement

(e.g. close to constant transmissivity at small displacements), hydraulic stimulation techniques

should be re-evaluated. Indeed, while hydro-shearing stimulations rely on fault reactivation, it

is not often desired to generate large displacements due to induced seismicity risks. Therefore,

the best strategy should be to reduce the overall effective stress on the fractures or to treat

them by porosity unclogging.

The second part of this thesis has shed light on important mechanisms that can operate when

seismicity is induced. Very first order extrapolation of our results to EGS stimulation and

operation can be as follows:

190



7.2. Perspectives for future work

In the light of our results on earthquake nucleation, when faults are reactivated, monitoring

their displacement in real-time (through GPS, InSar, or through repeater analysis as examples)

could bring information on an impending earthquake. If the displacement accelerates expo-

nentially, it is expected that an earthquake is nucleating, and early warning signals could be

activated. Second, by also monitoring in real-time the size of the slipping area, it should (if

the proposed scaling law is valid) be possible to give a first order estimation of the impending

earthquake’s magnitude. As an example, if the precursory moment release in real-time is of

1011 N.m, one expects that an earthquake of Mw 2.6 to Mw 4.4 (depending on the earthquake’s

stress drop) is nucleating. In this analysis, much care should be taken in the estimation of the

total precursory moment release. With respect to the results on earthquake propagation, it is

shown that, close to the liquid-supercritical transition, water acts as an extremely efficient

heat buffer to the fault’s asperity contacts. Therefore, if the reservoir’s fluid pressure can

somehow be maintained close to 22 MPa, the magnitude of the induced events should be

limited because dynamic weakening due to flash heating can be hindered. On the other hand,

if fluid pressures become too low (due to fluid extraction or some other mechanism), it is

possible that faults generate large magnitude earthquakes (limited by the fault size) enabled by

the operation of dynamic weakening mechanisms. We note that the fault’s hydraulic transport

properties play a strong role on these processes thus the coupling between parts I and II

is in closed loop. The effects of fluid pressure on thermal interactions with rock cannot be

neglected as has been the case through the use of the effective pressure concept until now.

7.2 Perspectives for future work

This work tackled several aspects of the extremely complex two-way coupling operating

during EGS stimulation. Nevertheless, during this work, much more questions were asked

than answered. These questions open the path for exciting future research. To ‘take a look

down the rabbit-hole’, some of these questions are summarized in the following section.

7.2.1 Fault reactivation and the earthquake cycle in foliated, anisotropic rock

Experiments in underground research laboratories (Amann et al., 2018; Wenning et al., 2018)

have shown that EGS reservoir host rock is often anisotropic. We have shown that both the

mechanics and fluid transport in anisotropic rocks are dominated by i) foliation orientation

with respect to the stress field and fluid flow directions and ii) by macroscopic fractures. It is

therefore of interest to examine in detail how the rock texture in pre-existing faults influences

i) fault reactivation (Jackson and Dunn, 1974; LaFountain and Dunn, 1974) ii) fault stability iii)

earthquake nucleation and iv) earthquake propagation. Not much work has been reported on

this topic since the pioneer experiments of Jackson and Dunn (1974), and LaFountain and

Dunn (1974). There, the authors performed fault reactivation experiments on schistose rocks

with different saw-cut-to-foliation (STF) orientation angles. They observed a dependence

of the static friction coefficient on the STF angle. In addition, they observed that at high
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shear stresses, some weak layers were reactivated prior to the macroscopic fault. Nevertheless,

not much more work has been performed on the topic. Since the 70’s, our understanding of

the earthquake mechanism has greatly improved (Scholz, 2019) thus it would be of interest

to perform similar studies as those of Chapters 5 and 6 but in foliated rocks. That way, we

could shed light on the preferential fault formation with respect to reactivation of existing

ones. With the knowledge of earthquake nucleation and propagation acquired in the last three

decades (Marone, 1998; Scholz, 1998), it would today be possible to study the stability of fault

reactivation through these two mechanisms, as well as possible lubrication mechanisms that

operate in foliated rocks. Some preliminary experiments on this topic have been conducted

during this thesis and will be the focus of further research.

Furthermore, the permeability of textured rocks is strongly dependent on the foliation angle

with respect to the principal stress and flow direction. Fault reactivation due to fluid injections

(or overpressures) is directly related to the injection rate and the local distribution of effective

stress on a fault (Passelègue et al., 2018; Leclère et al., 2013; 2015). Thus, different injection

strategies with respect to the principal foliation orientation should lead to widely different

fault responses (locked vs. unlocked and seismic vs. aseismic) in foliated rock bulk with

presence of an oriented fracture. Moreover, the matrix permeability of Cresciano Gneiss

is much larger than that of isotropic crystalline rocks (Westerly and LaPeyratte granites as

examples), thus it makes it a perfect candidate to study mixed matrix-fracture flow during

injections in Enhanced Geothermal Systems.

7.2.2 The use of customized fault roughness to study rock and earthquake me-
chanics

The novel experimental technique, where customized fault roughness is imposed on hard-

rocks opens a very large field of research where the focus is the fracture and fault’s geometry.

Indeed, recent observations and models have shown that the fault’s surface geometry (and

the applied stress) could play a major role on i) earthquake nucleation (Fang and Dunham,

2013; Tal et al., 2018) ii) earthquake propagation and the seismic source (Harris and Day, 1999;

Tal et al., 2020) iii) earthquake rupture arrest (Avouac et al., 2015; Ando and Kaneko, 2018); iv)

temporal seismicity patterns (Okubo and Aki, 1987; Kaneko et al., 2010 ); and v) fluid transport

in faults (Watanabe et al., 2009).

With respect to the hydraulic transport properties of wavy-rough fractures, there is still much

work to do. Indeed, it is possible that a scaling law exists between a geometrical parameter

(combining macroscopic wavelength and RMS roughness) and the fracture’s normal stiffness.

Then, because a scaling property exists between the fracture’s normal stiffness and fluid flow

(Pyrak-Nolte and Nolte, 2016), it should be possible to directly relate the fracture’s surface

geometry, the normal stress applied, and the fluid flow through the fracture (e.g. its trans-

missivity). Another exciting field of research is the comparison between experiments under

normal and shear loading and more refined models that include a both normal and shear
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deformation components, as well as frictional wear components (Aghababaei et al., 2016;

Milanese et al., 2019; Molinari et al., 2018; Frérot et al., 2019). Such models should bring

us one step closer to predicting permeability changes due to hydraulic stimulations in deep

reservoirs.

Another exciting use of this novel experimental technique is to investigate how Rate-and-State

Friction parameters are controlled by the fault’s geometry. In recent years, many authors

have tried to give some physical meaning to RSF parameters a, b, θ, and δc (Ikari et al., 2016;

Van den Ende et al., 2018; Chen, Niemeijer and Spiers, 2017; Aharonov and Scholz, 2018 ;

Perfettini and Molinari, 2017; Molinari and Perfettini, 2017; Li and Rubin, 2017; Molinari and

Perfettini, 2019; Barbot, 2019). Nevertheless, no consensus has been reached mainly due to a

lack of experimental evidence of the physics behind RSF. By controlling the fault’s geometry

(in particular the macroscopic wavelengths and their amplitude), it should be possible to

examine the exact ways in which a, b and δc are related to the asperity contacts and their

dependence on time, stress, fluid pressure, temperature, etc.... The ultimate goal being to

determine the fault’s stability dependence on surface and contact geometry.

Furthermore, this technique should allow studying the dependence of dynamic rupture

processes on fault geometry. By performing similar stick-slip experiments as those of Chapters

5 and 6, on faults with customized surface roughness, it should be possible to explore how the

fault geometry affects

1. the earthquake nucleation phase (evolution of slip and seismicity prior to the main-

shock), and the dependence of the scaling law proposed in Chapter 5 on geometrical

parameters.

2. the source parameters of the mainshock ruptures (rupture velocity (Passelègue et al.,

2013); spectral content (Marty et al., 2019); stress drop; magnitude) as function of the

main wavelengths found in the sample, and of the height of the contacts.

3. The energy budget of the laboratory earthquakes (partition between radiated, fracture,

and frictional energy) with different surface geometries (Aubry et al., 2018).

7.2.3 Further work on laboratory earthquake nucleation and propagation

Regarding the earthquake nucleation process, time and technical limitations during this

thesis did not allow me to explore several aspects. First, it would be interesting to do similar

experiments as those of Chapter 5, with continuous waveform recording instead of triggered

AE records. Indeed, the fact that foreshocks were not recorded during earthquake nucleation

in presence of fluids could be due i) to attenuation of the seismic waves or ii) to the overall

absence of foreshocks. By recording continuously, the sensor array, it is possible to manually

explore the waveform looking for undetected events. In addition, it should be possible to apply

template matching techniques (Gardonio et al., 2018) to detect events that are similar to the
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mainshock but with much smaller amplitude. These types of events could give information on

i) the reasons for the absence of foreshocks in our experiments and ii) the partition between

aseismic and seismic slip during the nucleation phase (Uchida, 2019). Second, through the

use of use of coupled geodetic-seismological observations combined with field analysis and

modelling of fault deformation across the earthquake cycle, it should be possible to relate

the observations from the laboratory to nature (Kato et al., 2012, 2016; Ruiz et al., 2014, 2017,

Uchida, 2019). A first step has been taken in the last figure of Chapter 5 but further work is

needed to confirm how the theory applies to natural earthquakes and understand the space-

time constraints on the scaling law. Third, an interesting field of research would be to study the

nucleation of an earthquake under fluid injection conditions both in the laboratory and in-situ

(Guglielmi et al., 2015). Indeed, an earthquake nucleation phase could differ if the trigger

is due to tectonic origin; fluid injection (diffusion controlled); poroelastic stress transfer; or

aseismic slip trigger (Galis et al., 2017; 2019). This remains to be studied.

Regarding earthquake propagation, the fluid assisted weakening mechanisms (or the absence

of weakening) are strongly constrained by the fault’s hydraulic transport properties (as shown

in Chapter 6). It would be of interest to generate faults with different hydraulic transport

capacities to study the exact range where these fluid assisted weakening processes operate

(thermal pressurization and flash heating in presence of fluids). To do this, one can either

modify the in-plane transmissivity of the fault (by changing the fault’s surface geometry),

or one can modify fluid diffusion through the matrix (by thermally treating the sample at

different treatment temperatures for example). The results can be understood based on

parametric analyses of the developed models (thermal pressurization and flash heating, in

order to constrain the applicability of the mechanisms we highlighted.

Another interesting path is to study the energy buffer due to solid phase changes. Indeed, as

the contacts heat-up due to frictional sliding, their mechanical properties change due to the

phase transition from a solid-state to a melted-state (Lockner et al., 2017). This transition is

expected to buffer certain amounts of frictional heat which should be evaluated in the energy

budget (Nielsen et al., 2008; 2010). An approach that I started exploring but was inconclusive

is thermogravimetry analysis (TGA). It consists in heating rock samples while measuring the

evolution of its thermophysical properties. The idea was to include the evolution of solid ther-

mophysical properties on weakening mechanisms models. Nevertheless, the tools available

at the time did now allow reaching temperatures high enough for melting the rock samples

(powders). This project should be able to be undertaken by accessing more sophisticated

tools.

7.2.4 The effects of temperature on hydro-mechanical couplings in EGS

In deep geothermal reservoirs, the temperatures of the host rock can range from 150 to 300◦

C. Therefore, it is of outmost importance to study the three-way coupling between fluids

(hydraulic), solids (mechanical), and ambient temperature (thermal) by adding the latter into
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consideration. Indeed, it has been shown that high ambient temperatures and low strain rates

have strong effects on the evolution of the porous space during rock deformation (Violay et

al., 2015b; 2017) and the microstructures of failed samples (Evans et al., 1990). Without even

reaching such extreme conditions, at elevated ambient temperatures in faulted rocks, the

ambient temperature has been shown to affect i) fault stability and earthquake nucleation

(Stesky et al., 1974, Lockner et al., 1986; Blanpied et al., 1991; 1995) and also ii) dynamic

weakening mechanisms (Passelègue et al., 2014; Aharonov and Scholz, 2019).

During this thesis, one of the primary objectives was also the development of a high-pressure,

high-temperature tri-axial apparatus. The equipment is able to reproduce the deformation

conditions typical of geothermal reservoirs i.e. confining pressure up to 400 MPa, temperature

up to 700◦ C, pore pressure up to 300 MPa. In addition, the apparatus allows for unprecedented

instrument deployment with acoustic sensors on top and bottom of the column, and three

thermocouples located close to the sample. Unfortunately, due to technical issues with

the building company, the development of this apparatus was delayed and could not be

finished prior the end of this thesis. Nevertheless, we are today on the verge of achieving the

first experiments on saw-cut samples to study spontaneous laboratory earthquakes under

realistic EGS conditions. Some preliminary experiments were conducted in collaboration

with Geosciences Montpellier (Dr. Benoit Gibert) which allowed a preliminary inspection

of the behavior of laboratory experiments at high temperature and high fluid (water and

argon) pressure. These preliminary results are presented in Figure 7.1 and were the object

of a conference article (Acosta et al., 2020). It was observed that, in all experiments, samples

underwent an initial short crack-closure phase (up to <0.03 mm displacement) with increasing

differential stress. Then, an elastic loading phase followed where differential stress increased

linearly with increments of axial displacement. Then, the samples showed a precursory slip

phase (stable). This stable slip phase was in some cases associated with foreshock activity. After

the precursory slip phase, the samples reached the peak stresses ranging from ∼250 to 320 MPa

at 300◦C, and from ∼ 220 to 239 MPa at 500 ◦C. Then, the samples underwent a fast, audible

stress drop accompanied by fast slip on the preexisting fault. The stress drops were often total,

releasing all the stress stored in the fault during co-seismic propagation. Interestingly, at 300
◦C we observed that the measured co-seismic slip was again smallest in dry experiments (810

µm) compared to argon (910 µm) and water pressurized (1760 µm) experiments. At 500 ◦C,

the water pressurized experiment presented the largest of all co-seismic slips reaching (9545

µm).

Microstructural analysis on the samples showed that, all temperatures and under all fluid

pressure conditions, a pervasive presence of fine-grained gouge (0.2 to 10 µm) located on the

fault’s surfaces. At fault boundaries, Qz and KFp grains are highly fractured with fractures

oriented both perpendicular and subparallel to the slip direction (Fig 4B). The highly fractured

zone had different thicknesses for different experiments ranging from 10 to 200-300 µm in

all conditions. In addition, discontinuous patches (∼50*50 µm) of glassy material of different

thicknesses (∼4-6 µm thickness in dry conditions; ∼8-24 µm with Argon and 6-12 µm with
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water pressure) are found all along the slipped faults. This material is thought to be melted

material resulting from fast frictional slip (Lockner et al., 2017; Moore et al., 2016) that stuck to

the faults’ surfaces upon cooling after frictional slip arrested. We observed that the damage

zone and melt material thicknesses are larger in the presence of argon compared to dry

experiments and the smaller ones are found in water pressurized experiments.

Further work is needed to understand how fluids interact with rock deformation at high

temperature. It will be the subject of exciting experiments to be conducted at EPFL Lausanne

in the newly installed tri-axial HP-HT apparatus (Figure 7.2).

Figure 7.1 – Experimental results of high temperature deformation of saw-cut samples. a.
Mechanical results, differential stress vs. axial displacement for experiments performed at
100 MPa effective confinement (25 MPa fluid pressure for all but dry experiments). b-d.
Microstructures of the deformed samples, legend shows the experiment. In every image, SEM-
BE corresponds to Scanning electron microscope backscattered electron mode observation of
thin section. SEM-SE corresponds to Scanning electron microscope secondary electron mode
observation of the fault surfaces. OM-CP corresponds to cross polarized optical microscope
observation of thin section and OM-NL to direct light observation of thin section. Modified
from Acosta, Gibert and Violay (2020).
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Figure 7.2 – High-Pressure, High-Temperature TriAxial appaRatus for GEothermal energy
(TARGET). Diagram of the internally heated pressure vessel and the experimental assembly.
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Project
Depth

(m)

Flow Rate

(l/s)

Downhole

tempa(◦C)
Seismicityb Lithologyc Stimulation methodd Reference

Name Min Max Min Max Min Max Micro/Max M S1 S2 S3

Genesys Hannover 3900 7 160 IS Mw1.8 SS HF R Zimmermann et al., 2009

Groß Schönebeck 4309 20 145 Micro IS SS AND HV F TH CH Zimmermann et al., 2009

MauerStetten 4545 24 130 ? LS H CH Breede et al., 2013

St Gallen 4450 5.9 12 130 145 IS Mw2.5 M LS H CH Breede et al., 2013

Newberry 3066 3 7 315 Micro IS VR HSH MS Breede et al., 2013

NorthWest Geysers 3396 9.7 400 IS Mw2.87 SS TH Garcia et al., 2012

Pralana 4003 6 171 IS Mw2.6 Msed GR H Breede et al., 2013

Bruchsal 1874 2542 28.5 123 Micro IS SS ? Breede et al., 2013

Landau 3170 3300 70 80 159 IS Mw2.7 GR H Breede et al., 2013

Insheim 3600 3800 65 85 165 IS Mw2.4 SS GR H Breede et al., 2013

Neustadt Glewe 2320 35 99 ? SS ? Breede et al., 2013

Unterhaching 3350 3580 150 123 ? LS CH Breede et al., 2013

Soultz 5093 30 165 IS Mw2.9 GR HF R CH Breede et al., 2013

Bouillante 1000 2500 150 250 260 Micro IS VR TF TH Bertini et al., 2006

Altheim 2165 2306 81.7 106 ? LS CH Breede et al., 2013

Larderello 2500 4000 100 300 350 IS MW3.0 MR CAR HSH TH Breede et al., 2013

Coso 2430 2956 300 IS Mw2.8 DIO GR HSH CH TH Julian et al., 2009

Desert Peak 1067 100 179 196 IS Mw1.7 VR MR HSH CH Breede et al., 2013

Berlín 2000 2380 20 183 IS Mw4.4 VR HF R CH Bommer et al., 2006

Cooper Basin 4421 30 242 278 IS Mw3.7 GR HF R Majer et al.2007

Hijori 1805 1910 17 190 Micro IS GDIO HF R Breede et al., 2013

Genesys Horstberg 3000 4000 10 20 115 NO SED HF R Breede et al., 2013

Rosemanowes 1700 2600 4 25 54.2 80 IS Mw3.1 GR HF R HV F Breede et al., 2013

Fenton Hill 3550 4150 10.6 18.5 180 235 Micro IS GR HF R Breede et al., 2013

Ogachi 719 1000 6.7 20 100 160 Micro IS GDIO HF R MS Kaieda et al., 2015

Bad Urach 3334 4445 25 30 147 170 Micro IS GN HF R Breede et al., 2013

Basel 4629 50 190 IS Mw3.4 GR HF R HSH Ladner and Haring, 2009

Continued on next page



Project
Depth

(m)

Flow Rate

(l/s)

Downhole

tempa(◦C)
Seismicityb Lithologyc Stimulation methodd Reference

Name Min Max Min Max Min Max Micro/Max M S1 S2 S3

Southeast Geysers 1341 5000 12.35 16.25 400 450 Risk of IS SS HF R MS Breede et al., 2013

Rittershoffen 1872 3196 9.7 14 165 179 IS Ml1.6 SS GR H CH Baujard et al., 2017

Los Humeros 1200 3500 5.5 250 300 SED MR-VR TH CH GN & IM 10 e

Sumikawa 1000 2670 8 20 116 ? AND DAC TH Kumari and Ranjit, 2019

a Estimated from different techniques.
b IS means induced seismicity with large magnitude events was recorded the maximum magnitude is described. Micro IS means only small magnitude

events appeared, no maximum magnitude is given.
c Primary and secondary lithologies are given. SS = SandStone; AND = Andesites; LS = LimeStone; M = Malm; VR = Volcanic Rock; Msed = Metasediments;

GR = Granite; TF = Tuffs; MR = Metamorphic Rock; CAR = Carbonates; DIO = Diorites; GDIO = GranoDiorite; SED = sediments; GN = Gneiss; DAC =

Dactic rocks.
d Primary and secondary stimulation techniques are given. H = Hydraulic; HV F = Hydraulic gel and proppant stimulations (Viscous Fluids); TH =

Thermal; CH = Chemical; HF R = Hydro-frack; HSH = Hydro-shear; MS = Multistage stimulation.
e Stands for Gutierrez-Negrin and Izquierdo Montalvo, 2010.

Table A.1 – Enhanced geothermal systems compilation.





B Tables: Mechanical and hydraulic
transport properties of transverse
isotropic Gneiss
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Tab
les:A

n
iso

tro
p

y
Imposed stress conditions Stress values Acoustic Emissions Porosity Change

Foliation
angle

Radial
Stress

Fluid
Pressure

Intact/
Failed

Onset
of dila-
tancy
C’

Yield
stress

Peak
Stress

Residual
Stress

AE # at
C’

AE # at
yield
stress

AE at
peak
stress

Porosity
at C’

Porosity
at yield
stress

Porosity
at peak
stress

◦ MPa MPa I/F MPa MPa MPa MPa # # # - - -

0 25 5 I 159.8 221.3 290.4 - 6 38 4206 −0.0009 −0.0003 0.0029
0 25 5 F - - - 144.4 - - - - - -
0 30 5 F - - - 161.4 - - - - - -
0 35 5 F - - - 175.6 - - - - - -
0 40 5 F - - - 191.6 - - - - - -
30 25 5 I 118.2 128.3 172.6 - 8 33 6393 −0.0014 −0.0011 0.0008
30 25 5 F - - - 76.01 - - - - - -
30 30 5 F - - - 86.31 - - - - - -
30 35 5 F - - - 95.91 - - - - - -
30 40 5 F - - - 106.2 - - - - - -
45 25 5 I 76.42 106.4 145.6 - 16 22 411 −0.0005 0.0003 0.0041
45 25 5 F - - - 79.61 - - - - - -
45 30 5 F - - - 86.09 - - - - - -
45 35 5 F - - - 93.85 - - - - - -
45 40 5 F - - - 101 - - - - - -
60 25 5 I 117.8 160.6 199.5 - 19 82 7921 −0.0012 −0.0007 0.0020
60 25 5 F - - - 106.5 - - - - - -
60 30 5 F - - - 121.9 - - - - - -
60 35 5 F - - - 133.4 - - - - - -
60 40 5 F - - - 146.3 - - - - - -
90 25 5 I 139.4 197.8 265 - 9 42 19330 −0.0010 −0.0004 0.0044
90 25 5 F - - - 116.4 - - - - - -
90 30 5 F - - - 131.7 - - - - - -
90 35 5 F - - - 142.9 - - - - - -
90 40 5 F - - - 154.5 - - - - - -
LPG 25 5 I 245.9 242.7 308.4 - 102 114 9873 −0.0004 −0.0004 0.0015
LPG 25 5 F - - - 120.7 - - - - - -
LPG 30 5 F - - - 117.5 - - - - - -
LPG 35 5 F - - - 126.9 - - - - - -
LPG 40 5 F - - - 138 - - - - - -

Table B.1 – Mechanical data – H-M coupling in anisotropic rocks.
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Foliation

angle

Axial

Stress

Radial

Stress

Fluid

Pressure

Effective

Radial

Stress

Intact/

Failed

Vp kapp

◦ MPa MPa MPa MPa I/F m/s m2

0 1 1 0 1 I 5464.20

0 5 5 0 5 I 5557.81

0 5 5 1 4 I 5569.92

0 10 10 1 9 I 5622.30

0 10 10 5 5 I 5587.46 2.49E-19

0 10 10 5 5 I 5591.54

0 15 15 5 10 I 5645.54 4.94E-19

0 15 15 5 10 I 5662.23

0 25 25 5 20 I 5760.21 3.12E-19

0 25 25 5 20 I 5762.38

0 165 25 5 20 F 5857.02 6.93E-18

0 167 25 5 20 F 5863.79

0 167 25 5 20 F 5872.84

30 1 1 0 1 I 5281.31

30 5 5 0 5 I 5420.71

30 5 5 1 4 I 5420.71

30 10 10 1 9 I 5505.80

30 10 10 5 5 I 5462.47 1.96E-19

30 10 10 5 5 I 5451.18

30 10 10 5 5 I 5446.67

30 15 15 5 10 I 5571.43 3.77E-19

30 25 25 5 20 I 5638.17 2.73E-19

30 25 25 5 20 I 5626.13

30 98 25 5 20 F 5771.55 2.69E-19

30 100 25 5 20 F 5771.55

30 103 25 5 20 F 5571.94

30 25 25 5 20 F 5533.18 4.94E-19

30 25 25 5 20 F 5537.87

30 25 25 5 20 F 5542.56

30 25 25 5 20 F 5549.62

45 5 5 0 5 I 5182.51

45 5 5 1 4 I 5220.55

45 5 5 1 4 I 5246.22

45 10 10 1 9 I 5339.20

45 10 10 1 9 I 5343.02

45 10 10 5 5 I 5323.97 1.08E-19

45 10 10 5 5 I 5318.28

Continued on next page
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Appendix B. Tables: Anisotropy

Foliation

angle

Axial

Stress

Radial

Stress

Fluid

Pressure

Effective

Radial

Stress

Intact/

Failed

Vp kapp

◦ MPa MPa MPa MPa I/F m/s m2

45 10 10 5 5 I 5316.38

45 15 15 5 10 I 5360.63 1.02E-19

45 15 15 5 10 I 5391.62

45 15 15 5 10 I 5387.73

45 20 20 5 15 I 5441.72 1.51E-19

45 20 20 5 15 I 5465.64

45 25 25 5 20 I 5494.81 5.17E-20

45 25 25 5 20 I 5517.16

45 25 25 5 20 I 5517.16

45 105 25 5 20 F 5657.48 6.55E-19

45 105 25 5 20 F 5659.65

45 100 25 5 20 F 5651.00

45 96 25 5 20 F 5653.16

45 25 25 5 20 F 5430.17 1.10E-18

45 25 25 5 20 F 5412.33

45 25 25 5 20 F 5412.33

60 1 1 0 1 I 5207.37

60 5 5 0 5 I 5289.11

60 5 5 1 4 I 5305.68

60 10 10 1 9 I 5342.43

60 10 10 5 5 I 5315.18 1.50E-19

60 10 10 5 5 I 5313.10

60 15 15 5 10 I 5344.91 3.13E-19

60 15 15 5 10 I 5383.15

60 20 20 5 15 I 5477.83 1.71E-19

60 25 25 5 20 I 5470.06 2.14E-19

60 25 25 5 20 I 5474.48

60 136 25 5 20 F 5665.29 7.04E-19

60 131 25 5 20 F 5658.11

60 131 25 5 20 F 5665.29

60 25 25 5 20 F 5373.77 3.06E-19

60 25 25 5 20 F 5378.07

60 25 25 5 20 F 5358.76

90 1 1 0 1 I 4910.32

90 5 5 0 5 I 5153.40

90 5 5 1 4 I 5151.66

90 5 5 1 4 I 5153.40

Continued on next page
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Foliation

angle

Axial

Stress

Radial

Stress

Fluid

Pressure

Effective

Radial

Stress

Intact/

Failed

Vp kapp

◦ MPa MPa MPa MPa I/F m/s m2

90 10 10 1 9 I 5225.15

90 10 10 1 9 I 5223.35

90 10 10 5 5 I 5217.98 5.77E-20

90 10 10 5 5 I 5219.77

90 10 10 5 5 I 5225.15

90 15 15 5 10 I 5256.14 4.99E-20

90 15 15 5 10 I 5279.86

90 15 15 5 10 I 5283.53

90 20 20 5 15 I 5332.59 4.99E-20

90 20 20 5 15 I 5349.47

90 20 20 5 15 I 5353.24

90 25 25 5 20 I 5373.06 3.60E-20

90 25 25 5 20 I 5403.63

90 139 25 5 20 F 5591.86 1.39E-19

90 142 25 5 20 F 5585.62

90 143 25 5 20 F 5593.95

90 144 25 5 20 F 5585.62

90 147 25 5 20 F 5606.48

90 25 25 5 20 F 5312.07 1.19E-19

90 25 25 5 20 F 5332.75

90 25 25 5 20 F 5317.69

LPG 1 1 0 1 I 5687.25

LPG 5 5 0 5 I 5710.83

LPG 5 5 1 4 I 5658.91

LPG 5 5 1 4 I 5667.15

LPG 10 10 1 9 I 5701.76

LPG 10 10 5 5 I 5683.01

LPG 10 10 5 5 I 5695.50 6.03E-20

LPG 15 15 5 10 I 5725.33

LPG 15 15 5 10 I 5735.89 1.17E-20

LPG 20 20 5 15 I 5758.22

LPG 20 20 5 15 I 5771.05

LPG 25 25 5 20 I 5776.44 1.31E-20

LPG 25 25 5 20 I 5791.51 1.30E-20

LPG 148 25 5 20 F 5701.88 8.86E-20

LPG 123 25 5 20 F 5620.45

LPG 25 25 5 20 F 5611.46

Continued on next page
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Appendix B. Tables: Anisotropy

Foliation

angle

Axial

Stress

Radial

Stress

Fluid

Pressure

Effective

Radial

Stress

Intact/

Failed

Vp kapp

◦ MPa MPa MPa MPa I/F m/s m2

LPG 25 25 5 20 F 5607.37 1.86E-20

Table B.2 – P-wave velocities and apparent permeability – H-M coupling in anisotropic rocks.
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C Tables: Hydraulic transport through
calcite bearing fractures with cus-
tomized roughness
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Experiment Sample Groovesa σ3 P f σ′
3 σN ss

b er r σN ss
c τss

b er r τss
c fss

b dss
d er r dss

e dend
f

type name MPa MPa MPa MPa MPa MPa MPa - mm mm mm

Permeability Intact X 23 3:3:15 8:3:20 X X X X X X X X

Normal loading MLO ⊥ 43 3:2:15 28:2:40 28:2:40 X X X X X X X

Normal loading MSO ⊥ 43 3:2:15 28:2:40 28:2:40 X X X X X X X

Normal loading M f no 43 3:2:15 28:2:40 28:2:40 X X X X X X X

Normal loading MLP ∥ 43 3:2:15 28:2:40 28:2:40 X X X X X X X

Shear loading MLO ⊥ 15 5 10 37.50 2.10 15.78 1.21 0.42 0.17 0.01 1.10

Shear loading MSO ⊥ 15 5 10 34.37 2.40 14.10 1.39 0.41 0.15 0.01 1.10

Shear loading M f no 15 5 10 34.04 1.89 13.89 1.09 0.41 0.15 0.01 1.10

Shear loading MLP ∥ 15 5 10 30.94 3.00 12.36 1.73 0.40 0.29 0.01 1.10

Shear loading MLO ⊥ 35 15 20 66.30 3.60 27.01 2.08 0.41 0.26 0.01 1.17

Shear loading MSO ⊥ 35 15 20 61.43 2.40 23.97 1.39 0.39 0.22 0.01 1.26

Shear loading M f no 35 15 20 58.71 2.25 22.02 1.30 0.54 0.38 0.01 1.09

Shear loading MLP ∥ 35 15 20 59.46 1.62 22.79 0.94 0.38 0.29 0.01 1.12

a parallel or orthogonal to fluid flow.
b at fault reactivation.
c estimated from the difference between maximum and minimum during shear sliding.
d initiation of "steady state" sliding.
e estimated error in the determination of "steady state" sliding.
f final axial displacement reached.

Table C.1 – Experimental results – Hydraulic transport through rock fractures.
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Sample Groovesa Deformed σ′
3 λb er rλc Ampd er r Ampc hr ms

e er r hr ms
f qr

g er r qr
h H i er r H j

name ∥,⊥,no MPa mm mm µm µm µm µm r ad .m−1 r ad .m−1 - -

MLO ⊥ intact 0 1.7 0.1 11 2 9 1 6963 1000 0.47 0.1

MSO ⊥ intact 0 0.9 0.1 11 2 8 1.5 6963 1000 0.6 0.04

M f no intact 0 0 0 0 0 4.5 1 10350 1000 0.44 0.2

MLP ∥ intact 0 1.7 0.1 11 2 7.5 1 6963 1000 0.59 0.09

MLO ⊥ sheared 10 1.7 0.1 15 5 8.4 0.5 7000 2000 0.21 0.15

MSO ⊥ sheared 10 0.9 0.1 15 5 5 0.2 6963 2000 0.45 0.16

M f no sheared 10 0 0 0 0 2.9 0.5 6963 2000 0.36 0.22

MLP ∥ sheared 10 0 0.1 17 5 6.5 0.5 8158 2000 0.46 0.19

MLO ⊥ sheared 20 1.7 0.1 15 5 5.1 0.3 6433 1600 0.24 0.11

MSO ⊥ sheared 20 0.9 0.1 15 5 5.7 0.2 7537 1600 0.45 0.12

M f no sheared 20 0 0 0 0 3.2 0.5 7537 1500 0.33 0.09

MLP ∥ sheared 20 2 0 35 10 10.3 1 8831 2100 0.29 0.21
a parallel or orthogonal to fluid flow
b determined by counting the number of wavelengths in a given area
c determined from the difference between the six prepared half-samples
d determined from the roughness profiles
e determined from the integral of radially averaged 2D-PSD and from the standard deviation of heights
f determined from the differences between intergral of radially averaged PSD and from the standard deviation of heights and the 6 half samples
g determined from the flat part of radially averaged PSD
h determined from the difference between the 6 prepared half samples
i determined from the self-similar part of radially averaged PSD
j determined from the difference between the 6 prepared half samples and from the maximum and minimum slope taken on a moving window of half an order of magnitude

Table C.2 – Experimental sample roughness parameters – Hydraulic transport through rock fractures.
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D Tables: Influence of fluids on earth-
quake nucleation

Table D.1 – Experimental data – Earthquake Nucleation.

Experiment σ3 p f σ′
3 E ys y stem upr ec ucos ∆σs ∆σd

Name MPa MPa MPa MPa µm µm MPa MPa

Name of the stick-slip
event

Confining
pressure

Fluid
pressure

Effective
confining
pressure

Sample +
apparatus
stiffness

Precursory
slip

Coseismic
slip

Static stress
drop

Dynamic
stress drop

WG0001 100 00 100 47000 20.3 224.8 34.42 54.75

WG0002 100 00 100 47000 20.7 242.3 39.40 61.31

WG0003 100 00 100 47000 23.4 243.7 40.09 61.08

WG0004 100 00 100 47000 19.4 236.0 39.31 59.31

WG0005 50 00 50 47000 09.4 72.4 6.37 16.88

WG0006 50 00 50 47000 07.1 44.1 3.49 17.97

WG0007 50 00 50 47000 06.4 68.8 6.01 16.57

WG0008 50 00 50 47000 09.4 86.4 8.17 20.73

WG0009 50 00 50 47000 10.4 73.3 6.55 14.99

WG0010 50 00 50 47000 12.6 88.9 10.47 24.24

WG0011 50 00 50 47000 11.9 69.7 7.05 13.73

WG0012 50 00 50 47000 11.1 108.0 12.12 24.53

WG0013 50 00 50 47000 17.8 147.0 15.58 29.15

WG0014 50 00 50 47000 16.7 133.0 15.76 27.97

WG0015 50 00 50 47000 17.0 158.0 19.32 33.68

WG0016 50 00 50 47000 14.0 144.0 17.77 30.74

WG0017 30 00 30 47000 06.8 46.2 3.42 9.23

WG0018 30 00 30 47000 05.4 47.2 3.42 8.43

WG0019 30 00 30 47000 06.1 48.0 3.46 8.99

WG0020 30 00 30 47000 06.3 51.0 3.79 11.04

WG0021 70 00 70 47000 19.4 208.5 19.51 42.94

WG0022 70 00 70 47000 18.8 230.2 22.25 43.14

WG0023 70 00 70 47000 20.6 223.2 22.31 44.39

WG0024 70 00 70 47000 22.0 236.0 23.44 45.55

WG0025 70 00 70 47000 19.0 221.0 22.89 43.92

WG0026 70 00 70 47000 23.0 214.0 22.99 42.47

WG0027 70 00 70 47000 23.0 217.0 22.29 41.43

WG0028 70 00 70 47000 19.0 216.0 22.12 39.98

Continued on next page
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Appendix D. Tables: Nucleation

Table D.1 – continued from previous page

Experiment σ3 p f σ′
3 E ys y stem upr ec ucos ∆σs ∆σd

Name MPa MPa MPa MPa µm µm MPa MPa

Name of the stick-slip
event

Confining
pressure

Fluid
pressure

Effective
confining
pressure

Sample +
apparatus
stiffness

Precursory
slip

Coseismic
slip

Static stress
drop

Dynamic
stress drop

WG0029 70 00 70 47000 18.0 195.0 21.12 38.93

WG0030 70 00 70 47000 23.0 201.0 24.51 38.47

WG0031 40 00 40 47000 11.6 105.3 6.95 18.71

WG0032 40 00 40 47000 11.1 97.7 8.30 21.57

WG0033 40 00 40 47000 10.1 96.8 9.68 24.50

WG0034 40 00 40 47000 08.8 93.0 10.36 24.59

WG0035 40 00 40 47000 10.7 114.1 11.84 26.08

WG0036 40 00 40 47000 12.3 146.5 11.92 26.14

WG0037 40 00 40 47000 16.1 152.9 13.79 27.60

WG0038 40 00 40 47000 12.5 136 13.42 26.64

WG0039 20 00 20 47000 02.2 27.1 1.24 3.02

WG0040 20 00 20 47000 02.2 27.8 1.26 3.56

WG0041 20 00 20 47000 03.4 31.0 1.34 4.09

WG0042 20 00 20 47000 02.8 33.4 1.57 4.49

WG0043 20 00 20 47000 03.0 35.9 1.61 4.63

WG0044 20 00 20 47000 05.0 36.4 1.69 4.66

WG0045 20 00 20 47000 04.2 30.2 1.71 4.59

WG0046 20 00 20 47000 03.2 35.5 1.85 5.12

WG0047 20 00 20 47000 02.5 38.3 1.93 5.50

WG0048 20 00 20 47000 04.2 43.2 2.03 5.47

WG0049 20 00 20 47000 03.6 43.3 2.19 5.58

WG0050 20 00 20 47000 03.1 44.9 2.31 6.07

WG5401 95 25 70 66500 02.8 28.9 3.53 14.38

WG5402 95 25 70 72500 03.0 29.2 4.23 16.79

WG5403 95 25 70 70500 05.7 30.1 3.76 14.71

WG5404 95 25 70 70500 01.7 38.6 5.42 17.04

WG5405 95 25 70 68500 02.7 38.5 6.71 18.51

WG5406 95 25 70 68500 04.6 42.6 4.68 19.59

WG5407 95 25 70 68500 04.6 41.7 6.71 20.52

WG5408 95 25 70 68000 03.7 30.8 5.78 18.01

WG5409 95 25 70 68000 00.5 33.2 3.66 20.63

WG5410 95 25 70 68000 01.8 49.0 7.55 24.68

WG5411 95 25 70 68000 08.7 57.9 8.67 22.92

WG5412 95 25 70 72500 01.0 54.4 5.45 27.40

WG5413 95 25 70 64500 03.1 79.4 13.53 34.04

WG5414 95 25 70 64500 08.6 95.5 9.87 38.27

WG5415 95 25 70 66500 18.5 99.6 15.13 41.50

WG5416 95 25 70 66500 15.8 105.1 18.60 38.81

WG5501 95 01 94 80000 22.5 137.3 30.60 73.52

WG5502 95 01 94 77000 16.0 150.3 34.25 85.67

WG5503 95 01 94 74000 17.7 189.7 39.92 87.68

WG5504 95 01 94 66000 15.0 248.6 48.86 95.81

WG5505 95 01 94 64000 20.5 305.4 70.45 103.48

WG5506 95 01 94 60000 13.7 320.9 48.10 98.09

Continued on next page
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Table D.1 – continued from previous page

Experiment σ3 p f σ′
3 E ys y stem upr ec ucos ∆σs ∆σd

Name MPa MPa MPa MPa µm µm MPa MPa

Name of the stick-slip
event

Confining
pressure

Fluid
pressure

Effective
confining
pressure

Sample +
apparatus
stiffness

Precursory
slip

Coseismic
slip

Static stress
drop

Dynamic
stress drop

WG5507 95 01 94 58000 7.4 268.2 42.56 94.62

WG5508 95 01 94 56000 28.7 317.8 54.41 92.98

WG5509 95 01 94 56000 37.3 297.9 45.73 83.84

WG10101 95 25 70 40000 02.5 15.8 2.32 14.34

WG10102 95 25 70 37000 02.9 18.4 3.16 16.51

WG10103 95 25 70 40000 04.1 20.3 3.58 17.95

WG10104 95 25 70 41000 04.4 20.8 4.06 18.73

WG10105 95 25 70 41000 05.9 21.2 4.58 19.09

WG10106 95 25 70 37000 03.6 25.8 4.65 17.06

WG10107 95 25 70 40000 04.6 26.7 4.95 16.90

WG10108 95 25 70 40000 03.1 27.2 5.06 19.36

WG10109 95 25 70 40000 07.2 26.3 5.26 19.19

WG10110 95 25 70 40000 04.0 30.7 5.46 23.22

WG10111 95 25 70 38000 02.5 33.1 5.64 19.13

WG10112 95 25 70 40000 05.9 29.7 5.74 22.96

WG10113 95 25 70 40000 05.4 32.4 5.67 24.24

WG10114 95 25 70 40000 02.3 35.9 4.98 20.21

WG10115 95 25 70 40000 04.1 35.2 6.96 20.37

WG10116 95 25 70 40000 04.0 36.8 6.09 21.68

WG10117 95 25 70 40000 03.3 40.9 5.29 27.22

WG10118 95 25 70 41000 02.9 43.1 7.30 22.43

WG10119 95 25 70 43000 05.6 40.9 7.89 22.53

WG10120 95 25 70 43000 05.0 39.7 5.37 22.21

WG10121 95 25 70 43000 03.3 63.1 9.34 29.18

WG10122 95 25 70 43000 03.9 53.3 7.62 27.41

WG10123 95 25 70 45000 10.0 44.2 7.69 27.41

WG10124 95 25 70 45000 06.9 59.6 10.22 23.22

WG10125 95 25 70 52000 13.7 54.7 8.85 28.59

WG10126 95 25 70 47000 09.1 71.4 10.93 35.47

WG10127 95 25 70 47000 10.7 89.2 10.56 33.18

WG10128 95 25 70 47000 11.8 96.5 11.46 31.51

WG10129 95 25 70 47000 10.8 101.0 14.18 34.19

WG10201 95 45 50 50000 03.4 30.1 7.81 23.56

WG10202 95 45 50 58000 02.5 28.3 7.13 21.44

WG10203 95 45 50 53000 04.8 33.5 8.71 22.97

WG10204 95 45 50 54000 02.5 37.1 8.70 27.07

WG10205 95 45 50 54000 03.9 38.7 9.01 25.92

WG10206 95 45 50 54000 06.3 40.1 12.01 26.75

WG10207 95 45 50 59000 04.7 38.4 8.57 33.21

WG10208 95 45 50 61000 08.4 38.2 9.15 26.37

WG10209 95 45 50 53000 05.6 48.4 10.14 31.61

WG10210 95 45 50 53000 06.2 52.9 13.49 28.52

WG10211 95 45 50 51000 06.0 58.7 12.44 29.88

WG10212 95 45 50 50000 07.3 62.8 12.10 36.16

Continued on next page
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Appendix D. Tables: Nucleation

Table D.1 – continued from previous page

Experiment σ3 p f σ′
3 E ys y stem upr ec ucos ∆σs ∆σd

Name MPa MPa MPa MPa µm µm MPa MPa

Name of the stick-slip
event

Confining
pressure

Fluid
pressure

Effective
confining
pressure

Sample +
apparatus
stiffness

Precursory
slip

Coseismic
slip

Static stress
drop

Dynamic
stress drop

WG10501 95 60 35 37000 02.5 28.4 4.50 18.04

WG10502 95 60 35 42000 04.3 32.7 4.65 15.65

WG10503 95 60 35 39000 04.6 35.8 5.65 21.81

WG10504 95 60 35 41000 06.4 37.2 5.04 18.47

WG10505 95 60 35 40000 07.0 37.1 4.52 27.22

WG10506 95 60 35 41000 08.4 38.6 5.50 16.01

WG10507 95 60 35 39000 04.5 41.5 5.91 23.35

WG10508 95 60 35 43000 06.7 39.8 6.34 23.25

WG10509 95 60 35 40000 05.0 41.1 6.56 19.45

WG10510 95 60 35 37000 05.1 45.6 6.69 21.02

WG10511 95 60 35 40000 04.7 44.5 6.70 21.75

WG10601 95 10 85 56500 06.4 99.7 22.46 52.96

WG10602 95 10 85 56500 03.0 106.5 18.98 60.75

WG10603 95 10 85 55500 02.3 110.3 22.19 59.21

WG10604 95 10 85 55500 07.0 119.9 24.14 56.96

WG10605 95 10 85 55500 08.5 126.3 22.83 51.02

WG10701 95 01 94 51500 07.9 153.1 28.45 113.58

WG10702 95 01 94 50500 09.9 164.2 32.44 77.04

WG10703 95 01 94 48500 14.1 191.7 33.50 114.68

WG10704 95 01 94 46000 05.1 200.6 35.97 93.77

WG17101 51 01 50 34500 03.9 149.8 9.17 96.79

WG17102 51 01 50 36000 13.0 131.7 8.76 78.64

WG17103 51 01 50 36000 18.9 149.4 9.20 89.73

WG17201 71 01 70 34000 20.3 165.1 10.60 59.61

WG17202 71 01 70 38500 25.3 163.7 13.05 104.30

WG17203 71 01 70 38500 25.5 177.6 15.60 78.68

WG17204 71 01 70 40000 32.1 188.0 17.74 93.73

WG17205 71 01 70 39500 32.8 221.8 31.38 116.85

WG17301 95 01 94 38500 21.2 256.3 35.47 90.86

WG17302 95 01 94 41000 36.8 307.1 36.96 115.99

WG17303 95 01 94 41000 29.7 315.2 33.28 164.32

WG17304 95 01 94 42000 42.1 340.4 33.96 119.86

WG17305 95 01 94 42500 48.0 317.0 36.01 119.86
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Study Event σ3 Diameter upr ec ucos ∆σs

Reference Name MPa m µm µm MPa

Where data was retrieved Event name
Confining
pressure

Sample
diameter

Precursory slip Coseismic slip
Static

stress-drop

McLaskey & Lockner 2018 DSC1 80 0.0726 650 628 30.94

McLaskey & Lockner 2018 DSC2 80 0.0726 46 556 31.91

McLaskey & Lockner 2018 DSC3 80 0.0726 72 745 43.74

McLaskey & Lockner 2018 DSC4 80 0.0726 57 502 28.23

McLaskey & Lockner 2018 DSC5 80 0.0726 63 616 36.93

McLaskey & Lockner 2018 DSC6 80 0.0726 51 566 33.98

McLaskey & Lockner 2018 DSC7 80 0.0726 57 672 40.34

McLaskey & Lockner 2018 DSC8 80 0.0726 23 562 33.24

Summers & Byerlee 1977 Fig85-Evt1 398 0.0254 671.4 116 9.29

Summers & Byerlee 1977 Fig85-Evt2 398 0.0254 31.4 201.2 14.28

Summers & Byerlee 1977 Fig85-Evt3 398 0.0254 69 283 22.14

Summers & Byerlee 1977 Fig85-Evt4 398 0.0254 31 300 27.85

Summers & Byerlee 1977 Fig85-Evt5 398 0.0254 40 273 24.28

Summers & Byerlee 1977 Fig85-Evt6 398 0.0254 108 276 27.84

Summers & Byerlee 1977 Fig85-Evt7 398 0.0254 93 329 28.56

Summers & Byerlee 1977 Fig85-Evt8 398 0.0254 112 272 30.71

Summers & Byerlee 1977 Fig85-Evt9 398 0.0254 135 345 30.7

Summers & Byerlee 1977 Fig85-Evt10 398 0.0254 85 260 25.71

Summers & Byerlee 1977 Fig85-Evt11 398 0.0254 114 255 24.99

Summers & Byerlee 1977 Fig85-Evt12 398 0.0254 130 220 23.56

Summers & Byerlee 1977 Fig85-Evt13 398 0.0254 58 306 22.14

Summers & Byerlee 1977 Fig85-Evt1 320 0.0254 421.9 569.6 64.93

Summers & Byerlee 1977 Fig85-Evt2 320 0.0254 132.5 887 80.53

Summers & Byerlee 1977 Fig85-Evt3 320 0.0254 110 682 77.07

Summers & Byerlee 1977 Fig85-Evt4 320 0.0254 88 786 91.37

Summers & Byerlee 1977 Fig85-Evt5 320 0.0254 78 727 79.96

Summers & Byerlee 1977 Fig85-Evt6 320 0.0254 126 656 73.57

Summers & Byerlee 1977 Fig85-Evt7 320 0.0254 82 665 71.36

Summers & Byerlee 1977 Fig85-Evt1 240 0.0254 248.9 890.1 95.7

Summers & Byerlee 1977 Fig85-Evt2 240 0.0254 76 1056 118.55

Summers & Byerlee 1977 Fig85-Evt3 240 0.0254 199 1314 150.7

Summers & Byerlee 1977 Fig85-Evt4 240 0.0254 165 1170 134.2

Summers & Byerlee 1977 Fig85-Evt1 78 0.0254 403.2 837.8 98.52

Summers & Byerlee 1977 Fig85-Evt2 78 0.0254 164 1039 122.79

Summers & Byerlee 1977 Fig85-Evt3 78 0.0254 178 1162 136.4

Summers & Byerlee 1977 Fig85-Evt4 78 0.0254 52 1051 117.84

Summers & Byerlee 1977 Fig85-Evt5 78 0.0254 114 980 111.41

Summers & Byerlee 1977 Fig86-Evt1 547 0.0254 255.7 928.3 104.44

Summers & Byerlee 1977 Fig86-Evt2 547 0.0254 279 1229 145.73

Summers & Byerlee 1977 Fig86-Evt3 547 0.0254 291 1414 161.23

Summers & Byerlee 1977 Fig86-Evt4 547 0.0254 187 1246 138.03

Summers & Byerlee 1977 Fig86-Evt1 630 0.0254 230 1214 117.02

Summers & Byerlee 1977 Fig86-Evt2 630 0.0254 374 1875 204.62

Summers & Byerlee 1977 Fig86-Evt3 630 0.0254 327 1555 177.32

Summers & Byerlee 1977 Fig86-Evt1 547 0.0254 291 1414 161.23

Summers & Byerlee 1977 Fig86-Evt2 547 0.0254 187 1246 138.03

Continued on next page
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Appendix D. Tables: Nucleation

Table D.2 – continued from previous page

Study Event σ3 Diameter upr ec ucos ∆σs

Reference Name MPa m µm µm MPa

Where data was retrieved Event name
Confining
pressure

Sample
diameter

Precursory slip Coseismic slip
Static

stress-drop

Summers & Byerlee 1977 Fig86-Evt1 630 0.0254 230 1214 117.02

Summers & Byerlee 1977 Fig86-Evt2 630 0.0254 374 1875 204.62

Summers & Byerlee 1977 Fig86-Evt3 630 0.0254 327 1555 177.32

Table D.2 – Experimental data from external laboratory earthquakes – Earthquake Nucleation.
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Earthquake
Detection

method
Reference

Co-seismic

magnitude

Estimated

precursory

magnitude

Co-seismic

moment

Estimated

precursory

moment

Year, Location
For precursory

moment
estimation

Reference

study
Mw Mw N .m N .m

200 GPS Borghi et al., 6.30 5.90 3.59E+18 9.02E+17

L’Aquila, IT 2016

2011 Repeaters Kato et al., 9.00 7.42 3.16E+22 1.70E+20

Tohoku-Oki, JP + GPS 2012

2014 GPS Socquet et al., 8.10 7.12 1.80E+21 6.17E+19

Iquique,CL 2017

2014 GPS Radiguet et al., 7.30 7.05 1.14E+20 4.80E+19

Papanoa,MX 2016

2015 Repeaters Huang and Meng., 8.40 6.83 5.07E+21 2.25E+19

Illapel, CL 2018

2017 Repeaters Ruiz et al., 6.90 6.55 2.85E+19 8.51E+18

Valparaiso,CL + GPS 2017

2012 GPS Graham et al., 7.40 6.90 1.60E+20 2.85E+19

Oaxaca,MX 2014

2001 GPS Ruegg et al., 7.60 7.80 3.20E+20 6.38E+20

Arequipa,PE 2010

2012 GPS Voss et al., 7.60 6.50 3.20E+20 7.16E+18

Nicoya,CR 2018

2016 Foreshocks Kato et al., 7.00 6.32 4.03E+19 3.87E+18

Kumamoto,JP + GNSS 2016

2016 Wave Tape et al., 3.80 3.80 6.38E+14 6.43E+14

Alaska,USA modelling 2018

2008 Foreshocks Doi and Kawakata, 6.90 2.19 2.85E+19 2.46E+12

Iwate-Miyagi,JP 2012

1999 Foreshocks Bouchon et al., 7.60 2.87 3.20E+20 2.59E+13

Izmit,TK 2011

Table D.3 – Data from natural earthquakes – Earthquake Nucleation.
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E Tables: Influence of fluids on earth-
quake propagation
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Appendix E. Tables: Propagation

Experiment Event σ3 p f σ′
3 τ0 τp τb τ f σ′

N 0
σ′

N f sl i p

name n◦ MPa MPa MPa MPa MPa MPa MPa MPa MPa µm
Confining

pres-
sure

Fluid
pres-
sure

Effective
confin-
ment

Static
shear
stress

Peak
shear
stress

Breakdown
shear
stress

Residual
shear
stress

Static
normal
stress

Residual
normal
stress

Event
fault
slip

WG0_0 1 70 0 70 87,60 89,07 30,68 59,14 120,68 104,93 176,88

WG0_0 2 70 0 70 100,31 101,75 25,65 64,25 127,91 108,14 231,12

WG0_0 3 70 0 70 107,13 109,22 26,96 66,47 131,83 109,25 260,00

WG0_0 4 70 0 70 113,68 116,23 25,08 68,21 135,63 110,61 285,87

WG0_0 5 70 0 70 113,20 114,73 31,32 67,79 135,36 110,22 279,98

WG0_0 6 70 0 70 111,10 115,13 24,07 65,72 134,16 109,17 258,81

WG0_0 7 70 0 70 106,05 109,16 24,41 64,97 131,25 108,78 265,41

WG0_0 8 70 0 70 102,37 104,60 28,32 64,47 129,13 108,56 237,97

WG0_0 9 70 0 70 99,17 105,98 26,81 63,65 127,28 107,94 237,73

WG0_0 10 70 0 70 97,01 104,18 30,24 63,03 126,05 107,49 225,08

WG1_1 1 71 1 70 65,04 71,94 12,33 54,44 106,92 101,10 164,33

WG1_1 2 71 1 70 71,21 120,55 16,25 58,16 110,48 103,33 181,82

WG1_1 3 71 1 70 77,72 92,68 14,00 62,13 114,23 105,65 201,14

WG1_1 4 71 1 70 83,99 112,99 19,26 66,25 117,83 108,03 210,55

WG1_1 5 71 1 70 91,27 118,38 1,53 59,88 122,04 104,53 254,38

WG25_1 1 95 25 70 52,14 54,40 40,01 48,61 100,19 98,23 29,48

WG25_1 2 95 25 70 53,36 59,41 42,62 49,13 100,91 98,55 31,84

WG25_1 3 95 25 70 54,41 58,18 43,47 50,64 101,53 99,45 31,35

WG25_1 4 95 25 70 57,94 61,66 44,62 52,51 103,54 100,51 40,30

WG25_1 5 95 25 70 58,68 61,01 42,50 51,97 103,98 100,20 39,41

WG25_1 6 95 25 70 59,94 62,31 42,73 55,26 104,70 102,13 46,14

WG25_1 7 95 25 70 62,66 67,20 46,68 55,95 106,29 102,54 45,07

WG25_1 8 95 25 70 62,17 63,85 45,84 56,38 106,03 102,77 33,16

WG25_1 9 95 25 70 61,73 65,30 44,68 58,07 105,77 103,75 33,32

WG25_1 10 95 25 70 64,96 70,11 45,44 57,42 107,60 103,41 49,25

WG25_1 11 95 25 70 66,70 72,00 49,08 58,03 108,60 103,77 64,09

WG25_1 12 95 25 70 67,35 71,64 44,23 61,90 109,00 105,96 56,90

WG25_1 13 95 25 70 70,88 76,12 42,08 57,35 111,01 103,45 77,86

WG25_1 14 95 25 70 71,74 81,85 43,58 61,87 111,50 106,10 92,78

WG25_1 15 95 25 70 80,00 86,95 45,45 64,86 116,27 107,88 99,07

WG25_1 16 95 25 70 82,77 84,95 46,14 64,17 117,86 107,50 104,04

Table E.1 – Experimental data – Earthquake Propagation.
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Parameter name Symbol Unit Value Remarks Reference

Rock thermal diffusiv-

ity

κ m2.s−1 1,00e-06 Westerly Granite
thermal diffusivity

Violay et al., 2014a

Rock density ρ kg .m−1 2650 Westerly Granite
density

Violay et al., 2014a

Rock specific heat cp J .kg−1.K −1 830 Westerly Granite
specific heat

Violay et al., 2014a

Asperity radius r µm 20 Determined from
microstructural
observations

Asperity height h µm 20 Other asperity
sizes given in
Extended Data

Volume of water in-

volved in cooling

Vw µL Vw = hπ
(
(2r )2 − r 2

)
Violay et al., 2014a

Indentation hardness Pm MPa 6000 Estimated West-
erly Granite
indentation
hardness

Passelègue et al., 2014

Peak static shear

stress

τ0 MPa 70 Value taken from
the low pore pres-
sure experiment at
70 MPa effective
confining pressure

-

Realcont act ar ea
Nomi nalcont act ar ea α - 60 α= Ar

A = Pm
σN 0

Persson and Spencer, 1999

Table E.2 – Flash temperature computation parameters – Earthquake Propagation.
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Appendix E. Tables: Propagation

Parameter name Symbol Unit Value Remarks Reference

Rock thermal diffusiv-

ity

κ m2.s−1 1,00e-06 Westerly Granite
thermal diffusivity

Violay et al., 2014a

Rock density ρ kg .m−1 2650 Westerly Granite
density

Violay et al., 2014a

Rock specific heat cp J .kg−1.K −1 830 Westerly Granite
specific heat

Violay et al., 2014a

Fault permeability k m2 1e-17 Fault permeability

Fault Porosity ϕ - 0,3 Fault’s porosity Chen et al., 2017b

Slip Velocity v m.s−1 1 Seismic slip veloc-
ity

Rice, 2006

Initial friction µ - 0,7 Static friction coef-
ficient

Kanamori and Brodsky, 2004

Experimental Shear

stress

τ MPa 70 Value representa-
tive of our pore
fluid experiments

Solid expansivity λn
◦C−1 -0.19e-3 Solid Thermal ex-

pansivity
Rice, 2006

Solid compressibility βn Pa−1 6,50e-10 Solid Thermal
compressibility

Rice, 2006

Fluid expansivity λ f
◦C−1 Interpolated from

NIST
NIST

Fluid compressibility β f Pa−1 Interpolated from
NIST

NIST

Fluid dynamic viscos-

ity

η Pa.s−1 Interpolated from
NIST

NIST

Fluid density ρw kg .m−3 Interpolated from
NIST

NIST

Fluid specific heat cpw J .kg−1.K −1 Interpolated from
NIST

NIST

Table E.3 – Bulk fault temperature computation parameters – Earthquake Propagation.
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Terremotos en el Laboratorio: ¿Qué podemos aprender de la fı́sica de grandes
sismos? - Oral Presentation EC-01.2019

• Workshop on ’Forecasting unstable frictional slip and failure of geomaterials’
- Can precursory moment release scale with earthquake magnitude? A view
from the laboratory - Poster Presentation FR-09.2019

• World Geothermal Congress 2020 - From Brittle to Ductile Deformation in the
Continental Crust: Mechanics of Crystalline Reservoirs and Implications for
Hydrothermal Circulation - Oral Presentation IS-04.2020

OUTREACH
ACTIVITIES

• ENAC Research day, 2016 - Hydro mechanical couplings in enhanced geother-
mal reservoirs - Oral Presentation CH-05.2016

• Doctoral school of mechanics, spring 2017 - Effect of pore fluid on dynamic
earthquake rupture: Implications for Enhanced Geothermal Systems - Invited
speaker CH-03.2017
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